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Abstract. A one-dimensional radiative-convective model is employed to investigate
the thermal effects in the lower stratosphere due to changes in the concentrations of
radiatively active species. In particular, we consider the comparative influences due to
species that exert surface-troposphere radiative forcings of opposite signs. Two
examples of such competing surface-troposphere forcings are (1) increases in the well-
mixed greenhouse gases versus increases in tropospheric aerosols and (2) stratospheric

ozone loss versus increase in tropospheric ozone. The radiative equilibrium of the
lower stratosphere is perturbed both by the local changes in the concentrations of
radiatively active species and by the changes in species’ concentrations occurring in
the troposphere and the middle/upper stratosphere. Perturbations in the concentrations
of each of the species, as considered above, leads to a temperature decrease in the
lower stratosphere. Relative to the well-mixed greenhouse gases only case,
simultaneous increases in these gases and tropospheric aerosols cause a reduction of
the net surface-troposphere radiative forcing, thereby diminishing the surface warming.
However, since tropospheric aerosols contribute to a cooling of the lower stratosphere,
the temperature decrease there is enhanced above that due to trace gases alone, with
the aerosol-induced effects scaling approximately linearly with their optical depth. A
complete offset of the greenhouse gas surface-troposphere forcing by tropospheric
aerosols, while resulting in a null change in the surface temperature, would double the
cooling of the lower stratosphere. Increases in tropospheric ozone would enhance the
lower stratospheric cooling over and above that caused by the stratospheric ozone
depletion. This is in contrast to the cooling and warming effects exerted upon the
surface-troposphere system by the stratospheric and the tropospheric ozone changes,
respectively. Tropospheric ozone increases of 20% or more can yield a lower
stratospheric cooling that is a significant fraction of the effects due to the observed
stratospheric ozone loss. Both the surface effects and the enhancement of the lower
stratospheric cooling scale approximately linearly with tropospheric ozone increases.

1. Introduction

It has been realized recently that over the past century or
more, the climate of the surface-atmosphere system has
been forced not only by the radiative effects of the well-
documented increases in the concentrations of the uniformly
mixed anthropogenic greenhouse gases or GHGs (CO,,
CH,, N,0, and chlorofluorocarbons (CFCs)) but also pos-
sibly by the effects due to an increase in the anthropogenic
component of tropospheric aerosols [Charlson et al., 1991,
1992; Penner et al., 1992]. Since the surface-troposphere
forcing by tropospheric aerosols is opposite to that for the
greenhouse gases [Intergovernmental Panel on Climate
Change (IPCC), 1992], this gives rise to the notion of
competing forcings’ having been in operation over the past
century. The IPCC scientific assessment also presents a
second potential scenario of competing radiative forcings
that may have existed over the past decade or so, namely,
the decrease in lower stratospheric ozone, which causes a
negative radiative forcing of the surface-troposphere system,
versus the increase in tropospheric ozone, which yields a
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positive forcing (see also World Meteorological Organiza-
tion (WMO) [1992]). Both of these examples from the recent
state-of-the-art scientific assessments conjure up a more
intricate portrait of the net radiative forcing of the global
climate system than that obtained when only the well-mixed
greenhouse gases are considered.

An estimate of the global surface temperature change
resulting from trace gas and aerosol radiative forcings can be
obtained using a one-dimensional radiative-convective
model (1-D RCM). From the definition of the surface-
troposphere radiative forcing and the known characteristics
of RCMs [WMO, 1986] the net effect due to two forcings of
opposite signs can be expected to change the surface tem-
perature less than either one acting alone. For example,
tropospheric sulfate aerosol increases would mitigate the
surface warming resulting from greenhouse gas increases.
However, while such a qualitative understanding of the
influences on the surface temperature due to simultaneous
increases in trace gas and aerosol increases is readily ob-
tained, an intriguing and unanswered aspect is the accompa-
nying effects in the stratosphere, particularly the lower
stratosphere.

In the problem involving atmospheric ozone changes, a
negative radiative forcing of the surface-troposphere system
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due to the observed stratospheric losses [Ramaswamy et al.,
1992] can be offset by simultaneous increases in tropospheric
ozone [Lacis et al., 1990; Schwarzkopf and Ramaswamy,
1993; Wang et al., 1993]. Again, while this may result in a
small net impact within the surface-troposphere system, a
question of interest is the consequence in the lower strato-
sphere due to the presence of these competing forcings.

We address the issue posed above using a modified
version of the globally and annually averaged 1-D RCM
described by Ramaswamy and Kiehl [1985] (hereinafter
referred to as RK). Two separate studies are conducted to
investigate the mechanisms governing the radiative fluxes
and the thermal response of the lower stratosphere due to
surface-troposphere radiative forcings of opposite signs.
First, we study the relative effects of the increases in
well-mixed greenhouse gases and tropospheric aerosols, as
well as the effects due to simultaneous increases in both of
these species. Second, we examine the effects due to strato-
spheric ozone decreases and the additional influences due to
different amounts of tropospheric ozone increases. The
investigation consists of analyzing the changes in the radia-
tive fluxes and heating rates and the changes in the atmo-
spheric thermal profile.

2. Model Description

The 1-D RCM has 28 layers (surface to 50 km), and its
basic physics is similar to that given by RK. The longwave
transfer scheme is identical to that of RK, but the solar
fluxes and heating rates are computed differently; the new
method is described in the Appendix. The solar spectrum is
divided into 56 distinct spectral bands while the longwave
spectrum comprises 18 bands. Solar spectral insolation at
the top of the atmosphere follows Labs and Neckel [1970].
The cosine of the mean zenith angle and the fraction of day
are each assumed to be 0.5.

The model accounts for the radiative effects due to CO,,
03, H,0, CHy4, N,O, chlorofluorocarbons F-11 and F-12,
Rayleigh scatterers, aerosols, and clouds. The computation
of the radiative properties of the gaseous species in each
layer remains the same as in the work of RK. For the GHG
increases we consider the changes in the concentrations of
CO,, CH,4, N,0, F-11, and F- from 1850 to the end of the
1980s. For 1850 the concentrations adopted are as listed by
WMO [1986]. We use the 1988 concentrations as represen-
tative of the end of the past decade. The 1988 values are
obtained using the growth formulations given by Ra-
manathan et al. [1985] for CO, and by WMO [1986] for the
rest of the GHGs. The vertical profile of O; follows that of
Ramanathan and Dickinson [1979]. This profile is perturbed
in the experiments involving changes in atmospheric ozone.
The water vapor profile below ~14 km is obtained using the
prescription of Manabe and Wetherald [1967], assuming a
fixed surface relative humidity of 77%. Above this altitude,
the water vapor mixing ratio is fixed at 3 parts per million by
mass (ppmm).

The present model employs a random overlap of three
clouds situated between 1.6 and 3, 4.2 and 5.6, and 9.2 and
10.4 km, respectively. The cloud amounts assumed are 0.33
for high, 0.08 for middle, and 0.23 for low clouds; these
values are typical of those employed in 1-D RCMs [Manabe
and Wetherald, 1967; Ramanathan, 1981]. Emissivities of
the low and middle clouds are assumed to be unity while that
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for the high cloud is 0.5. The single-scattering albedo and the
asymmetry factor for all three clouds in the solar spectrum
assume the same values as for the cloud in RK. The
extinction optical depth in the visible spectrum is assigned
values of 4, 10, and 13.6 for the high, middle, and low clouds,
respectively. The values of the cloud parameters chosen for
this study are arbitrary but yield a reasonable simulation of
the unperturbed temperature profile.

The optical properties of aerosols in the visible follow the
Coakley et al. [1983] parameterization for the 70% tropo-
spheric aerosol model of Shettle and Fenn [1979]. The
near-infrared single-scattering properties and the terrestrial
infrared absorption properties are adapted directly from
Shettle and Fenn [1979]. The distribution of aerosol concen-
trations in the vertical follows the ‘‘clear atmosphere’
model of McClatchey et al. [1972]. Changes in tropospheric
aerosol optical depth are simulated by varying the concen-
trations at all altitudes below ~14 km by the same factor.

The radiative-convective model parameterizes convection
with a Fickian diffusion scheme as discussed by RK and uses
the same parametric values. The model has a ‘‘swamp’’
surface with zero heat capacity. The surface temperature is
solved using an explicit energy balance equation. Radiative-
convective equilibrium is assumed to be established when
the total (net radiative plus convective) flux across each level
is less than 0.005 W m 2. The model is used in both radiative
and radiative-convective modes. In the radiative mode the
1-D model is used to determine the instantaneous changes in
the longwave and solar fluxes and heating rates caused by a
perturbation of specific atmospheric constituents, keeping
all other parameters fixed. In the radiative-convective mode
the effects due to changes in the constituents on the equilib-
rium temperature profile are investigated by allowing the
model to reach a new radiative-convective equilibrium. In
this study we choose the 16-km level as the tropopause; this
is within 1 km of the minimum occurring in the temperature
profile.

3. General Radiative Considerations

For the purposes of this study we focus on the 16- to
23-km region in the model and refer to it as the lower
stratospheric region. The globally and annually averaged
stratosphere tends to be in radiative equilibrium, with the
solar heating being balanced by the longwave cooling. The
lower stratospheric radiative heating and cooling rates gen-
erally tend to be small in magnitude [Manabe and Moller,
1961; Kiehl and Solomon, 1986], but the radiative damping
rates tend to be large [Fels, 1982]. Both the cool-to-space
mechanism and the exchange with the underlying and the
overlying portions of the atmosphere contribute to the net
radiative heating in this region [Rodgers and Walshaw,
1966].

Perturbations to the solar and the longwave fluxes in the
lower stratosphere can be brought about by changes in the
local concentrations of radiatively active species. For exam-
ple, local perturbations to the fluxes occur in the case of
greenhouse gas increases and ozone decreases in the lower
stratosphere [WMO, 1986, 1992] which, in turn, alter the
absorption and emission properties of that region. Perturba-
tions to the flux at the boundaries of the lower stratosphere
can also affect the radiative balance of the region. The
upwelling longwave flux at the base of the lower stratosphere
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Figure 1. (a) Vertical profile of the equilibrium temperature obtained using the one-dimensional RCM

and the well-mixed greenhouse gas (CO,, CH,4, N,O, F-11 and F-12) concentrations corresponding to the
year 1850 and (b) change in the radiative cooling rates due to increases in the gases between 1850 and 1988
(see section 4.1). The change due to an increase in CO, only is also shown.

is influenced both by variations in tropospheric temperature
and by the concentrations of radiatively active species in the
troposphere such as CO,, H,0, and O;. For example, an
increase in the concentration of an infrared active gas in the
troposphere, keeping all other parameters fixed, would tend
to reduce the upwelling longwave flux at the tropopause
[WMO, 1986]. On the other hand, a warmer troposphere,
keeping all other parameters fixed, would result in an in-
crease of the upwelling flux by virtue of increased tropo-
spheric emission.

The downwelling longwave flux at 23 km, arising because
of emission from the upper and middle stratosphere, is
influenced by changes in the concentrations and the temper-
atures in that region. This downward longwave stream also
affects the flux convergence within the lower stratosphere.
However, the influence of the upper stratosphere (say,
above 35 km) on the atmospheric regions below becomes
less with increasing altitude, owing to the accompanying
increase in infrared opacity between the two regions [Ra-
manathan et al., 1985].

Any change in the flux convergence within the lower
stratosphere due to any or all of the reasons stated above
leads to a perturbation in the temperature there. This tends
to further alter the emission from the lower stratosphere and
affects the fluxes emerging from the 16- to 23-km layer.
Ultimately, a new radiative equilibrium is established in the
lower stratosphere, which involves changes in the local
temperature [Fels et al., 1980].

In the following text we examine the changes induced in
the 16- to 23-km region with respect to an initial radiative-
convective equilibrium (RCE) state. Both the changes cor-
responding to the instantaneous perturbation (i.e., due to a
change solely in species concentration) and the final RCE
state are discussed. Besides the changes in the thermal
profile, we also analyze the changes in the lower strato-
spheric radiative energy balance by considering specifically
the net solar, the upward longwave, and the downward

longwave fluxes at 16 and 23 km and the convergence or
divergence in these fluxes across the 16- to 23-km region. As -
a point of reference, Figure la illustrates the RCE thermal
profile from zero to 24 km, obtained using the 1850 trace gas
concentrations with no aerosols. In this state the solar
convergence across the 16- to 23-km layer is 1.77 W m 2,
which is balanced by a longwave divergence of an equal but
opposite amount. The net longwave effect comprises a
divergence in the downward longwave flux of —4.17 W m ~2
andza convergence in the upward longwave flux of 2.4 W
m

4. Well-Mixed Greenhouse Gases
and Tropospheric Aerosols

4.1. Initial Radiative Perturbations

Corresponding to the RCE thermal profile in Figure la,
Figure 1b shows the instantaneous change in the heating rate
due to the increases in the concentrations of the well-mixed
greenhouse gases between 1850 and 1988, with temperature,
water vapor, and ozone held fixed. Only the troposphere and
the lower stratospheric regions are emphasized. The result
due to considering only the CO, increase is also shown in
Figure 1b, and its leading role in the perturbation is appar-
ent. The radiative heating perturbation consists of the tro-
pospheric warming tendency caused by the increases in the
infrared absorbers [WMO, 1986]. It decreases with height
until about ~6 km, then increases until ~10 km. Above 10
km there is a decrease, with an increasing cooling tendency
with altitude above ~13 km. The location of the upper
tropospheric altitude where the transition occurs from a
warming to a cooling perturbation is very sensitive to the
assumed temperature and moisture distributions. The heat-
ing due to the inclusion of the non-CO, gases results in an
increased warming over that due to CO, in the troposphere,
along with a slightly increased cooling in the lower strato-
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Figure 2. Change in the net solar (open arrow) and upward and downward longwave (solid arrows)
fluxes (watts per square meter) at 16 and 23 km and the respective flux convergences (boxed values) within
the 16- to 23-km layer corresponding to (a) trace gas increases only (1850-1988), (b) tropospheric aerosol
optical depth increase from zero to 0.066, and (c) combined trace gas and aerosol effects (see section 4).
All the changes are with respect to the values at the initial radiative-convective equilibrium state
corresponding to 1850 concentrations of CO,, CH4, N,0O, F-11 and F-12, and with no aerosols. For
reference the values at the initial equilibrium for the flux convergences within the 16- to 23-km layer are
1.77 (solar), —4.17 (downward longwave), and 2.4 (upward longwave) W m 2. (Left) The initial
perturbations due to changes in the concentrations only and (right) the changes corresponding to the final
radiative-convective equilibrium state (see section 4) are represented.

sphere. The surface-troposphere forcing (i.e., the net radia-
tive flux change at the model tropopause) for the GHG
increases is 1.97 W m 2, approximately similar to the value
of 2.04 W m 2 obtained by Hansen and Lacis [1990].

The initial perturbations to the cloudy sky fluxes at 23 and
16 km and to the net flux convergences within the region
bounded by these levels are illustrated in Figure 2a (left).
The increase in the tropospheric absorber concentrations,
particularly CO,, and the resulting changes in the CO,-H,O
overlap effects [WMO, 1986] cause a decrease in the up-
welling longwave flux. On the other hand, the increase of
CO, in the upper stratosphere leads to an enhancement of
the downwelling flux at 23 km. The increase of absorber
amount in the 16- to 23-km region enhances the emission
from this layer. The net effect in the 16- to 23-km layer is an
increase in the divergence (i.e., loss of energy) of the

downward longwave and a reduction in the convergence
(also an energy loss) of the upward longwave beams. Con-
sidering also the increase in the net solar convergence due to
CO,, the initial net radiative perturbation in the lower
stratosphere is a flux divergence and yields a cooling ten-
dency, as manifested in Figure 1b.

Considering tropospheric aerosols next, we employ the
model described in section 2 to simulate the forcing due to
increases in tropospheric aerosol optical depth. In order to
highlight the nature of the forcing and its effects, we consider
a specific but deliberate perturbation in the tropospheric
aerosol optical depth. The aerosol optical depth value cho-
sen is 0.066; this yields a surface-troposphere forcing that is
similar in magnitude but opposite in sign to the trace gas
effect (—1.95 W m~2). The initial flux changes that arise in
the 16- to 23-km region, again holding temperatures and
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moisture fixed, are shown in Figure 2b (left). There is no
change in the 16- to 23-km layer flux convergence/divergence
due to the net solar flux, the downward longwave flux, or the
upward longwave flux; this is because of the absence of a
change in any radiatively active constituent in this region.
There is a reduction in the upward longwave flux, the
magnitude of which is uniform throughout the lower strato-
sphere. This reduction is due to the tropospheric aerosol
infrared opacity’s behaving much like that for a ‘“‘green-
house’’ gas. There is also a reduction in the net downward
solar flux, which is uniform throughout the stratosphere.
This is due to the enhanced reflection by the aerosols which
reduces the solar flux absorbed by the surface-atmosphere
system. Thus the aerosol-induced change in tropospheric
opacity has a negligible initial effect on the lower strato-
spheric flux convergence. The same characteristics hold for
the middle and upper stratosphere, too, so that there is
virtually no initial aerosol-induced solar or longwave pertur-
bation throughout the stratosphere.

Applying GHG and tropospheric aerosol increases simul-
taneously results in an initial perturbation of the lower
stratosphere that is an approximate sum of the two individ-
ual effects, as can be seen by comparing Figure 2c with
Figures 2a and 2b. This is true for the fluxes at the 16- and
the 23-km levels as well as for the changes in the conver-
gence/divergence of fluxes within this layer.

4.2. RCM Equilibrium Results

The changes between the final and the initial equilibrium
temperature profiles are illustrated in Figure 3a for all the
three cases considered above. It is noted that in this figure,
it is the surface-air rather than the surface value that is
distinguishable. The GHGs’ increase exhibits the well-
known temperature increase in the troposphere and a tem-
perature decrease in the stratosphere [WMO, 1986]. The
surface-air temperature increase is approximately 1 K. The
temperature decrease above 30 km is almost entirely due to
the increase in CO, concentrations. The discontinuous na-
ture of the curve is in part due to the model vertical
resolution and the convective parameterization employed.
The changes in the lower stratosphere fluxes at the new RCE
state, relative to the corresponding quantities at the initial
equilibrium, are shown in Figures 2a, 2b, and 2c (right) for all
three cases discussed in the previous section.

By comparing the flux changes at the final RCE state and
that during the initial perturbation (i.e., left and right panels
of Figure 2a), we examine the adjustment in the fluxes due to
changes-in the atmospheric thermal profile. In the case of the
GHGs the tendencies shown in Figures 1b and 2a cause a
decrease of the temperature in the middle and upper strato-
sphere which leads to less of an increase (compared to the
initial perturbation) in the downward longwave flux at 23 km.
Simultaneously, the lower stratosphere cools, reducing its
emission. The net result of these two effects is a further
increase (compared to the initial tendency) in the divergence
of the downward longwave beam. The tropospheric warming
tendency indicated by Figure 1b leads to an increase in the
tropospheric temperatures (Figure 3a); this results now in an
enhancement of the upward longwave flux at 16 km. Com-
bined with the cooling of the lower stratosphere, the result at
equilibrium is an increase in the convergence of the upward
longwave beam. In the new RCE state the changes in the flux
convergence for the two longwave components together
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Figure 3. (a) Vertical profile of the change in temperature

(AT) due to trace gas increases only, aerosol increases only
corresponding to an optical depth of 0.066, and a simulta-
neous increase in both gases and aerosols and (b) change in
temperature 6{AT} between the gas plus aerosol case and the
gas only case in the altitude range 10-25 km (see section 4.2).

again balance the increase in the solar flux convergence. It is
of interest to note that in both the initial and the final RCE
states, the magnitude of each longwave convergence com-
ponent exceeds the net solar value.

Consider next the case of aerosol increase only (left and
right panels of Figure 2b). In this case the troposphere cools
(see Figure 3a) in response to the increase in its albedo.
Because of the near equivalence of the magnitudes of the
initial radiative forcing, the surface and tropospheric tem-
perature changes due to the GHGs and the aerosol increases
are nearly similar in magnitude but have opposite signs. The
tropospheric cooling is accompanied by a reduction of the
upward longwave flux at 16 km. Compared with the value for
the instantaneous perturbation, there is a substantial change
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Figure 4. Change in temperature at surface, 18 km, and 23
km due to a simultaneous change in trace gas concentrations
(corresponding to the 1850-1988 increases) and tropospheric
aerosols, as a function of aerosol optical depth (see section
4.2).

in the upward longwave flux. The magnitude of the change in
the upward flux, in going from the initial perturbation to the
final RCE state, is approximately similar (~2 W m ~2) to the
trace gas case but in the opposite sense. The stratosphere
also cools (Figure 3a), reducing its emission. The simulta-
neous cooling of the lower stratosphere and the troposphere
is such that there is a reduction in the flux convergence of the
upward longwave beam within the 16- to 23-km region at the
new equilibrium; this is in contrast to the gas-only case
where there is an increase (Figure 2a). The slight cooling of
the middle stratosphere is accompanied by slightly less
downward flux at 23 km and a slight decrease in the
divergence of this component within the lower stratosphere;
this, too, is in contrast to the changes for the gas-only case.
Figures 2a and 2b indicate that there is a distinct difference
in the manner in which the longwave radiative components
react in reestablishing radiative equilibrium in the lower
stratosphere for the GHGs and the aerosol changes, respec-
tively.

As with the issue of the initial perturbation, the case with
simultaneous increases in aerosol and GHG concentrations
exhibits flux and temperature changes at equilibrium that are
approximately a sum of the two individual cases discussed
above (Figure 2c (right) and Figure 3a). In the troposphere
the two equal but opposite forcings cancel, resulting in a
near-zero temperature change from the surface up to near
the tropopause. Above ~15 km the pattern resembles the
GHGs-only case although the temperature changes, influ-
enced by the additional presence of the tropospheric aero-
sols, are now greater in magnitude.

Figure 3b highlights the difference in the temperature
response 8{AT} between the GHGs plus aerosol and the
GHGs-only case in the 10- to 25-km region. It demonstrates
the sensitivity of the lower stratospheric thermal profile to
the influence of tropospheric aerosols. The tropospheric
aerosol cools the stratosphere by approximately 0.08-0.26 K
more than the GHG increases alone. Thus an important
inference is that although the tropospheric aerosol forcing
may completely offset the GHG effects at the surface and in
the troposphere, it enhances the trace gas cooling in .the
lower stratosphere. At 18 km the change due to the trace
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gases only is —0.18 K; with aerosols included, the additional
change is —0.18 K, a 100% increase in the cooling. At 23 km,
GHGs alone yield a larger change (—0.86 K); the additional
cooling due to the aerosols is ~20%. The radiative influence
of troposphere at 23 km is less than that at 18 km owing to
the increasing infrared opacity and therefore the decreasing
importance of the longwave exchange processes with the
underlying atmosphere as altitude increases. Still higher up,
the differences due to tropospheric aerosols become even
less, and the middle and upper stratosphere temperature
decreases for the GHGs plus aerosol case are virtually
identical to that for the GHGs-only case. There is little
additional change in the temperature above 35 km.

The physical mechanism described above for the effects in
the lower stratosphere holds true for other tropospheric
aerosol optical depths as well. In order to discern the
temperature effects at different aerosol optical depths, we
have performed RCE experiments in which the GHGs’
perturbation corresponds to the 1850-1988 changes, while
the tropospheric aerosol optical depth perturbation is in-
creased through a range of values from zero to 0.2. Over this
range the aerosol layer corresponds approximately to the
thin optical depth limit in the visible spectrum. Figure 4
shows the resulting temperature changes obtained at the
surface, at 18 km, and at 23 km as a function of aerosol
optical depth and indicates that the aerosol-induced effects
scale almost linearly with the optical depth perturbations
considered. Table 1 lists the rate of temperature change at
the three altitudes.

In the absence of an aerosol perturbation the surface
temperature change is ~0.85 K (see Figure 3a for the
corresponding surface-air temperature change), in approxi-
mate agreement with expectations from 1-D RCM sensitivi-
ties [WMO, 1986]. As aerosol optical depth increases, there
is a diminution of the GHGs’ warming effect, and there
results a decrease in the net change in the surface tempera-
ture (~1.27 K per 0.1 increase in optical depth). At an optical
depth of approximately 0.066, as discussed above, the aero-
sol counteracts completely the forcing due to the GHG
increases, and the surface temperature change is nearly
zero. For optical depths exceeding ~0.066 the aerosol
forcing dominates, and the net GHGs plus aerosol effect is
one of a surface cooling. It is noted that the precise value of
the optical depth that would offset some specific greenhouse
gas effect would differ for different aerosol models.

At 18 km there is a cooling (—0.18 K) in the absence of
aerosol changes, as already discussed. The lower strato-
spheric cooling increases with aerosol optical depth, and

Table 1. Rate of Change of Temperature at the Surface
and in the Lower Stratosphere When Simultaneous
Increases in Well-Mixed Greenhouse Gas Concentrations
(1850-1988) and Tropospheric Aerosols Are Considered

Rate of Change

Surface —1.27 K per 0.1 increase in tropospheric aerosol
optical depth

18 km —0.29 K per 0.1 increase in tropospheric acrosol

) optical depth

23 km —0.26 K per 0.1 increase in tropospheric aerosol
optical depth

See section 4 and Figure 4.
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there are circumstances when the magnitude of this temper-
ature change can exceed that at the surface. The rate of
temperature change at 18 km is —0.29 K per 0.1 increase in
optical depth over the range of optical depths considered
here. At 23 km, too, the cooling effect increases with optical
depth. The rate of change at 23 km is slightly less than that
at 18 km (—0.26 K per 0.1 increase in optical depth). In
general, as optical depth increases, temperatures decrease at
all altitudes in the atmosphere.

We now comment on the potential effects due to tropo-
spheric aerosols over the past century using the results from
the present aerosol model (Figure 4) and some recent radi-
ative-forcing estimates. The global surface-troposphere ra-
diative forcing due to an increase in the anthropogenic
component of the sulfate aerosol was estimated by Charlson
etal. [1991] as —0.6 W m_z, with an uncertainty of a factor
of 2. In the work of Charlson et al. [1992] the mean value is
inferred to be —1 W m 2. Kiehl and Briegleb [1993], using a
more detailed radiative transfer model, infer a global mean
value of about —0.3 W m 2. Penner et al. [1992] estimate a
forcing of —1 W m 2 for the increase due to aerosols from
biomass burning (again with an uncertainty of a factor of 2),
although this value could be an overestimate [Kiehl and
Briegleb, 1993]. Thus the estimated global surface-
troposphere forcing, at least for the aerosol components
postulated to have increased since 1850, suggests a mean
value ranging from 0.3 to 2 W m™2; the higher limit would
imply a nearly complete offset of the GHGs’ forcing to date.

As examples, we consider forcings of 0.3, 0.6, 1, and 2 W
m 2, which would correspond to optical depths of ~1.0 X
1072,2.0 x 1072, 3.3 x 1072, and 6.6 x 102, respectively,
in the context of the present aerosol model. From Figure 4
the surface temperature reduction brought about by these
optical depths, as a percentage of the total greenhouse gas
effect, would be 15, 29, 49, and 99%, respectively. At 18 km
the additional cooling contribution by the aerosols, relative
to that due to GHGs, would be 18, 36, 60, and 100%,
respectively. And at 23 km the additional cooling induced
would be 3, 6, 10, and 20%, respectively. Thus if the global
forcing by tropospheric aerosols over the past century has
been >0.6 W m 2, the additional lower stratosphere cooling
would be a significant fraction of the GHG effects. If aerosol
optical depths continue to increase, Figure 4 suggests that
the aerosol-induced cooling would become comparable to or
even exceed the GHG effects. Although this discussion is
based on a specific aerosol model and more precise estimates
must await details on the actual changes that have occurred
or are occurring for different types of aerosols, the physical
mechanism discussed would hold true in a general sense.

5. Atmospheric Ozone

In this section we examine the surface-troposphere radia-
tive forcings in the context of ozone changes in the atmo-
sphere. Observations [WMO, 1992] have now established
that there has been a global loss of ozone in the lower
stratosphere during the decade of the 1980s. At the same
time and perhaps extending over the past two decades, some
locations in the northern hemisphere midlatitudes suggest an
increase in tropospheric ozone. The stratospheric and the
tropospheric ozone changes arise because of entirely differ-
ent chemical processes [WMO, 1992].

We investigate the effects due to stratospheric ozone
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change by considering the vertical profile of the mean ozone
loss above ~10 km, as given by Miller et al. [1992, Figure 1].
This profile is based on an average from several ozonesonde
measurements up to about the mid-1980s and shows the peak
percentage loss (7%) to be at ~20 km. The mean percentage
loss decreases with decreasing altitude; between ~15 and 10
km these values become progressively small and may not be
statistically significant. In fact, details of the profile of ozone
changes from the upper troposphere and into the lowest
portions of the lower stratosphere are somewhat uncertain
[WMO, 1992], and this could have a significant bearing on
the forcing [Schwarzkopf and Ramaswamy, 1993]. The col-
umn ozone loss in the model as a result of applying the
depletion profile is 6 Dobson units (DU). We investigate the
additional effects due to increases in tropospheric ozone by
assuming uniform percentage increases in the model ozone
below 10 km. The assumptions about the distribution of
ozone changes in the stratosphere and the troposphere
(including the amount of change), although critical for a
precise quantitative assessment of the climate changes, have
a simple form here, with the aim being to highlight the
physical mechanisms in play. We consider in particular a 10
and a 20% increase in tropospheric ozone. The 10% value is
representative of decadal trends from some ozonesonde
measurements over approximately the past two decades
[WMO, 1992]. The 20% decadal change is typical of the
largest reported (e.g., Hohenpeissenberg, Payerne) mea-
surements but likely represents the trend only over very
polluted regions in the northern hemisphere midlatitudes. In
the current model the 10 and the 20% increases yield column
ozone gains of ~2 and 4 DU, respectively.

5.1,

As in the trace gas—aerosol case, radiative calculations are
performed to investigate the instantaneous change in the
heating rates produced by a decrease of stratospheric ozone
and an increase of tropospheric ozone, with the temperature
and the concentration of the other species held fixed. The
initial equilibrium temperature profile adopted (not shown) is
that obtained from the one-dimensional RCM corresponding
to the 1988 concentrations of CO,, CH4, N,0, and CFCs
and with no aerosols. This result is virtually indistinguish-
able from that shown in Figure la. Figures 5a, 5b, and Sc
show the solar, longwave, and net heating rates, respec-
tively. In each panel the results corresponding to a fixed
stratospheric loss but with a 0%, 10%, and 20% increase of
tropospheric ozone, respectively, are illustrated. The initial
changes in the flux dispositions are displayed for the strato-
spheric loss case only (Figure 6a, left) and for the case with
the 20% tropospheric increase (Figure 6b, left). It is pointed
out that as a consequence of the different initial RCE state
assumed here, the numerical reference values for the 16- to
23-km fluxes differ from those in section 3; the focus will be
on the departures from the reference values.

The instantaneous solar heating rate perturbation (Figure
5a) is dominated by a marked decrease in the lower strato-
sphere, peaking at ~20 km. The loss of ozone in the lower
stratosphere leads to less photon absorption there [Fels et
al., 1980] and more absorption below the 16- to 23-km layer
(Figure 6a). The solar perturbations in the stratosphere or
the troposphere are hardly affected by the tropospheric
ozone increases; the effects are barely distinguishable in the
lower troposphere.

Initial Radiative Perturbations
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Figure 5. Change in the instantaneous (a) solar, (b) longwave, and (c) net radiative heating rates due to
a decrease in stratospheric ozone. The changes for stratospheric loss only (solid curve) and the changes
for 10% (dashed curve) and 20% (dotted curve) increases in tropospheric ozone are also considered (see

section 5.1).

Figure 5b illustrates the changes in the longwave heating
rates. We note first that the radiative transfer in the 9.6-um
ozone band yields a heating in the lower stratosphere, with
cooling above ~27 km [see Schwarzkopf and Fels, 1991,
Figure 26]. The loss of stratospheric ozone yields a cooling

tendency in the lower stratosphere, with a peak at ~19.5 km
and decreasing below. Above this height the cooling de-
creases while from ~21 to 40 km there is a heating pertur-
bation. These effects are due to the perturbation in the
9.6-um radiative transfer arising as a result of the loss of
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Figure 6. Change in the net solar (open arrow) and upward and downward longwave (solid arrows)

fluxes (watts per square meter) at 16 and 23 km and the

respective flux convergences (boxed values) within

the 16- to 23-km layer corresponding to (a) decrease in stratospheric ozone and (b) stratospheric ozone

decrease plus 20% tropospheric ozone increase (see

section 5). (Left) The initial perturbations due to

changes in the concentrations only and (right) the changes corresponding to the final radiative-convective

equilibrium state (see section 5) are represented.
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Figure 7. (a) Change in the vertical temperature profile (AT) due to a decrease in stratospheric ozone and

(b) additional change in stratospheric temperatures
in tropospheric ozone (see section 5.2).

stratospheric ozone [Fels et al., 1980]. The upward long-
wave flux shows an increase at 16 km (Figure 6a); this is due
to the assumed vertical profile of loss which extends down to
10 km. The reduced infrared absorber amount in the 16- to
23-km layer causes a lesser convergence of the upward
longwave flux and a larger upward flux at 23 km. The
reduced emission from the 16- to 23-km layer also leads to a
decrease in the divergence of the downward longwave flux.

The increase in tropospheric ozone causes an additional
contribution to the longwave lower stratospheric cooling
rates. There is increased heating in the vicinity of the upper
troposphere and a slight increase in the cooling in the lower
troposphere, being more noticeable for the 20% tropospheric
ozone increase case. Above ~21 km there is a tendency to
reduce the heating caused by the stratospheric ozone per-
turbation. Generally, an increase in tropospheric ozone
serves to increase the infrared opacity of the troposphere
[Ramanathan and Dickinson, 1979], resulting in a significant
reduction of the upward longwave radiation in the lower
stratosphere (compare Figures 6a and 6b) and causing an
enhanced decrease in the lower stratospheric longwave flux
convergence (i.e., cooling tendency). The solar flux conver-
gence and the disposition of the downward longwave beam
within the lower stratosphere remain unchanged because of
the increase in tropospheric ozone. In general, the perturba-
tions occurring in the case of simultaneous stratospheric and
tropospheric changes are a sum of the perturbations occur-
ring in the individual cases.

The net (solar plus longwave) radiative heating perturba-
tion (Figure 5c¢) is the sum of the individual perturbations
shown in Figures 5a and 5b. The most significant result is the
pronounced cooling in the lower stratosphere due to the
additivity of the solar and the infrared tendencies; this is also

S{AT} due to incorporating a 10% or a 20% increase

evident in the net radiative flux divergence inferred from
Figure 6b. Figure 5c also illustrates the additivity of the
heating in the upper troposphere; this has a smaller magni-
tude than the change in the lower stratosphere.

5.2. RCM Equilibrium Results

The temperature changes due to perturbations of tropo-
spheric and stratospheric ozone are determined by running
the model to a new radiative-convective equilibrium. The
calculations were performed for all three atmospheric ozone
change cases. Figure 7a shows the change in the vertical
temperature profile due to stratospheric ozone loss only. The
cooling tendency of the lower stratosphere indicated by the
initial perturbations in the heating rates (Figure 5) and fluxes
(Figure 6) yield a significant temperature change there, as
expected [see Fels et al., 1980] and as also evident in the
work of Miller et al. [1992]. This result emphasizes the fact
that the observed lower stratospheric ozone loss represents
a substantial radiative perturbation in a region of the atmo-
sphere where the temperature is strongly sensitive to imbal-
ances in the radiative heating rates. The resulting flux
changes at the new equilibrium are displayed in Figure 6
(right) for the stratospheric loss only and with 20% tropo-
spheric ozone increase. As in section 4.2, the comparison of
the initial and the final flux dispositions illustrates the effects
due to changes in the atmospheric temperatures.

Consider the stratospheric loss only case. Compared to
the initial perturbation, there is a further decrease in the
divergence of the downward longwave flux, consistent with
a cooling of the lower stratosphere and its reduced emission.
The latter also causes a decrease of the longwave flux
emitted into the troposphere [Ramaswamy et al., 1992],
cooling that region as well. The cooling of the troposphere is
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Figure 8. Change in the temperature at the surface, 18 km,
and 23 km as a function of tropospheric ozone increase.
Stratospheric ozone loss is held fixed (see section 5.2).

accompanied by a reduction of the upwelling flux in the
lower stratosphere. Compared to the initial perturbation,
there is less of a change in the convergence of this beam
within the 16- to 23-km layer. Ultimately, the lower strato-
spheric radiative equilibrium occurs because of a balance
between the changes in the upwelling flux from the tropo-
sphere and the emission from the lower stratosphere at its
local temperature. The cooling at 18 km is 0.4 K, and the
effect is less at higher altitudes (Figure 7a); at 23 km it is
~0.19 K. The magnitude of the cooling below 16 km de-
creases rapidly with decreasing height, becoming a small
uniform value throughout the regions below the upper tro-
posphere (below ~10 km). The tropospheric region affected
the most is the upper troposphere, as was pointed out by
Ramanathan and Dickinson [1979].

Figure 7b shows the additional temperature change intro-
duced by the 10 and 20% increases in tropospheric ozone.
There is an enhancement of the temperature decrease in the
lower stratosphere, peaking around 19 km. At 18 km this
enhancement is 15 and 37% for the two tropospheric ozone
cases, respectively; at 23 km the enhancement is 18 and
50%, respectively. The decrease in stratospheric radiative
damping times with increasing altitude [Fels, 1982; Kiehl and
Solomon, 1986] causes the effects above the lower strato-
sphere to be less marked. It can be concluded from Figures
5, 6, and 7b that increases in tropospheric ozone provide an
additional mechanism for stratospheric cooling over and
above that obtained by a decrease in stratospheric ozone
alone. Both of the tropospheric ozone cases emphasize the
surface-warming tendency typical of ozone increases in the
troposphere [Ramanathan and Dickinson, 1979; Lacis et al.,
1990; Schwarzkopf and Ramaswamy, 1993; Wang et al.,
1993]. For the circumstances considered, the surface effects
due to the stratospheric ozone loss, with or without tropo-
spheric ozone increases, are small. The overall surface effect
of including the tropospheric ozone increases, as specified in
this study, is one of warming.

Comparing the left and right panels of Figure 6b, the
effects on the longwave and the net solar fluxes due to
tropospheric ozone increases follow the same pattern as that
in the case of the stratospheric ozone loss. Compared to the
initial perturbation, there is a further reduction of the up-
ward longwave flux due to surface-troposphere cooling;
there is also a cooling of the lower stratosphere and less of a
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decrease in the convergence of the upward longwave beam.
The lower stratospheric cooling is also accompanied by a
further lessening of the divergence in the downward long-
wave beam. When compared to Figure 6a (right), the addi-
tional presence of tropospheric ozone causes an increased
cooling of the lower stratosphere such that changes in the
flux convergence for the upward beam are slightly greater;
also, the change in the divergence of the downward long-
wave flux is slightly greater.

In a similar manner as above, we have considered the
RCE effects due to other values of tropospheric ozone
increases. Figure 8 shows the temperature changes obtained
at the surface, 18 km, and 23 km with 0-50% increases in
tropospheric ozone. The effects at all three heights are
nearly linear in ozone change. Table 2 lists the rate of
temperature change at the three altitudes. In contrast to the
GHGs plus aerosol case (section 4), the surface temperature
change is one of an increase, with a 10% global increase
exceeding slightly the effect due to the considered strato-
spheric loss. The temperatures at 18 and 23 km are more
sensitive to changes in tropospheric ozone than the surface
value. The cooling effect at 18 km due to a 50% increase in
tropospheric ozone is ~84% of that induced by the assumed
stratospheric loss, while at 23 km the additional cooling
effect is 114%. The rate of change of temperature with ozone
increase at 23 km is only slightly less sensitive than that at 18
km.

Thus if tropospheric ozone increases of 20% or more have
occurred over the past two decades or arise in the future as
a consequence of increasing anthropogenic influences, as
suggested by model studies [WMO, 1992], the changes in
lower stratospheric temperatures could become a significant
fraction of that due to stratospheric ozone losses. Unfortu-
nately, at present, there are insufficient observations to
quantify the global trends in tropospheric ozone [WMO,
1992]. If ozone has increased throughout the tropospheric
column by large amounts over the past century (so far, the
evidence is limited to near-surface observations in Europe
[IPCC, 1992]), this would have contributed significantly to
the cooling of the lower stratosphere over this time period.
However, if tropospheric ozone increases are confined to the
northern hemisphere midlatitudes, a cooling tendency would
occur only in the lower stratosphere of those regions. The
influences due to the vertical profile of the ozone changes, as
pointed out in several studies [Wang et al., 1980; Lacis et
al., 1990; Schwarzkopf and Ramaswamy, 1993], cannot be
overemphasized. If there were no increases occurring in the
upper troposphere (altitude >8 km), the influence shown in
Figure 7b would be considerably less. If the stratospheric
ozone forcing were more than that considered here, the role

Table 2. Rate of Change of Temperature at the Surface
and in the Lower Stratosphere When a Simultaneous
Stratospheric Ozone Loss and Tropospheric Ozone
Increase Are Considered

Rate of Change

Surface 0.03 K per 10% increase in tropospheric ozone
18 km —0.07 K per 10% increase in tropospheric ozone
23 km —0.04 K per 10% increase in tropospheric ozone

See section 5 and Figure 8.
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of a specific tropospheric ozone increase would be dimin-
ished.

6. Summary and Discussion

Investigations with a 1-D RCM demonstrate that changes
in the concentrations of radiatively active constituents, as
known or postulated currently, can contribute to a cooling of
the lower stratospheric region. This occurs even if there is
no direct initial radiative perturbation in the lower strato-
sphere. This feature is due essentially to the role of the
longwave radiative transfer which couples the lower strato-
sphere with the troposphere on the one hand and with the
middle and the upper stratosphere on the other. The nonlo-
cal radiative exchange process is governed by both the
species’ concentrations and the temperatures. As is usual in
radiative-convective modeling studies, a factor implicit in
the numerical results is the parameterization employed to
represent the convective process. However, the principal
conclusions of this paper regarding the changes in the lower
stratosphere are unlikely to be affected by the choice of the
convective scheme.

Increases in the well-mixed, nonozone greenhouse gases
yield a tropospheric warming and a stratospheric cooling
tendency. This leads to changes in the radiative convergence
within the lower stratosphere, which causes a temperature
decrease there. In the case of an increase in tropospheric
aerosols, there is no change initially in the radiative balance
of the stratosphere. However, the cooling of the troposphere
in response to the increase in the planetary albedo leads to a
decrease in the upwelling longwave flux which, in turn,
yields a cooling of the lower stratosphere. The establishment
of the stratospheric radiative equilibrium in the case of
aerosols differs from that for the greenhouse gases, although
it leads to the same sign for the temperature change in the
lower stratosphere. For simultaneous greenhouse gas and
aerosol increases, there is a reduction in the magnitude of
the surface-troposphere warming compared to the gas-only
case, while in the lower stratosphere the cooling is en-
hanced. Thus, for example, a tropospheric aerosol optical
depth, which completely offsets the greenhouse gas surface-
troposphere radiative forcing and results in a null tempera-
ture change at the surface, can cause a cooling in the lower
stratosphere that is as large as that for the greenhouse gas
increases alone.

If there has been an increase in the surface-troposphere
radiative forcing by tropospheric aerosols over the past
century, it is likely that the lower stratosphere has experi-
enced a cooling tendency beyond that due to the well-mixed
greenhouse gases. In view of the many uncertainties associ-
ated with the determination of the tropospheric aerosol
forcing, it is difficult to gage the extent of the aerosol effect.
However, if this forcing is >0.6 W m™2, an important
contribution (>37%) by the tropospheric aerosols to the
lower stratospheric (18 km) cooling cannot be ruled out.
Although this study has considered only one type of aerosol
model, the physical mechanism studied here would apply to
other tropospheric aerosol models as well wherein the initial
perturbation comprises an increase in the planetary albedo.
It is worth noting that if cloud microphysics were altered
because of the increase in tropospheric aerosols [Charlson et
al., 1992], then this indirect aerosol forcing could exert an
additional influence on the lower stratospheric temperatures.
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In the case of changes in atmospheric ozone the loss of
ozone in the lower stratosphere yields a strong decrease of
temperature there and a negative surface-troposphere radi-
ative forcing. An increase in tropospheric ozone reduces the
upwelling longwave flux at the tropopause, yielding a cooling
of the lower stratosphere and a warming tendency for the
troposphere. Thus given the observed stratospheric ozone
loss, a global increase in tropospheric ozone, even while
offsetting the effects of stratospheric loss within the surface-
troposphere system, would augment the cooling of the lower
stratosphere. Considering, for example, the largest reported
increases in tropospheric ozone over the past decade or so
(~10-20%), and assuming that the vertical profile of the
change extends into the upper troposphere, the induced
lower stratospheric cooling effects at 18 km range from 15 to
37% of the effects due to the assumed stratospheric ozone
loss. As noted in several studies [e.g., WMO, 1986, 1992],
the radiative influences would depend on the details of the
vertical profile of ozone change and whether or not the
tropospheric ozone increases are globally pervasive.

It is now apparent that in addition to being a significant
climate change issue in its own right, the cooling of the lower
stratosphere due to changes in radiatively active species has
important climate implications involving the stratospheric
hydrologic cycle [Toon et al., 1986; Ramaswamy, 1988] and
the chemical and dynamical processes leading to ozone
depletion [Austin et al., 1992; Mahlman et al., 1993]. Anal-
ysis of the 50- to 100 mbar (~16-20 km) temperatures, using
the 1958-1988 radiosonde data, suggests a cooling trend
of ~0.3-0.4 K per decade [Oort and Liu, 1993]. This
represents a substantial change over the considered time
period and is unlikely to be due to increases in the well-
mixed greenhouse gases alone (see also Lacis et al. [1990]).
Calculations here show that the entire nonozone greenhouse
gas increase between 1850 and 1988 yields a cooling of only
~0.18 K at 18 km. Thus the effect due to the well-mixed
greenhouse gases is probably only a small fraction of the
observed global lower stratosphere cooling (~1 K) over the
past 30 years. This is to be contrasted with the relatively
large cooling effects expected due to the well-mixed green-
house gases in the upper stratosphere [WMO, 1986].

The Miller et al. [1992] and the present RCM results
suggest that the stratospheric ozone loss over the past
decade can explain a substantial portion of the observed
decadal lower stratospheric cooling. The inhomogeneity of
the tropospheric species (aerosols and ozone) and the lack of
adequate global measurements make it difficult to assess
their respective contributions to the lower stratospheric
cooling over the past three decades.

The combined contribution to the lower stratospheric
cooling due to global increases in tropospheric ozone and
aerosols could well become comparable to or even exceed
that due to all the well-mixed greenhouse gases and could
even be a significant fraction of that due to the decadal
stratospheric ozone loss. If the tropospheric species have
increased primarily in the northern hemisphere midlatitudes,
then they would have contributed to the lower stratospheric
cooling tendency only in those regions. An important con-
clusion from this study is that since the changes in all the
species considered here lead to a cooling tendency for the
lower stratosphere, a complete explanation of the tempera-
ture trends in the lower stratosphere definitely needs to
consider the stratospheric ozone loss, and it requires con-
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sideration of the changes in tropospheric ozone and aero-
sols, besides the usual treatment of the increases in the
well-mixed greenhouse gases.

Appendix: Solar Radiative Transfer

The solar radiative transfer scheme employed in the current
study is described below. A schematic of the model’s vertical
structure, consisting of L levels, with 1 being the top of the
atmosphere and L the surface, is shown in Figure Al.

We adopt a formulation that combines the delta-Eddington
method with an adding scheme similar to that of Coakley et
al. [1983]. The solar spectrum is divided into 56 intervals; the
central wavelength and the bandwidth of each interval are
listed in Table Al.

The radiatively active constituents considered are H,O,
CO,, O3, CHy4, N,O, F11, F12, aerosols, and clouds. The
optical properties of the constituents in each layer are
specified or computed similar to the Ramaswamy and Kiehl
[1985] (hereinafter referred to as RK) study. For this study
the concentrations of trace gases and aerosols are varied, as
described in the text. In general, if a layer contains a number
of constituents, each of which interacts with the specific
solar spectral frequency, the layer single-scattering proper-
ties are prescribed as follows:

Text(layer) = Z7ey ; (¢))
o(layer) = 27 scat,i/ 2 Text,i 2
g(layer) = ETscat,igi/ETscat,i (€))

L

Schematic of the vertical structure of the

Figure Al.
model.
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Table Al. Solar Spectrum Intervals

Interval Band Center, um Bandwidth, um
1-45* 0.21 (0.01) 0.65 0.01
46 0.66 0.05
47 0.74 0.084
48 0.83 0.096
49 0.95 0.121
50 1.11 0.269
51 1.43 0.298
52 1.62 0.095
53 1.89 0.529
54 2.60 0.791
55 3.30 0.610
56 11.00 99.640+

*The centers of the first 45 bands are 0.01 um apart.
tThe last band accounts for all solar insolation greater than 3.7
pm.

where the sums are over all constituents present in that
layer. Next, the delta-Eddington approximation [Joseph et
al., 1976] is employed to obtain the reflection and transmis-
sion characteristics within each layer and in each spectral
interval. Clear and overcast portions of the layers are
considered separately. The net reflection and transmission
for each layer and within each spectral interval are obtained
by weighting the clear and overcast sky by their respective
fractions [Morcrette and Fouquart, 1986].

With reference to the schematic showing the arrangement of
levels, the up and down fluxes can be formulated in terms of
the reflection and transmission characteristics of the layers,
taking care to distinguish between the properties appropriate
for the direct (i.e., unscattered beam) and those appropriate for
the diffuse beam, respectively [see Coakley et al., 1983].

S¢ =84=>50 )

s =SyR{+s)T] %)

83 =Siati + Sigt{ + STR{ =Sy, + S5 (6)
Sy = SiiRE + SLRE + 8] T4 0]

St = Sipled + Sbaftf+ SETL+ SIRI =54+ 5% (®

S =Sil-1,d+sil—lj )]
s = Si,ld + siff (10)
i-1
st=syl IT e |RE+s4r+st ] Ay

k=1

where the subscript or superscript d and f refer to the direct
and diffuse components of the radiation, respectively (see
below for more details). S is the solar spectral irradiance at
the top and follows Labs and Neckel [1970]. Further,

d

ti = exp (—7i/po) (12)

i—1
Sti=syl TT ¢ (13)

k=1
Siffzsii—l,dt{—l+SiTR{—1+S,~l_1JT{_1 (14)
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with Slfc = 0, and
t{=Tf —exp (—1/ng) = T{ — 1f 15

R and T are the reflection and transmission functions of
layers, with the superscripts denoting whether they are with
respect to direct (d) or diffuse (f) beams incident on the
layer. Radiation scattered at least once is considered diffuse,
and the diffuse beam is assumed to be isotropic. T{ denotes
the total transmissivity by a layer to direct incident radia-
tion, with ¢ {1 being the component transmitted as direct (i.e.,
unscattered portion) and ¢ ,f being the component transmit-
ted as diffuse (i.e., scattered at least once); u is the cosine
of the incident solar zenith angle. T,f is the transmissivity of
the layer to diffuse incident radiation. The subscripts d and
f on the downward (S ! ) fluxes indicate whether they
represent the direct or the diffuse beam, respectively. The
upward flux (S 1) is always diffuse.

Equations (4)—(11) are rearranged in the form of a penta-
diagonal matrix which is then inverted to obtain the up and
down fluxes. This procedure is repeated for each of the 56
spectral intervals.
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