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Abstract

A time-dependent chemistry model is used to predict reactive oxygen species (ROS=H2O2+O2
−) and dissolved Fe (DFe)

speciation in the surface ocean. A new feature of the model is inclusion of biological sources of superoxide. The model suggests
that biochemistry mediated by phytoplankton cells is as important as photochemistry for the formation of ROS. Formation of stable
organic Fe(III) complexes (FeL) maintains the concentration of DFe in seawater. Iron speciation in the model is also controlled by
biochemical and photochemical processes, and is far from thermodynamic equilibrium. During light periods, photo-reduction of
FeL produces dissolved inorganic iron much more than thermal decomposition and cell-surface reduction of FeL, thus facilitating
phytoplankton uptake of iron in the ocean. During the nighttime, O2

− produced by reductases on cell surfaces both reacts with FeL,
producing Fe(II), and retards the oxidation of Fe(II) and subsequent formation of FeL; therefore significant levels of bio-available
Fe is maintained through this period. Photo-reduction nearly balances the formation of FeL in the model, and may control
bioavailability of dissolved iron. This suggests a possible extracellular mechanism of iron and light colimitation to primary
productivity. A phytoplankton growth limitation by FeL photo-reduction depends on its rate coefficient for which we need
extensive measurements in natural seawater.
Published by Elsevier B.V.
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1. Introduction

Iron is an essential nutrient required for phytoplankton
photosynthesis in the ocean (e.g., Morel and Price, 2003).
Low concentrations of iron (frequentlyb0.2 nM) are thus
limiting primary productivity in many parts of the ocean
(Martin, 1990). Furthermore, speciation of iron influences
iron acquisition by marine organisms. In the Fe′model of
iron uptake by marine eukaryotic phytoplankton, inor-
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ganic dissolved Fe (often denoted by a prime) is acquired
via binding of Fe(III)′ or Fe(II)′ to a surface ligand and
subsequent internalization by transfer across the plasma
membrane (Hudson and Morel, 1990, 1993; Sunda and
Huntsman, 1995). However, the concentration of Fe′ is
much lower than that of colloidal and chelated iron at
thermodynamic equilibrium (e.g., Rue and Bruland,
1995; Wu and Luther, 1995; Kuma et al., 1996; Liu and
Millero, 2002). Iron uptake mediated by siderophore or
surface reductases has been observed in cultured media
for certain phytoplankton species, which suggests an
adjunctive ligand substitution mechanism (Stinzi et al.,
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2000; Wells and Trick, 2004) or uptake via a surface-
bound Fe(II) intermediate (Shaked et al., 2005). A multi-
copper oxidase and two iron permeases were identified in
the diatom Thalassiosira pseudonana that together could
deliver surface-bound Fe(II) (Armbrust et al., 2004), this
mechanism should be particularly advantageous when Fe
(II)′ is much more abundant than Fe(III)′ in seawater. The
direct uptake of Fe-siderophore complexes is slow
compared to that facilitated by surface reductases
(Maldonado and Price, 1999, 2001).

In addition to the biochemical processes, photo-
reduction of the iron colloids and complexes may lead
to rapid formation of Fe′ and phytoplankton uptake in the
surface ocean (e.g., Voelker et al., 1997; Barbeau et al.,
2001; Borer et al., 2005; Barbeau, 2006). The influence of
visible (VIS: 400–700 nm) light on FeL photo-reduction
is comparable to that of ultraviolet A (UVA: 315–400 nm)
and ultraviolet B (UVB: 280–315 nm) because it has the
highest total energy and penetrates deepest into the ocean,
while UVB has the highest quantum yield and the highest
extinction coefficient (Rijkenberg et al., 2005). Similar
spectral dependencewas observed for the photo-reduction
of colloids of iron oxides (e.g., Wells et al., 1991), and for
the photochemical production of reactive oxygen (e.g.,
Gerringa et al., 2004). Therefore, photo-reduction and
photochemical cycling of Fe can occur deep in the photic
zone as well as near the surface.

The importance of FeL photo-reduction is indicated by
the combination of two recent as well as previous studies
(see below). In the first, a high correlation between
dissolved Fe and ligand concentrations was observed in
the Bering Sea, suggesting a significant role for FeL in the
solubility and bioavailability of dissolved Fe (Buck and
Bruland, 2007). The bioavailability of FeL has been
shown by the observed decrease of [Fe]/[ligand] ratio as
water is advected from inner to outer shelf domains in the
Bering Sea, which indicates removal of Fe from the FeL
complex via biological uptake. In the second, measure-
ments show persistence of Fe(II) (~ 20−200 pM, 10–50%
of total Fe) in surface waters of the western subarctic
Pacific, which provides evidence for significant photo-
chemical cycling of iron and its role in phytoplankton
uptake of this nutrient (Roy et al., 2008). The high ratio of
Fe(II)/Fe(III) is favorable tomaintain a high concentration
of dissolved inorganic iron and to prevent the formation
and sinking of particulate iron.

A time-dependent chemistry model is developed in
this study to investigate the influence of photochemical
and biochemical processes on iron speciation in the
surface ocean to assess the relative importance of
various pathways for phytoplankton uptake of iron.
Admittedly, the surface ocean is a complex system of
interrelated biological, chemical, and physical pro-
cesses. Processes not included in the model may be
important in the subsurface layer, in the coastal ocean, in
the sea ice zone, or for other reasons. Our goals in this
study are to understand Fe speciation in a low-
complexity model and to find out whether biochemical
processes involving surface reductases have significant
influence on Fe speciation. This study, by including
biochemical processes, complements previous modeling
studies that have only considered sunlight-mediated iron
redox cycling (e.g., Miller et al., 1995; Rose and Waite,
2003a; Meunier et al., 2005; Weber et al., 2005;
Tagliabue and Arrigo, 2006).

A description of the model is presented in Section 2.
Model results and discussions are presented in Section 3,
starting with the sources and sinks of ROS and followed
by Fe chemistry. Discussions focus on the impact of
biochemical O2

− production as a new feature of the
model. We compare biochemical and photochemical
controls on Fe speciation, and compare the estimated
rates of photo-reduction and biological reduction of
FeL. Model results are also compared to previous stud-
ies to highlight differences and uncertainties. A sum-
mary of the main results are presented in Section 4 with
suggestions for needed measurements and for model
development.

2. Model description

The chemical and biochemical reactions included in
the model are listed in Table 1. The rate (r) of a reaction is
calculated as the product of the kinetic rate coefficient (k)
and the concentrations of reactants ([A] and [B] in units
of M or mol l−1), r=k[A][B], and is in a unit of M s−1.
For photo-dissociation reactions [A] is the number of
photons absorbed (acting on B) in a unit volume of
seawater. This rate counts as a loss for the reactants on
the left-hand-side and a production for the species on the
right-hand-side of each reaction shown in Table 1. The
time derivative of each species in a box model (i.e.,
neglecting diffusion exchange with neighboring spaces)
is then the sum of production rates minus the sum of loss
rates for that species. Given initial concentrations for all
species considered in the model, the set of equations
written for the time derivatives are integrated forward in
time to yield annually stationary, seasonally and
diurnally time-dependent concentrations. The only
cause of variation considered in the model simulations
is solar irradiance.

The photo-dissociation rate coefficients are calcu-
lated following Weber et al. (2005), based on the
number of photons absorbed in the visible and



Table 1
Aqueous-phase reaction rate constants

Reaction No. Reaction k M(1−n) s−1 n References/Notes

A01 Fe(II)′+O2→Fe(III)′+O2
− 10. 2 Millero et al. (1987)

A02 Fe(II)′+H2O2→Fe(III)′+OH+OH− 7.2×104 2 Millero and Sotolongo (1989)
A03 Fe(II)′+O2

−→Fe(III)′+H2O2 1.0×107 2 Rush and Bielski (1985)
A04 Fe(III)′+O2

−→Fe(II)′+O2 1.5×108 2 Rush and Bielski (1985)
A05 Fe(III)′+Ligand→FeL 2.0×106 2 Witter et al. (2000)
A06 Fe(III)′ (+Colloid)→CFe 2.8×10−5 1 Weber et al. (2005)
A07 CFe+Particle→PFe 14. 2 Weber et al. (2005)
A08 Fe(III)′+Cell→BFe 0. 2 Net biological uptake set to zero
A09 FeL→Fe(III)′+Ligand 1.0×10−6 1 Witter et al. (2000)
A10 Fe(III)′+hv→Fe(II)′+OH 1.5×10−5 1 See footnote
A11 FeL+hv→Fe(II)′+Ligand 1.0×10−3 1 See footnote
A12 CFe+hv→Fe(II)′ 2.3×10−4 1 See footnote
A13 PFe+hv→Fe(II)′ 2.3×10−4 1 See footnote
A14 PFe→ sinking loss 0. 1 Set to zero
A15 FeL+O2

−→Fe(II)′+O2 1.5×105 2 Rose and Waite (2005)
A16 O2+Eukaryotes+hv→O2

− 1 See footnote and text
A17 CDOM+hv→O2

− 8.0×10−7 1 See footnote and text
A18 HO2+O2

− (+ H+)→H2O2+O2 1.0×108 2 Bielski (1978)
A19 H2O2 (+ROM)→products 5.8×10−6 1 Moore et al. (1993)
A20 Cu(I)+O2→Cu(II)′+O2

− 4.6×105 2 Bjergbakke et al. (1976)
A21 Cu(I)+H2O2→Cu(II)′+OH+OH− 7.0×103 2 Berdnikov (1973)
A22 Cu(I)+O2

− (+2H+)→Cu(II)′+H2O2 9.4×109 2 Piechowski von et al. (1993)
A23 Cu(II)′+O2

−→Cu(I)+O2 8.0×109 2 Rabani et al. (1973)

Footnotes: All photoreaction (A10–A13, A17) rate coefficients are given at 30 μmol photons m−3 s−1 (Weber et al., 2005). A16 is lumped into A17.
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ultraviolet spectral bands. But the spectral dependence is
not considered explicitly in the present model. The rate
coefficients for photo-reduction of iron species (FeL,
colloidal and particulate Fe) remain highly uncertain in
the surface ocean. The measured rates of colloidal iron
photo-reduction range from 1.4×10−6 to 2.3×10−4 s−1

under conditions of natural light near noontime (Waite
and Morel, 1984; Wells and Mayer, 1991; Johnson et al.,
1994; Barbeau and Moffett, 2000). The significant
differences are caused by differences in the reactivity of
the iron colloids, the presence of electron donors (e.g.,
fulvic acid and oxalate), and detection methods
(Sulzberger and Laubscher, 1995; Voelker et al., 1997;
Barbeau and Moffett, 2000; Borer et al., 2005).
Similarly, the measured photoreduction rates of organic
iron complexes vary significantly, with noontime rates
ranging from 1.7×10−4 to 1.3×10−3 s−1 depending on
the chemical structure of ligands present in seawater
(Kuma et al., 1992; Emmenegger et al., 2001; Barbeau
et al., 2001, 2003; Rijkenberg et al., 2006). Redox iron
cycling also occurs through biotic uptake, grazing and
remineralization processes (e.g., Barbeau et al., 1996),
but is relatively slow and thus neglected in the present
model.

The rate coefficients for FeL formation (A05 in
Table 1) and thermal decomposition (A09) have been
measured for various natural organic matters (Witter and
Luther, 1998;Witter et al., 2000; Rose andWaite, 2003b).
For instance, in the Northwestern Atlantic Ocean, for-
mation rate constants (kf) of FeL from inorganic Fe(III)′
and organic ligands ranged from 4.2×104 to 1.1×
106 M−1 s−1 and dissociation rate constants (kd) from
1.0×10−7 to 3.9×10−5 s−1 while the stability constants
of the FeL complexes were nearly invariant (logKFe′L=
12.2±0.5 at 500 m to 12.9±0.3 at 200 m depth). We use
two pairs of rate constants (kf=2×10

6 M−1 s−1 and
kd=1×10

−6 s−1 versus kf=2×10
5 M−1 s−1 and kd=1×

10−7 s−1 with the same stability constant) in our simu-
lations to account for the uncertainties.

The total source of O2
− is constrained bymeasurements

of H2O2 in seawater, but has a variety of pathways. The
primary source of O2

− in the surface ocean is specified to
depend on the photolysis of colored dissolved organic
matter (CDOM) and cell surface O2 reduction. Other
sources, including photolysis of nitrate and nitrite are
lumped into the production from CDOM photolysis for
their common light dependence. Cell surface production
of O2

− is induced by cellular respiration through “leakage”
of electrons from the respiration chain and their reduction
of molecular oxygen (Marshall et al., 2005), and is
partially controlled by electrons donated through photo-
synthetic electron transfer (Marshall et al., 2002). While
the direct enzymatic production of O2

− by surface
reductases seems probable, a metabolite released into
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seawater may also reduce O2 to O2
− (Kustka et al., 2005).

The cellular respiration-induced enzymatic O2 reduction
is assumed to be constant over a diel cycle but varying
with daily mean irradiance over an annual cycle to
account approximately for the seasonal variation of
biomass. The dismutation of O2

− produces H2O2, which
is catalyzed by Cu and Fe ions. We discuss the relative
contribution of these O2

− sources in Section 3.
Specified chemical concentrations and model para-

meters are listed in Table 2. In this study, we specify the
total dissolved Fe concentration (0.1 nM), which
includes colloidal and particulate iron that is photo-
labile, and the total concentration of organic ligands
(1.8 nM). Depending on the concentration of ligands,
colloidal and particulate Fe may be comparable to or
higher than truly dissolved Fe concentrations (e.g., Wu
et al., 2001; Nishioka et al., 2001, 2003, Takata et al.,
2006). In the tropical Atlantic Ocean, soluble Fe is
relatively constant (0.2−0.4 nM) while colloidal and
particulate Fe vary spatially and temporally with
atmospheric deposition of desert dust aerosols (Berg-
quist et al., 2007). Our main conclusions do not depend
on the concentration of iron (Section 3). Our model
simulations are restricted to conditions with ligands in
permanent excess of dissolved iron concentration (Buck
and Bruland, 2007). The concentration of CDOM is
specified in the model to predict observed H2O2

concentrations. The concentration of reactive organic
matter (ROM) that reacts with H2O2 is specified to
balance the production of H2O2 from O2

− so as to give
the observed diurnal cycle of H2O2 in the surface ocean.

The chemistry in this model is non-linear, particularly
for the dismutation of O2

−, as a result, the model results are
sensitive to the averaging depth. We chose to model
photochemistry in the top 30 m of the surface ocean where
50−80%of the biological productivity and photochemistry
occur depending on the light extinction coefficient (0.04
−0.08m−1 in the visible spectrum) andmixing is relatively
fast (diffusivity=10−4 to 10−3 m2 s−1). The solar irra-
diance is calculated based on the empirical formula of
Table 2
Parameters used in the standard model

Parameter Value Note

Ligand (nM) 1.8 For iron(III) complexation
Particle (g L−1) 0.1 For colloidal Fe adsorption
Dissolved O2 (μM) 240
CDOM (μM) 3.0 Colored dissolved organic matter
ROM (nM) 10. Organic matter reacting with H2O2

Dissolved Fe (nM) 0.1
Free Cu ion (pM) 2.0
pH 8.1
Lumb (1964), which is sufficiently accurate for our
purpose (Frouin et al., 1989). The effect of cloud cover
is neglected.

This study focuses on the budget of reactive oxygen
and diel cycles of dissolved Fe species driven by
photochemistry. Dust deposition, biological uptake, sink-
ing of particulate Fe and verticalmixing are not included in
the present model simulations. These processes are
important controls on the total Fe concentration, but
have only small influence on the diel cycle of Fe
speciation. However, we discuss model sensitivities to
dissolved Fe and Cu concentrations, biological sources of
ROS, and photo-dissociation rate coefficient of FeL. These
parameters are related directly or indirectly to dust
deposition, biological productivity, sinking of particulate
Fe, and mixed layer depth. Our main conclusions are not
dependent onwhether these processes are fully represented
in the model.

3. Results and discussions

3.1. Reactive oxygen budget

Sensitivity studies reveal the utility of measurements
of H2O2 concentration as a constraint on photochemistry
in the surface ocean. Fig. 1a shows the two specifica-
tions of primary O2

− production rate, with and without
the biochemical source, respectively. The two specifica-
tions have the same total production integrated over a
24-hour period, but different diel cycles and amplitudes.
The nighttime concentrations of O2

− are maintained by
biochemical source alone, which could be significant
relative to daytime concentrations (Fig. 1b). To our
knowledge, however, there are no measurements of O2

−

in seawater to corroborate the model result.
Fig. 1c shows the diel cycles of H2O2 with and without

biochemical O2
− production. The amplitude is about

20 nMwith only photochemical source of O2
− specified in

the model, and is about 10 nMwith a nighttime O2
− source

but the same total daily production (see Fig. 1a). A diel
cycle amplitude of 20–30 nM has been observed in
tropical to subtropical oceans (Palenik and Morel, 1988;
Yuan and Shiller, 2001, 2005). However, a diel amplitude
of H2O2 over 40 nM was observed at the Bermuda Time
Series Station (BATS, 32°N) in March, likely due to
increased biological productivity during the spring bloom
(Avery et al., 2005). It is noted that a lifetime (e-folding
time) of 2 days is specified in the model to give a loss of
H2O2 against reaction with organic matter (A19 in
Table 1). Dark reaction was observed to destroy H2O2

in times as short as b1 day in highly productive coastal
oceans to N5 days in oligotrophic oceans (Moore et al.,



Fig. 2. Daily mean concentrations of H2O2 in surface seawater at 32° N
in the standard model. Dissolved Fe is specified to be 0.1, 0.3 and
0.5 nM, respectively. Symbols show measurements of Avery et al.
(2005).

Fig. 3. Annual average rates (units: nM d−1) of reactions leading to the
formation and loss of superoxide in the standard model. Arrows point
from reactants to products indicated in boxes. Second reactants and
rates are indicated above or below the arrows.

Fig. 1. (a) Prescribed rates for reactive oxygen species (ROS)
production, (b) concentrations of O2

− radical, (c) concentrations of
H2O2, averaged annually by time of day. Dotted lines indicate model
simulation with a biochemical source of ROS, and solid lines indicate
simulation without a biochemical source (standard model).
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1993; Yuan and Shiller, 2001, 2005; Avery et al., 2005).
The large variability in the observed decay rates is likely
caused by variations in dark production of H2O2 (Palenik
and Morel, 1988) as well as peroxidase and catalase
concentrations on plasma membranes and dissolved in
seawater. These enzymes are produced by most marine
organisms and have been suggested to be responsible for
most H2O2 decomposition in coastal seawater (Moffet
and Zafiriou, 1990).

Fig. 2 shows the seasonal cycle of H2O2 at the BATS
location, where a surface concentration of approxi-
mately 40 nM in March and 80 nM in August have been
observed (Avery et al., 2005). The concentrations are
higher in the summer and lower in the winter, following
the trend in production of superoxide. The concentration
of H2O2 decreases with increased concentrations of
dissolved Fe (Fig. 2), a relationship observed in the
Southern Ocean during an iron enrichment experiment
(Croot et al., 2005). This may be explained by a budget
analysis of the reactive oxygen species (Fig. 3). Ferric
ions react with O2

− to form O2 and Fe(II) (A04), more
rapidly than the reverse reaction (A01), causing a loss of
reactive oxygen. The soluble Fe observed near Bermuda
is about 0.1 nM (Wu et al., 2001), but higher con-
centrations may result from (1) episodic eolian iron
input which at this location is most pronounced in the
summer (Sedwick et al., 2005; Bergquist et al., 2007),
and (2) upwelling of water from below the mixed layer
which is most significant in the winter. With iron de-
position during the passage of a dust plume, an increase
of dissolved Fe from 0.1 nM to 0.5 nM may decrease
H2O2 from 100 nM to 50 nM in the Sargasso Sea in
August (Fig. 2). In contrast, the concentration of H2O2 is
not sensitive to dissolved inorganic Cu in the model
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(results not shown). As shown in Fig. 3, reactions
with Cu ions cause about equal conversions of O2

− to O2

(A23−A20) and O2
− to H2O2 (A22).

An annual average budget for H2O2 is calculated
based on the standard model simulation and is shown
in Table 3. The dismutation reactions of O2

− involving
Fe(II) and Cu(I) ions are mainly responsible for the
formation, while reactions with the Fe(II) ion and
organic matter constitute the main loss of H2O2 in this
model. The total production and loss is 56 nM d−1,
which corresponds to a production of O2

− at 118 nM d−1

by CDOM photolysis and cell surface reduction of
oxygen. The photochemical source of O2

− is only about
30 nM d−1 in oligotrophic ocean water, estimated based
on an extrapolation of surface measurements to 30 m
depth using a light extinction coefficient of 0.15 m−1

for the ultraviolet wavelengths (Mopper and Zhou,
1990; Micinski et al., 1993; Moore et al., 1993;
Gerringa et al., 2004). The biochemical source of O2

−

must account for the remainder (88 nM d−1) and is
nearly 3-fold greater than the photochemical source.

Previously, extracelluar O2
− production was mea-

sured at ~ 8.4×10−16 mol cell−1 h−1 in Thalassiosira
weissflogii (a marine diatom species) cultures (Kustka
et al., 2005). Electron transport across the plasma mem-
brane has been associated with a variety of fundamen-
tal physiological processes, including proton excretion
and nutrient acquisition. Superoxide production in the
raphidophyte Chattonella species, which are common
in red tides, is up to 100-fold greater than in most other
algae, followed by the dinoflagellate species (Marshall
et al., 2005). Hydrogen peroxide production by a marine
phytoplankter (Hymenomonas carterae, coccolithophorid
species) was measured to be 1−2×10−14 mol cell−1 h−1

(Palenik et al., 1987). If we use the O2
− production rate

measured in T. weissflogii cultures for a eukaryotic
phytoplankton population of 4×106 cells L−1 (DuRand
et al., 2001), the biological production of O2

− would be
81 nM d−1. Similarly, if 104 coccolithophorid cells L−1
Table 3
Annual average rates of superoxide production in the surface ocean (0–30 m

Source of reactive oxygen

Model H2O2 source
Model O2

− source
Estimated photochemical O2

− production a

Estimated photochemical OH production a

Missing O2
− source

Estimated eukaryotic phytoplankton O2
− production at 4×106 cells L−1

Estimated cocolith H2O2 production×2 at 1×104 cells L−1

a Daytime near surface measurements in the open ocean scaled to 24-hour
coefficient of 0.15 m−1 for UV.
(DuRand et al., 2001) producedH2O2 at the ratemeasured
for H. caterae, their total contribution would be 2.4
−4.8 nM d−1 which is equivalent to 5−10 nM d−1 for O2

−

production. Although production of H2O2 may not be a
general characteristic of coccolithophorids (Palenik and
Morel, 1988). The populations of Prochlorococcus and
Synechococcus are on the order of 107 cells L−1 in waters
near Bermuda, but we do not have measurements of O2

−

production for these species whose cell surface area is on
the order of 100-fold smaller than T. weissflogii.

In bottle incubations of samples taken from a depth
of 40 m in the Sargasso Sea, net dark decomposition
of H2O2 occurred in some surface samples, but on
average, net dark production of H2O2 was observed, at
1−3 nM h−1 (Palenik and Morel, 1988). The organisms
and mechanisms responsible for the dark production
remain unknown. Both respiratory and photosyntheti-
cally derived reductants may act as cytosolic electron
donors for the plasma membrane reductase (Davey
et al., 2003). Dark decay experiments show that fil-
tration of seawater samples significantly increases the
half-life of H2O2 (Cooper et al., 1989; Moore et al.,
1993). This was suggested to confirm the role of phy-
toplankton cells in H2O2 destruction. Whether phyto-
plankton cells cause a source or a sink for H2O2 likely
depends on the species and its growth environment.
Because we do not have an observational constraint to
estimate H2O2 production and decay activities in the
dark separately, only a net decay rate coefficient can be
estimated based on measurements.

The photochemical source of O2
− depends on

concentration of CDOM which is specified to be
3 μM corresponding to a photo-dissociation frequency
of 8×10−7 s−1 assumed in the standard model and
2×10−7 s−1 in the model with a biochemical source of
O2
− (at 30 μmol m−3 s−1 absorbed photons). The real

concentration of CDOM molecules could be 10 to 100-
fold lower and their photo-dissociation frequency 10 to
100-fold higher than assumed. The lifetime of CDOM
)

Rate nM h−1 Rate nM d−1 Note/Reference

2.3 56
4.9 118
1.4 34 Micinski et al. (1993)
1.3 30 Mopper and Zhou (1990)
3.7 88 Model − photochemical
3.4 81 Kustka et al. (2005)
0.3 7 Palenik et al. (1987)

average light intensity in the 0–30 m water column using an extinction



Fig. 4. Annual average diel cycles of dissolved Fe species, calculated
with a biochemical source of ROS and with kA11=1×10

−3 s−1 (a) and
kA11=1×10

−4 s−1 (b), respectively.
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has been estimated to be about 100 days against photo-
oxidation in the Sargasso Sea under stratified conditions
(Nelson et al., 1998). This, combined with the estimated
30 nM d−1 photochemical O2

− production, suggests that
the concentration of CDOM is about 3 μM in the surface
water of Sargasso Sea, assuming photolysis of each
CDOM molecule yields one O2

− molecule. However, we
do not know how many O2

− molecules can be produced
by each CDOM molecule and a series of daughter
molecules. The concentration of CDOM has been
measured in terms of light extinction and fluorescence,
but not in moles per unit volume. The concentration of
CDOM was estimated to be about 10 μMC and the total
dissolved organic carbon (DOC) about 50 μM C in the
Middle Atlantic Bight influenced by terrestrial inputs
(Vodacek et al., 1997), a smaller fraction of the total
DOC is expected to be colored in the remote ocean.
Measurements of CDOM show distinct seasonal cycles
in abundance and distribution that are not directly
related to dissolved matter concentration, primary
productivity or phytoplankton standing stock, and that
transformations from CDOM to DOM and vice versa
may take place with little change in carbon content
(Nelson et al., 1998). Upwelling of deep water provides
a source of CDOM, but new production of CDOM by
microbes is also important which leads to net CDOM
production during spring and summer and net destruc-
tion in fall in surface layers of the Sargasso Sea (Nelson
et al., 2004).

3.2. Iron speciation and cycling

Fig. 4 shows the annual average diel cycles of Fe(II),
Fe(III), and FeL at 32°N (the latitude of Bermuda) for
the simulations with a biochemical source of O2

− at
night. At the high rate of FeL photolysis (Fig. 4a), Fe(II)
increases rapidly from 5:00 am to 8:00 am local time to
become the dominant species (~ 70% of DFe), and
remains stable with a broad peak between 8 am and 4
pm, then decreases rapidly from 4 pm to 6 pm to ~ 10%
DFe concentrations. The diurnal cycle of Fe(III) follows
that of Fe(II), but with only 1/6 the magnitude. Over
80% dissolved Fe is present in the form of FeL during
the nighttime, and as low as 20% in the day, for the
specified excess ligand concentration. When the photo-
lysis rate is reduced by a factor of 10, FeL would remain
to be the dominant species even during the midday
hours (~ 60%, Fig. 4b). The concentrations of photo-
labile colloidal and particulate Fe are low (b5% of total
iron), and are neglected in Fig. 4. Formation of FeL and
photo-dissociation of new particulate Fe together have
effectively suppressed the sinking of particulate Fe by
slowing its formation and preventing its metamorphosis
into a more stable form and aggregation. As a result, the
dissolved Fe concentration may be maintained, some-
times in large excess over the solubility limit of mineral
iron (hydr)oxides, for biological uptake in the surface
ocean.

Our model results of Fe speciation are similar to
obtained by Weber et al. (2005) with permanent excess
of organic ligands ([L]≈1.5 nM) over dissolved iron
concentrations: Fe(II)′ dominates Fe(III)′ as the readily
bio-available species; FeL dominates photo-labile
colloidal and particulate Fe as the less bio-available
species. However, their model predicts zero Fe′
concentration during the nighttime because it does not
have a biochemical source for ROS. Fig. 5 compares the
diel cycles of [Fe′] (=[Fe(II)′]+ [Fe(III)′]) calculated
without a biochemical source of O2

− in the dark (line A)
and with the dark source (lines B and C). Significant
levels of Fe′ are maintained through the dark hours
when a biochemical source of O2

− is present. First, O2
−

reacts with FeL to produce Fe(II)′ (A15 in Table 1).
Secondly, because O2

− reacts with Fe(III)′ 15-times
faster than it with Fe(II)′, [Fe(II)′] is several times
higher than [Fe(III)′] (see Fig. 4) when [O2

−] is high



Fig. 6. Annual average rates of dissolved Fe cycling. Lines with arrow
point from reactant to product, with the second reactant followed by
corresponding rate (unit: nM d−1) indicated next to each line. The rates
are calculated with kA11=1×10

−3 s−1 (a) and kA11=1×10
−4 s−1 (b),

respectively, and other parameters in the standard model.

Fig. 5. Annual average diel cycles of inorganic Fe concentrations. Line
A indicates standard model that has zero ROS source at night. Lines B
and C indicate model simulations with a biochemical source of ROS at
night. FeL formation and dissociation rate constants are both 10-fold
slower in C than in A and B (see text).
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enough to offset the oxidation of Fe(II)′ by O2 and H2O2

so that the formation of FeL, colloidal and particulate Fe
is kept slow. Slower formation of FeL with decreasing kf
also helps sustain a higher [Fe′] at night (compare lines
B and C in Fig. 5).

The rates of cycling among iron species calculated in
our model are significantly different from that of Weber
et al. (2005). Fig. 6a and b show the iron cycling rates
calculated for two FeL photo-dissociation rates (kA11=
1×10−3 and 1×10−4 s−1) respectively. Iron cycling
from and to colloidal and particulate Fe is not important
in our model and is neglected in Fig. 6a and b. Photo-
dissociation of FeL is more important than its thermal
decomposition in our model, while the opposite is true
in Weber et al. (2005) due to a much larger value for kd
in their model. The reaction of FeL+O2

− (A15) is also
important in our model, which is not considered in
Weber et al. (2005). The rates of Fe(II)′ and Fe(III)′
cycling are slower in our model due to the lower [Fe′]
(noontime concentration≈0.07 nM in the case of Fig. 6a
and 0.04 nM in the case of Fig. 6b, compared to 0.35 nM
in Weber et al. (2005)).

It is noted that the rates shown in Fig. 6a and b are
linearly proportional to total iron concentration in the
model, an increase of Fe by a factor of 5 would cause
approximately 5-fold increases in the iron cycling rates.
However, this would not be true if formation of stable
particulate Fe is significant. Particulate Fe becomes
increasingly less photolabile and less soluble with aging
(e.g., Wu et al., 2001; Liu and Millero, 2002; Fujii et al.,
2006). We specify in the model a low DFe in part to
circumvent uncertainties related to the solubility of
ferric oxyhydroxide and the formation and sinking of
particulate iron. A low DFe is also in better agreement
with observations in the surface ocean near Bermuda
and in other regions of the world, some of which sep-
arate colloidal fraction (0.02–0.4 μm) from soluble
fraction (b0.02 μm) (e.g., Wu et al., 2001; Boyd et al.,
2005; Takata et al., 2006; Bergquist et al., 2007;
Johnson et al., 2007). Dissolved Fe in the model simu-
lations is mainly (N95%) in the soluble fraction.

The different rates shown in Fig. 6a and b indicate
considerable compensation by all processes when kA11
is lowered by a factor of 10. For instance, the rate of A15
has increased from 0.13 to 0.33 nM d−1 as the rate of A11
has decreased from 1.12 to 0.28 nM d−1, while the for-
mation of FeL has decreased by only a factor of 2. For the
typical range of ligandmeasurements (1−5 nM) (e.g., Rue
and Bruland, 1995; Witter and Luther, 1998; Buck and
Bruland, 2007), which is in permanent excess over dis-
solved Fe concentrations, iron speciation is dependent on
but is not sensitive to [L]. However, the iron cycling rates
are more sensitive to [L]. For example, annual average
[FeL] increases from 0.065−0.072 nM while formation
of FeL (A05) increases from 1.25−1.95 nM d−1 when [L]
increases from 1.8−3.6 nM with other parameters un-
changed from the standard simulation.

The speciation of dissolved Fe is also influenced
by the dissolved inorganic Cu concentration, which is



Fig. 8. Daily mean rates of FeL photoreduction simulated with three
different rate coefficients (kA11=10

−3, 10−4, 10−5 s−1) and other
parameters in the standard model.

Fig. 7. Dailymean concentrations of total dissolved inorganic Fe (Fe(II)+
Fe(III)) simulated for a range of free Cu ion concentrations: 0.2, 2, 20 and
200 pM. Other parameters are same as in the standard model.
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specified in the model (Fig. 7), as discussed previously
by Weber et al. (2005). The Cu2+ ion reacts rapidly with
O2
−, about 50-fold faster than Fe(III) does (Table 1).

Increasing Cu2+ leads to lower O2
− which leads to higher

Fe(III) andmore rapid formation of FeL. The net result of
increasing Cu2+ is to decrease the sum of Fe(II)+Fe(III)
even as Fe(III) is increased. Copper is efficiently com-
plexed in seawater (Coale and Bruland, 1990); free Cu2+

concentrations are generally below 1 pM even though
total Cu concentrations can be 1–2 nM in the open ocean
(Moffet, 1995; Moffet and Dupont, 2007). Photochemi-
cal oxidation of copper complexing ligands occurs in the
surface ocean (Laglera and van den Berg, 2006), causing
the ligand concentrations to fall below total Cu as ob-
served in the stratified Sargasso Sea (Moffet, 1995) and
free Cu2+ concentrations in the range of 2–6 pM, higher
enough to be toxic to some cyanobacteria (Mann et al.,
2002). It is not known how fast Cu(OH)2(aq) can react
with O2

−, which is the dominant form of inorganic Cu
in seawater ([Cu(OH)2(aq)]/[Cu

2+]≈150 at pH=8).
Deposition of mineral dust can increase the concen-
tration of Cu2+ in the shallow mixed layer, which oc-
curs frequently in the Sargasso Sea during the summer
(Sedwick et al., 2005). Deep mixing tends to increase the
concentration of copper complexing ligands in the mixed
layer, lowering Cu2+ concentrations to ~ 0.1 pM (Moffet,
1995). Copper induced variability in dissolved inorganic
Fe may be as large as the seasonal variation in the
tropical Atlantic Ocean, but small in other ocean waters
where Cu is low.

The model was also applied to iron chemistry in
coastal seawater near Okinawa Island where measure-
ments of H2O2, Fe(II) and total Fe were made in
seawater samples filtered through a 0.45 μm filter
(Arakaki et al., 2005). When the model is constrained
with measurements of H2O2 it is able to predict the diel
cycles of Fe speciation (results not shown). For instance,
Fe(II) accounts for up to 70% of the total DFe in the day
and 20%−30% at night. The main parameter is again the
primary source of superoxide which is much higher in
coastal waters than in the open ocean (Petasne and Zika,
1987; Mopper and Zhou, 1990; Micinski et al., 1993).

3.3. Photo-reduction versus biological reduction of FeL

The uptake of Fe by eukaryotic phytoplankton is
primarily through Fe transporters at the cell surface that
react with inorganic Fe species (Hudson and Morel,
1990; Sunda and Huntsman, 1995). At 32° N for a total
dissolved Fe concentration of 0.1 nM, production of
inorganic Fe from FeL photo-dissociation ranges from
0.8 nM d−1 in January to 1.5 nM d−1 in June in the
standard model, and from 0.2−0.5 nM d−1 when the
photo-dissociation rate coefficient is reduced by a factor
of 10 (Fig. 8). The seasonal variability is larger at higher
latitudes, for instance, from 0.5−1.7 nM d−1 at 50°N
and from 0.2−1.8 nM d−1 at 60° N in the standard
model, due to greater amplitude of solar irradiance
(results not shown). Inorganic Fe may also be supplied
by biological reduction of Fe(III) bound to organic
ligands, which occurs through uptake of ferric side-
rophore complexes by heterotrophic bacteria (Arm-
strong et al., 2004) followed by microzooplankton
grazing (Hutchins et al., 1993) or through an extra-
cellular reduction step mediated by a cell surface
reductase (Maldonado and Price, 2001; Shaked et al.,
2005). Biological reduction was estimated to be in the
range of 0.7−6.8 pM d−1 for a dissolved Fe of 0.07 nM
(or 1−10 pM d−1 for a dissolved Fe of 0.1 nM as
specified in our model) in the subarctic Pacific, com-
pared to a steady-state Fe uptake of 2.4−24 pM d−1 by
phytoplankton in situ (Maldonado and Price, 1999). The
rates of FeL photo-dissociation calculated in our model
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are much faster than that of the biological reduction.
This is consistent with the observations that light
enhanced the rates of Fe uptake by 15-fold, on average,
for all size fractions of phytoplankton in the incubated
subantarctic seawaters (Maldonado et al., 2005). If
biological reduction were promoted by trans-membrane
electron transport during photosynthesis, it would
appear as photo-reduction in our study. However, the
estimated rates of FeL reduction on cell surfaces have
been shown to be small compared to that of photo-
chemical reduction. While these estimates were based
on the rates of phytoplankton uptake of Fe in
measurements (Maldonado and Price, 1999; Shaked et
al., 2005), it is possible that biochemical reduction of
FeL is much faster but is offset by re-oxidation before
phytoplankton uptake.

In conclusion, both measurements and model results
confirm that formation of FeL and its photoreduction
play an important role in the solubility and bioavail-
ability of iron. Formation of FeL is balanced by
photoreduction and reaction with superoxide in the
model (see Fig. 6). Photochemical production of Fe(II)
increases [Fe′] and enhances iron bioavailability
significantly over biological reduction of FeL. It is
further suggested that phytoplankton growth depends on
photoreduction of FeL, which is a possible extracellular
mechanism for iron and light colimitation for primary
productivity under low Fe and low light conditions. This
is in addition to the colimitation of phytoplankton
growth by cellular Fe and photosynthetically active
radiation (PAR) through photosynthesis (e.g., Arm-
strong, 1999; Boyd et al., 2001). A phytoplankton
demands an increase of cellular Fe quota at a decreased
solar irradiance in order to maintain the rates of N
uptake and photosynthesis (Armstrong, 1999). Iron/
PAR colimitation results when a phytoplankton fails to
meet the requirement at low Fe concentrations, which
occurs frequently for cells with a small surface-to-
volume ratio (e.g., large centric diatoms).

4. Summary

A time-dependent chemistry model has been devel-
oped to study the budget of reactive oxygen and
speciation of iron in seawater of the surface ocean.
Measurements of H2O2 provide a useful constraint on
seawater chemistry, including the rate of O2

− production
and Fe speciation. Model results suggest that biochem-
ical sources and sinks of H2O2 are likely more important
than photochemical processes in the oligotrophic ocean.
By contrast, biological reduction of FeL is likely less
important than photochemical reduction as a source of
inorganic Fe and its subsequent uptake by phytoplank-
ton. Biochemical and photochemical processes together
drive iron speciation far from thermodynamic equili-
brium and maintain a high inorganic fraction of total
dissolved Fe, facilitating phytoplankton uptake of Fe in
the ocean. Photochemical reduction converts FeL and
colloidal/particulate Fe to dissolved inorganic Fe during
sunlit hours while a high level of Fe′ is maintained at
night by O2

− from biochemical reduction of O2 on
phytoplankton cell surfaces. It is suggested that photo-
reduction of FeL may be a cause of iron and light
colimitation of primary productivity under low Fe and
low light conditions, in addition to the observed
colimitation by Fe and PAR.

Some measurements are particularly needed to
validate the chemistry model. These include concentra-
tion and production of O2

− and H2O2 in both daytime and
nighttime, at various depths, and for a range of
phytoplankton species and population density. These
measurements will reveal the importance of biological
source of ROS as well as the dependence of ROS on
CDOM concentration and solar irradiance. Concurrent
measurements of various forms of iron in the surface
ocean, including Fe(II)′ over diel and annual cycles, will
provide quantitative information on the processes that
influence iron chemistry. Seasonal measurements of
organic ligands and FeL stability, including its forma-
tion and decomposition rate coefficients, are also needed
from all the oceans. Furthermore, the importance of
organic Fe(II) complexes ought to be explored in the
laboratory and in the ocean.

Our long-term goal is to understand the role of iron in
ocean biogeochemical cycles. A comprehensive model of
ocean biogeochemistry would include biological, chemi-
cal, physical, and radiative processes. Because iron
chemistry influences the biological uptake of dissolved
iron and sinking of particulate iron, the iron chemistry
should be integrated into such a model to understand the
biological impact of atmospheric deposition of soluble
iron or anthropogenic iron fertilization and to study
transport of iron from coastal to pelagic oceans. A
validated biogeochemistry model of carbon and nutrients
including iron in the ocean is a useful tool for the study of
both natural and anthropogenic climate change and its
coupling to carbon cycle and dust emissions.
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