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ABSTRACT

A general circulation model (GCM) of the ocean that emphasizes the simulation of the upper ocean has
been developed. This emphasis is in keeping with its future intent, that of an air-sea coupled model. The basic
model is the primitive equation model of Bryan and Cox with the additions, of optional usage, of the Mellor-
Yamada level 2.5 turbulence closure scheme and horizontal nonlinear viscosity. These modifications are intended
to improve the upper ocean simulations, particularly sea surface temperature and heat content. The horizontal
grid spacing is 1° latitude X 1° longitude and is global in domain. The equatorial region between 10°N and
10°S is further refined in the north-south direction to %5° resolution. There are 12 vertical levels, with six levels
in the top 70 m. The model incorporates varying bottom topography.

Prior to coupling the ocean model to an atmospheric GCM, experiments have been carried out to determine
the ocean GCM’s performance using atmospheric forcing from observed data. The data source was the National
Meteorological Center twice daily 1000 mb analysis for winds, temperature, and relative humidity for 1982 and
1983. From these data, wind stress and total heat flux were calculated from bulk formulas and used as surface
boundary conditions for the ocean model.

The response of the ocean GCM to mixing parameterization schemes and frequency of atmospheric forcing
have been examined. In particular, the use of constant eddy coefficients for both horizontal and vertical mixing
(A-model) versus nonlinear horizontal viscosity and turbulence closure schemes (E-model) have been examined,
along with comparisons of monthly mean versus 12-hourly forcing. It was found that, in general, the E-physics
produces a more realistic mixed-layer structure as compared to A-physics. Using the monthly mean values
produces sea surface temperatures that are too warm, presumably because the evaporative flux, which is pro-
portional to the wind speed, is underestimated. The 12-h forcing improves appreciably both the A and E model
since the heat flux is better represented; the E-case shows an even greater improvement due to its sensitivity to
wind stirring. The near surface heat budget, along with more traditional variables, is examined for a short period
during the 1982-83 El Nifio event. These results are encouraging considering the many possible sources of

1601

error, including those in forcing data, initial conditions, radiative fluxes, and bulk exchange coefficients.

1. Introduction

For weather forecasting on time scales of a few days,
the primary variability is due to the initial state of the
atmosphere. As the time scale increases to a month
and beyond, the memory of the atmospheric initial
state is gradually lost, and the general nature of the
long period fluctuations is to a large extent determined
by the slowly varying boundary at the air-sea interface.
In large-scale air-sea interactions, the ocean primarily
supplies moisture and heat to the atmosphere, whereas
the atmosphere supplies momentum, heat, and fresh
water to the ocean. This implies that within this closed
feedback system, for the heat exchange to the atmo-
sphere to be reasonably accurate, the upper-ocean ther-
modynamics must be well represented. A recent study
by White et al. (1987) suggests that the redistribution
of upper-ocean heat content in the western tropical
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Pacific may be an important factor in the evolution of
ENSO events, showing the necessity for models to sim-
ulate the upper ocean well so that the changes in heat
content may be properly represented.
One-dimensional models of the upper ocean, which
include turbulent mixing processes and local atmo-
spheric forcing, are quite capable of producing realistic
simulations of SST (sea surface temperature) over a
large portion of the world’s oceans (Garwood 1979;
Miyakoda and Rosati 1984). However, these models
do not have the same success in regions where the re-
distribution of heat, due to the dynamics, plays a crucial
role in influencing SST (Meehl and Washington 1985).
Thus, we combine an ocean GCM that simulates the
large-scale ocean circulation with a mixed-layer model
that focuses on the vertical mixing process to simulate
the locally forced response in the ocean boundary layer.
This combination yields a model that includes both
dynamical and thermodynamical processes. There have
been attempts by other investigators at incorporating
primitive equation dynamics and a parameterization
of mixed-layer physics in regional models. Adamec et
al. (1981) and Schopf and Cane (1983) used bulk
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mixed-layer physics to simulate the response of the
ocean to a hurricane and to study the interplay between
the dynamics and mixed-layer physics in the equatorial
ocean, respectively. Pacanowski and Philander (1981),
in a multi-layer model, used a Richardson-number-
dependent eddy viscosity parameterization in equa-
torial studies. Sarmiento (1986) included this param-
eterization for the Atlantic Ocean. Haney (1985) also
used a Richardson-number-based parameterization
combined with a multilevel primitive-equation ocean
circulation model to study the interannual variability
of SST in the central North Pacific Ocean. Blumberg
and Mellor (1983) incorporated the Mellor-Yamada
level 2.5 turbulence closure scheme to their coastal
ocean models. Their approach is very similar to the
one we have taken, but for a limited domain.

The long range goal, which has driven the devel-
opment of this GCM, is the creation of an air-sea
model that is suitable for seasonal forecasts. For the
seasonal time scale, the tropical Pacific Ocean would
be of prime importance; therefore, a limited domain
model covering this region could be embedded in a
climatological ocean. Instead, choosing a global do-
main frees up the need for artificial boundary con-
straints, allows for effects from both midlatitude and
tropics over all oceans, and removes the guesswork as
to where the interactive effects are important.

In this paper, a description of the model and the
external forcings is given in sections 2 and 3. As a first
step toward the development of a coupled air-sea
model, it is desirable to study the effects the subgrid-
scale physics and atmospheric forcing have on the
model. Experiments investigating these effects were run
and are examined in section 4. Section 5 considers the
near-surface heat balance. Some of the results of the
1982-83 run are reported in section 6.

2. Description of the model
a. Design considerations

Since the atmospheric model only feels the ocean
through the SST, it is important that the ocean GCM
have an accurate upper ocean simulation. Such a strat-
egy dictates that the model be of high resolution both
horizontally and vertically in order to resolve the equa-
torial flow properly and to represent mixed-layer pro-
cesses adequately. Also, considering that the ocean in
" the mixed layer is closely tied to the atmosphere, the
observed atmospheric boundary forcing, both wind
stress and heat flux, needs to be treated carefully. These
guidelines have governed the design of the ocean GCM
described herein.

One of the important and difficult modeling issues
concerns the sensitivity of an ocean GCM to param-
eterizations of subgrid-scale processes. Here we contrast
the use of constant eddy coefficients (A-physics) with
nonlinear horizontal viscosity together with the vertical
mixing determined from a turbulence closure scheme
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(E-physics). Miyakoda and Sirutis (1977, 1983) used
this notation, for an atmospheric model, in their study
describing a similar hierarchy of mixing parameteriza-
tions.

b. Governing equations

The model is a modified version of the numerical
model described in Bryan (1969) and made efficient
for modern computers by Cox (1984). Only the equa-
tions governing the ocean circulation will be given here,
but a more detailed description may be found in the
previously mentioned references. Two simplifying ap-
proximations to the Navier-Stokes (primitive equa-
tions) equations are, first, it is assumed that the weight -
of the fluid identically balances the pressure (hydro-
static assumption ), and second, density differences are
neglected unless they are multiplied by gravity (Bous-
sinesq approximation ). A spherical coordinate system
is used, with A, ¢ and z representing longitude, latitude,
and height. Let m = sec¢, n = sing and a be the radius
of the Earth. Then the equations for velocity (u, v),
temperature T, and salinity s are

ou u tan¢ ‘ -
it +20n v = —ma~pyt =
at+£() ( p 2n> ma”po” o=
i} ou
+‘a—z'( wu+»;—>+F7\ (2.1)
D) [ utang 1 -1 Op
—+ + = - =
o _C(v)+( - ZQn)u a”'pg )
i} ov
+EZ-( wv+ua—)+F¢, 2.2)
aT 9 ({ — aT
E-+£(T)—'£(—WT+V7-5;)
+-l—-—I+Fr, 2.3)
PoC, 0z

where the advection operator, £, is represented by

L(w) = ma"[—(uu)’r 9 (vum“)] + 2 v,
(2.5)

where p is an arbitrary variable. The continuity equa-
tion is

L(1)=0 (2.6)
The hydrostatic equation and the equation of state are
op
_—=— 2.
. g, 2.7
p=p(T,s,p). (2.8)
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Here ¢ is time, p is pressure, p is density, v is kinematic
viscosity, #rand », are the thermal and salt diffusivities,
¢, is specific heat, po is a reference value of density, and
I is the downward solar irradiance. Following Mellor
and Yamada (1974, 1982), the level 2.5 closure tur-
bulence is characterized by

abZ 2 abz __au
5 FL@Y =5 (Kb s ) 2wt —~
‘ 3
ZW‘QE—2-g-W7> 2 +F, (29)
0z Po ll
b2l o ] ab3l au
B v 2 = 2 (ke t) o+ ims] 5
3
_ wv@_Es(gw—p)] wZ iR @
oz Po B,

where b? is twice the turbulence kinetic energy (TKE),
{ is the turbulence length scale, and E;, E; and B, are
empirical constants. For the quantity b? or b2/, the
terms above represent the local rate of change (terms
1 and 2), the diffusion of the quantity (term 3), pro-
duction of the quantity due to mean shear (terms 4
and 5), production of the quantity due to buoyancy
(term 6), and dissipation of the quantity (term 7).
The fluxes are given by

ou @
(=i, —WB) = Kn[ 22, 22), (2.11a,b)
9z’ 8z
3
—Wp = Ky 2L (2.12)
dz’

The correlation equations for temperature and salinity
are assumed identical to those for density; therefore,

T = k2L (2.13)
z’
i)
—-ws = Ky as (2.14)
where
Ky = lbsyy and Ky=Ibsy. (2.15ab)

The stability factors 537 and s are analytically derived,
algebraic relations derived from closure hypotheses de-
scribed in Mellor and Yamada (1982). The remaining
unknown is K in (2.9) and (2.10) and is defined anal-
ogous to (2.15a, b) so that

Kb = leb, (2 16)

where s, = 0.25,,/0.392 (note that for the neutral case
where turbulent production is balanced by dissipation,
sy =0.392 and 5, = 0.2). In (2.10), Wis a “wall prox-
imity” function defined as

W= 1+ Ey,(I/L)? 2.17)
where E, is an empirical constant, L = kyz, and k is
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the von Karman constant. Near a surface, / ~ kqz so
that w = 1 + E,, whereas far from the surface / < L,
W~ 1.

In the case of the A-physics, it is not necessary to
solve (2.9) and (2.10), and the vertical mixing coef-
ficients are taken to be constant with K, = 30 cm?s™'
and Ky = 1 cm?s™!,

The terms F\, F,, Fr, F;, Fy and Fy, found in (2.1),
(2.2), (2.3), (2.4), (2.9) and (2.10), represent hori-
zontal subgrid-scale mixing and are all treated linearly
in the A-physics; however, for the E-physics, Fy, F,,
Fr and F; are treated by using an adaptation of the
scheme proposed by Smagorinsky (1963). According
to Smagorinsky (1963 ) and Deardorff (1973), the ratio
of change of the east-west and north-south momen-
tum, resulting from the horizontal stresses appearing
in (2.1) and (2.2), are computed as

6™ (7> cos’¢)
F, = ma [ B +m 3 , (2.18)
3=y (7% coso . \
Fy=ma '[ (;)\ ) + (r 3% ) + sm¢-r”‘] ,
(2.19)

where 7™, 7, 7%* and 7 denote the stress tensors.
We can express them by

M = ApDr, (2.20)
7™ = Ap®D;, (2.21)
= A D, (2.22)
7%% = —Ay*Dr, (2.23)

where the tension and shearing rates of strain, respec-
tively, are defined as

_, Ou 1 _y O(mv)

= 1 ou 1,-1 ATY)
Dr=ma an 9 2.24)

_, ov 1 _y O(mu)

= 1 1, -t NTTH)
D, = ma a)\+m a Yt (2.25)

In this formulation, the horizontal eddy-diffusion coef-
ficient is proportional to the horizontal grid length and
to the local deformation rate. Thus, in (2.20)-(2.23),

A and Ay, are defined by
Ay = | DI, (2.26)
Ay® = c*| D], (2.27)

where ¢ and ¢? are proportional to the square of the
respective grid increments A\ and A¢ and to an em-
pirical constant ¢, the | D| is total deformation, i.e.,

D? =2(D2 + DT ). The factors ¢* and c¢? are given
by
¢t = (cmaAn)?/2, (2.28)
c® = (cal)?/2. (2.29)

The value for ¢ was chosen to be 0.14.
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In the A-physics version, the horizontal subgrid-scale
mixing is treated using linear viscosity. In this case,
the horizontal stresses are written as

_ AM(,,, "%—Mv), (2.30)
% = dym™'a™ %”g‘_), 2.31)
&= A ma %:_, 232)
7% = A,yma”! g(% , (2.33)

where A4, is constant and is equal to 108 cm?s™'.
The equation for the formulation of horizontal

subgrid-scale diffusion is

8 da
= -1 -1 9%
F,=ma ) (A ma 8)\)
: 0 : da
-1 ¢ -1
+ ma ——a¢ (A,x ma —_6¢) , (2.34)

where « stands for either temperature, salinity, tur-
bulent kinetic energy, or turbulent macroscale,

A = v Ay, (2.35)
Al =y Ay, (2.36)

where «, is simply taken to be unity for this case. For
the E-physics, 45, and 4,,® are taken from (2.26) and
(2.27). In the linear (A-physics) case, both 4. and
A,? are taken as constant and equal to 107 cm?s™l,
Both F, and F, always use the linear form with 4,
=4, =10%cm?s7!,

¢. Boundary conditions

The boundary conditions at the ocean surface (z
=0) are

ki g &, ZZ) =N, @)
p06oKis 52 = Qu 239)
s
oo Ku - = pl(s* = 9), (2.39)
b* = B*3ul, (2.40)
b =0 (2.41)
_ w =0, (2.42)
. I=g, (2.43)

where (7%, r?) are the zonal and meridional compo-
nents of wind stress, Q, is the net upward surface heat
flux (see section 3), s* is the climatological salinity
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taken from the atlas of Levitus (1982), and u is an
inverse time scale. In (2.40), u, = |7/po|'/? is the
friction velocity and B, is one of the empirical constants
in the turbulence closure relations. The “rigid lid” as-
sumption (2.42) filters out high-speed external gravity
waves, thus allowing for a larger time step. The value
Q; is the solar irradiance at the surface. Poleward of
55°, the surface heat flux is computed the same way
as the salt flux (2.39), but we use climatological SST
from Levitus (1982). Temperatures are not allowed to
be less than —2.0°C. This is to account for sea ice,
which the model presently does not compute.

At the ocean bottom, z = — H, fluxes of heat and
salt are taken to be zero:

AT Js
K ( P az) 0; (2.44)
also,
b2 =0, (2.45)
bl=0 (2.46)

The horizontal velocities are not set to zero at the bot-
tom; instead, a bottom stress condition is applied:

poKn 7 (u v) = (15", 75%) = k(u, v) |V |

at z=-—-H, (247)
where (7%, 75%) are bottom stress components and k
= 0 0013. Also at the bottom,

1 OH -1 9H

w = —mua N a %’ (2.48)

which results from requiring the flow to be parallel to
the slope.

At lateral walls, a no-slip condition is imposed and
no flux of heat or salt is allowed, so

u=v=gl1=—a—{=0

an " 7n (2.49)

\

where a( )/ dn represents the local derivative normal
to the wall.

d. Numerical methodology and grids

The governing equations, along with their boundary
conditions, are solved by finite difference techniques
with a staggered “B” grid configuration (Arakawa and
Lamb 1977; Mesinger and Arakawa 1976; Wajsowicz
1986). The time differencing is centered, i.e., leapfrog.
However, the scheme is quasi-implicit in that the ver-
tical diffusion is evaluated at the forward time level.
Thus, small vertical spacing is permissible near the
surface without the need to reduce the time increment
or restrict the magnitude of the mixing coefficients.
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The finite difference scheme is energetically consistent
and is second-order accurate in space and time. Details
of the finite difference equations may be found in Bryan
(1969), Semtner (1974), and Cox (1984).

The world ocean is discretized onto a computational
grid with a horizontal resolution of 1° longitude X 1°
latitude but with '4° latitudinal resolution within the
10°N-10°S equatorial band. The vertical layers vary
in thickness to accommodate more resolution near the
surface. There are 12 levels so that the layers thicken
from 5 m at the surface to 1140 m at 3000 m depth,
with eight of the levels in the top 248 m. Since the
model has 12 vertical levels, the actual topographic
data was fitted to the nearest model level. All depths
less than 25 m were considered to be land areas. The
maximum ocean depth is taken as 3000 m. The dis-
tribution of the grid points in the vertical is illustrated
in Fig. 1, with dashed lines indicating the depth at
which the turbulence quantities and vertical velocity
are defined and the solid lines corresponding to the

depth at which horizontal velocity, temperature, and -

salinity are located. One clear deficiency with this res-
olution is the small number of grid points between 69
and 248 m, which does not allow for the equatorial
undercurrent to be resolved properly. In the near future

level

Depth
1 2.5m
2 78
3 141
4 232
5 TsV 389
------------ wb2/----- 490
6 TsV 69.2
------------ wb2Z --~ - 894
7 TsV 1298
1702
8 2400
3258
9 4673
6089
10 850.3
10916
N 14758
1860.0
12 24300
< 30000

FIG. 1. A schematic diagram of the vertical resolution along
with the placement of the variables.
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the vertical resolution will be increased to alleviate this
inadequacy.

e. Initial conditions

The A-physics version was initialized with clima-
tological temperature and salinity (Levitus 1982) and
with currents set to zero. Monthly averaged climato-
logical winds (Hellerman and Rosenstein 1983) and
SST (Levitus 1982) were used to force the model for
6 years, by which time an equilibrium seasonal cycle
was established in the upper ocean. After this spinup
stage, the model was then forced using observed 1982
and 1983 data as described in the following section. In
the future, the model will be initialized using a “four-
dimensional data assimilation scheme” currently being
developed that will update the model with surface and
subsurface oceanographic data (Derber 1987).

3. External forcings

In an ocean GCM, the usual procedure to handle
the surface heat flux is to prescribe the SST and then
calculate the downward heat flux using some vertical
eddy diffusion coefficient. However, since SST is a field
we are interested in simulating, this is not a viable
choice. Instead, we must estimate the surface heat
budget from available atmospheric and oceanic data.
Although in the tropical oceans the wind field dictates
the dynamics and therefore the patterns of SST, the
amplitude is greatly influenced by the surface heat flux.
Any systematic error in the heat flux would contami-
nate the SST values obtained by the model simulations.
We feel this is important and hence we treat the com-
putation of heat flux carefully and present it here in a
rather complete form. Many researchers have tried to
derive empirical equations relating the elements of
standard marine meteorological observations to the
heat budget at the ocean surface. All of the equations
suffer from a lack of accurate measurements of the
budget components. Our strategy for the radiation was
to choose those formulas that were derived and verified
by observations, limited as they are.

a. Formulation of the surface heat flux components

The net surface heat flux @ may be represented by
Q= QS_Qtu (3-1)

where Qs is the downward flux of solar radiation and
the net upward flux as used in (2.38) is

Qu = QB + Ha + LEaa (32)

where Qg is the net longwave (or “back”) radiation
emitted from the sea surface, H, and E, are the sensible
and latent heat fluxes from the sea surface to the at-
mosphere, and L is the latent heat of vaporization. In
Table 1, examples of each of the components of the
surface heat flux are listed.
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TABLE 1. Terms from surface heat flux (3.1) and (3.2) for
December 1982. Units are in °C month™".
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150°E~180°  180°-150°W  150°~110°W  110°~80°W

(20°-40°N)

o) -0.98 -1.39 -0.40

0 1.82 1.78 1.63

0s 0.70 0.73 0.57

H, 0.29 0.36 0.07

LE, 1.80 2.09 138
(10°-20°N)

) -0.55 -0.04 -0.07

0, 3.47 3.36 3.15

0s 0.70 0.72 0.71

H, 0.47 0.46 0.45

LE, 2.85 2.22 2.06
(2.5°-10°N)

) 1.29 115 0.95 1.60

0. 3.89 4.16 4.13 3.94

0s 0.62 0.84 0.92 0.85

H, 0.28 0.43 0.45 0.28

LE, 1.70 1.74 1.81 1.21
(2.5°5-2.5°N)

) 1.98 1.74 1.54 2.38

0, '4.14 4.76 5.02 4.46

0s 0.64 0.89 1.15 0.87

H, 0.20 0.34 0.42 021

LE, 1.31 1.78 1.91 1.00
(10°-2.5°S)

o) 211 2.07 2.22 2.34

o 4.37 5.00 5.57 5.00

0s 0.60 0.77 0.98 0.79

H, 0.21 0.36 0.41 0.25

LE, 141 180 1.96 1.32
(20°-10°S)

Q 2.50 1.72 2.20

Q 5.02 5.06 5.60

Os 0.66 0.78 0.91

H, 0.25 0.43 0.45

LE, 1.61 2.13 2.05 -
(40°-20°S)

Q 291 2.84 2.90

Q. 5.09 4.76 4.76

Qs 0.72 0.68 0.69

H, 0.22 0.19 021

LE, L.73 1.06 0.96

Bunker (1976), Hastenrath and Lamb (1978),
Weare et al. (1981), Esbensen and Kushnir (1981),
and Hsuing (1986) have all discussed the difficulty in
choosing appropriate formulas for Q over oceanic re-
gions. This is especially the case for the radiative flux
which, under generally cloudy skies, has many uncer-
tainties associated with it.
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1) SOLAR RADIATION

We have chosen to prescribe the solar radiation in-
cident on the ocean under clear skies, after the Smith-
sonian Meteorological Tables (List 1958). The radia-
tion at the top of the atmosphere is

Jo
Q = 2 coszDr(¢, A), (3.3)
where the solar constant J, = 1.35 X 102 m 257!, a

is the radius of the earth, and z is the zenith angle; cosz
is given by

3.4

where ¢ is latitude, é the sun declination angle, and 4
the sun’s hour angle. The fraction of daylight D is a
function of latitude and longitude when diurnal effects
are included. However, for this study it is a function
of latitude only and is integrated over a full day. The
direct component of solar radiation reaching the ocean
surface is then attenuated by an atmospheric trans-
mission coefficient 7 as

Obir = Qo %%, 3.5)

where 7 = 0.7. The diffuse sky radiation under cloudless
conditions may be approximated by assuming that,
when scattering of radiation occurs, half is scattered
downward and half is scattered back. Thus we have

QOoirr = [(1 — A2)Qo — Opir]1/2. (3.6)

The water vapor plus ozone absorption A4, is taken to
be 0.09. The total radiation reaching the surface under
clear skies is then approximated by the sum of (3.5)
and (3.6), i.e.,

CQrot = Coir + Cpirr. 3.7

Seckel and Beaudry (1973) made a harmonic repre-
sentation of (3.6), the utility of which there is in general
agreement. However, it is defined over a limited lati-
tude band and could not be used with diurnal variation
and so we chose to explicitly compute Qror.

There are numerous empirical relations to predict
the attenuation of solar radiation by clouds; we have
chosen the formula derived by Reed (1977) and sug-
gested by Simpson and Paulson (1979) to be in best
agreement with observations: '

Qs = Oror(l — 0.62C + 0.00198)(1 — @). (3.8)

Here C is the fractional cloud cover, and 8 is the solar
noon altitude in degrees and is computed by

sing = sin¢ sin[23.45 sin(¢ — 82)]
‘+ cos¢ cos[23.45 sin(s — 82)], (3.9)

c0sz = sing sind + cos¢ cosd cosh,

where ¢ is the Julian day. The ocean surface albedo, o,
is taken from Payne (1972), and these values agree
very well with Simpson and Paulson’s (1979) results.
The variables, Dy, 8, # and 8 are all computed from
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present day astronomy. The notion z, 7, ¢ as defined
here applies only to this section.

2) NET LONGWAVE RADIATION

The choice of an appropriate formula to calculate
net longwave loss from the ocean surface under clear
skies, Qp, is as difficult as the choice for insolation. We
have used the empirical relationship due to M. E. and
T. G. Berliand (Budyko 1974 ), which includes an ad-
ditional term due to air-sea temperature difference,
ie.,

QO = eaT*(0.39 ~ 0.05¢,'/2)(1 — BC)
+ 4eaT3(T, — T,), (3.10)

where ¢ is the emissivity of the ocean (0.97), o the
Stefan-Boltzmann constant, ¢, the atmospheric vapor
pressure (mb), and T, and T, are the ocean and air
temperature, respectively. The vapor pressure e, can
be expressed in terms of the saturation vapor pressure
€ at the air temperature above the sea and relative
humidity r, i.e.,

€ = rea(T,), (3.11)

where ey (T,) is computed using a polynomial ap-
proximation as a function of temperature (Lowe 1977).

Formulation (3.10) gave generally good agreement
with the limited measurements of Simpson and Paul-
son (1979) for clear skies (C = 0). The modification
due to cloudiness can have a considerable effect and
yet the uncertainty as to the proper formulation is great.
Following Reed (1976) and Simpson and Paulson
(1979) we use a linear correction factor with B = 0.8.

3) SENSIBLE AND LATENT HEAT FLUX

The vertical flux of sensible and latent heat in (3.2)
is parameterized by bulk turbulent transfer formulas

H, = paCych [v|(Ts — To,) (3.12)

E; = pace | V] [(esa(Ts) — res( 1,)1(0.622/p,),
(3.13)

where p, = 1.2 X 1072 g ecm™ is the air density, ¢,
= 1.005 X 103 J kg~! K ~!is the specific heat capacity,
L=2501X10%)kg'and Cy=Cr= 1.1 X 1073
are the turbulent exchange coefficients, p, = 1013 mb
is the surface air pressure, |v| is the wind magnitude,
T is the ocean temperature at the top level of the model
and represents SST, 7, represents the atmospheric
temperature at 1000 mb, and e.( T) is the saturation
vapor pressure.

b. Parameterization of solar penetration

Although more than half of the insolation that enters
the ocean is absorbed within the top half meter, the
remaining fraction that penetrates can have a signifi-
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cant effect on the development of the thermal structure.
Using the level 2.5 version of the Mellor-Yamada tur-
bulence closure scheme for one dimension, both Mar-
tin (1985) and Simpson and Dickey (1981) studied the
sensitivity due to solar flux divergence on upper-ocean
thermal structure. Martin found the model simulations
to be particularly sensitive to various optical water
types, turbidity, during the spring and summer. Simp-
son and Dickey studied the effects of two irradiance
parameterizations under various wind speeds and
found that proper parameterization of downward ir-
radiance is crucial for accurate predictions of upper
ocean thermal structure. Following Paulson and
Simpson (1977), the parameterization of absorption
of downward irradiance is given by

I(z) = Qs[R exp(z/§1) + (1 — R) exp(z/$2)],
(3.14)

where {; and {, are attenuation lengths and R is an
empirical constant. Jerlov (1968) has classified oceanic
water according to its optical properties. He defined
five types of water varying from clear (Type I) to in-
creasingly turbid (Type V). We used the values R
=0.58, {1 = 0.35 m, and {; = 23 m, which correspond
to Type I or clear. The divergence of downward irra-
diance may be written as

oI

oz’
which is included as a source term in (2.3). It should
be noted that if the penetrative component of solar
radiation is omitted, then all the heating takes place at
the surface. This would be the same as if we were to
include Qin (2.38) instead of O, and eliminate (3.15)
from (2.3), which is a typical way of including the
surface heat flux.

(3.15)

¢. The momentum flux

The momentum flux is given by the wind stress,
(3.16)

3.17)

where ¢p is the drag coefficient. The value of ¢ is con-
stant at 1.5 X 1073, which is in the middle range of
values as determined by Bunker (1976). Here U and
V represent the wind components.

™ = pacp|v|U,

7%= pacp VIV,

d. The meteorological data

All of the atmospheric quantities, U, V, |v|, T,,
and r, were obtained from the National Meteorological
Center (NMC) 1000 mb analysis. This analysis is given
every 12 h. The period covered was 0000 UTC 1 De-
cember 1981 to 1200 UTC 31 December 1983. For
experiments that used monthly mean data, we simply
averaged the 12 h analysis. The cloud cover, C, was
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taken from the monthly mean climatological data from
Esbensen and Kushnir (1981).

e. Discussion

Even though there are more up-to-date measure-
ments for the solar constant, absorption, emissivity,
and transmission coefficient than the ones used here,
we chose not to incorporate them. This is because the
empirical relationships used for the radiative terms
were derived from the values that we stated earlier.
Altering these constants would be tantamount to mod-
ifying the formulas, and unless the data used in deriving
them were retrofitted, this is not advisable. Future plans
do include making sensitivity studies on the effects of
the cloud field on SST. We will contrast experiments
that use heat flux based on climatological clouds with
the “real” cloud field for 1982-83, based on a satellite-
derived product.

As has been pointed out by Blanc (1985), the choice
of transfer coefficient schemes is indeed perplexing. In
this study we have circumvented this issue by using
constant values. However, one of the schemes will be
chosen and then tested, to see the effects of variable
transfer coefficients on the model.

Using Reynolds’ (1982) observed SSTs and the at-
mospheric data as previously described, we calculated
monthly means of the various heat flux components.
We then compared these to the atlas of Esbensen and
Kushnir (1981) and found agreement within expected
variability. '

Although the degree of uncertainty in all of the above
formulations is high, the patterns of heat exchange de-
rived from the equations are probably realistic; how-
ever, absolute values and magnitude of gradients qual-
ify only as approximations. For us, the final measure
of success is how well, the simulated SST agrees with
observations.

4. The effects of subgrid-scalevphysics and atmospheric
forcings .

Two unique aspects of this modeling approach are
the subgrid-scale (SGS) physics and the use of high
frequency (every 12 hours) atmospheric forcings. In
this section, therefore, we will focus our attention on
these two aspects. We will compare the A-physics
model forced by 12-hour and monthly mean data to
the E-physics model also forced by 12-hour and
monthly mean data. The discussion that follows will
be limited to the tropical Pacific domain during the
onset of the El Nifio event. However, the basic con-
clusions appear to apply throughout the 25-month pe-
riod during which we ran the ocean model.

a. Subgrid-scale variables
1) NONLINEAR VISCOSITY

Haney and Wright (1975) have shown that when a
constant coefficient of lateral eddy viscosity 4,/ 1s used
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in ocean circulation models, a false computational
spatial oscillation is generated in the western boundary
region if 4, is smaller than a critical value. A realistic
value of 4, in the open ocean may be more than an
order of magnitude smaller than where shears or ve-
locity gradients are large, e.g., the western boundary
regions. Figure 2 shows the ratio of 4, for E-physics
to A-physics at the first level (2.5 m), i.e., (Au) g/
(Apr)4, where (Ay) g is computed from (2.26) and
(Aa) 4 = 10® cm? s™!. We can see that the nonlinear
eddy viscosity coeflicients are sensitive to the spatial
scales of motion and therefore are relatively small in
the open ocean [~2 orders of magnitude less than
(Aar) 4], where the scales of motion are comparatively
large, and are relatively large (= unity) in regions
where the scales are comparatively small. Since (4x) £
is proportional to the local deformation field, the
shaded areas of Fig. 2 correspond to regions where the
deformation or variability is large. It is interesting to
compare this pattern with the global mesoscale sea
height variability measured by the SEASAT altimeter
as taken from Cheney and Marsh (1983). Since the
satellite map illustrates the large-scale variability pat-
terns due to current systems, it may be compared with
the model’s results in Fig. 2. We can see a fairly good
correlation in regions of high variability, such as the
Agulhas Current south of Africa, the Falkland/Brazil
Current off South America, the Antarctic Circum-
polar Current, and the north equatorial current systems
in both the Atlantic and the Pacific. The Kuroshio and
Gulf Stream stand out as highly energetic systems in
the altimeter data; however, the model seems to un-
derestimate that variability, particularly as it extends
out from the coast.

It is interesting to note in Fig. 2 that (A4,,) ¢ is larger,
by a factor of 10, in the summer hemisphere than in
the winter hemisphere. A possible explanation is the
compensating effects of the vertical and horizontal
mixings. The vertical mixing is more intense in the
winter hemisphere, due to convective overturning, and
this tends to reduce the horizontal variability.

It is hoped that by reducing the lateral eddy viscosity,
more energetic and realistic grid-scale motions, due to
nonlinear effects, may be allowed to develop. Results
presented later (Fig. 10) will illustrate this point. Cer-
tainly the utility of nonlinear. viscosity, permitting
smaller and more realistic values of A,; in the open
ocean without causing false computational spatial os-
cillations, which would occur when using a constant
value of 4,,, has been demonstrated.

2) TURBULENT KINETIC ENERGY

Figures 3 and 4 show the surface and vertical dis-
tributions of the TKE, b2, as computed from (2.9).

A noticeable feature-of Fig. 3 is the increased inten-
sity of TKE at middle and high latitudes of the winter
hemisphere. These values reflect the large mixing due
to convection when the ocean surface is being cooled,
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causing unstable stratification. Another obvious region

of intense TKE is located over the Indian Ocean during

the summertime, which is associated with the strong
o Somali jet in the atmosphere.

Figure 4 shows the vertical distribution of TKE

along the equator for the Pacific basin during December
1982, This time period represents the end of the first
phase of the 1982--83 El Nifio. Associated with this
event were exceptionally intense eastward currents
along the equator, which were driven by strong westerly
winds and were simulated by the model. As a result,
we see in Fig. 4 that TKE is particularly large in the
western Pacific, mixing momentum down into the
ocean.
- Q Figure 5 is a north-south vertical cross section along
the dateline of the monthly mean vertical mixing coef-
ficient K for December 1982. We can see that there
are two prominent latitude bands with large values of
Ky. One is the equatorial region where the TKE is
high, as previously discussed and shown in Fig. 4. The
second is the winter hemisphere where intense con-
vective overturning is taking place.

Observations of turbulent dissipation by Crawford
and Osborn (1981) gave the view that equatorial mixing
had a strong equatorial maximum. As part of the
TROPIC HEAT program, measurements of vertical
profiles of turbulent dissipation were obtained at the
equator and 140°W (Gregg et al. 1985; Moum and
Caldwell 1985; Moum et al. 1986). Their findings were
contrary to Crawford and Osborn (1981). Crawford
and Osborn found that turbulent mixing does not have
an obvious peak at the equator and that it is dominated
by diurnal fluctuations. The earlier peak seems to be
associated with the limitations of insufficient sampling.
Examining Fig. 4 we see the spatial variability of TKE
along the equator; i.e., between 160°E and 160°W the
values are large but at 140°W, where the measurements
were taken, they are small. A cross section at 180°
(Fig. 5) shows an equatorial peak in TKE. However,
if the section at 140°W were displayed we would not
see it. Similarly, a comparison with the estimates of
Gregg et al. (1985) for Ky shows that the model has
similar values at 140°W, but at 180° the values are
larger by a factor of 100. It may be noted that the model
also contains temporal variability within the equatorial
domain. These comparisons suggest that the limited
observational data available at present may not be ad-
equate for deriving parameterizations for numerical
models that are applicable over the entire equatorial
ocean. Although it is impossible to say if the TKE and
the mixing coefficients are quantitatively correct, it does
appear that qualitatively the values seem responsive to
the physical mechanisms that cause them, i.e., winds,
surface heating, and cooling.

40

120 160E
FIG. 2. Ratio of coefficient of lateral eddy viscosity for the E-physics to A-physics.
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b. The effects on the SST and surface currents

The impact that the SGS processes and the frequency
of atmospheric forcings have on SST is displayed in
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FIG. 4. Vertical distribution of turbulence kinetic energy along the equator
for the Pacific basin. Units are log,o cm? s ™%
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FIG. 5. North-south vertical cross sections at 180° for the vertical
mixing coefficient. Units are log;o cm2 5™,
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Figs. 6 and 8. There are four model results: A-M, A-
12, E-M, and E-12. The notations represent first the
type of SGS physics and then the frequency of atmo-
spheric forcings. For example, A-M denotes the A-
physics with monthly mean forcings, and similarly, E-
12 denotes the E-physics with 12-hourly atmospheric
forcings. Monthly mean and 12-h data were chosen
because these time periods represent the frequency at
which analyzed products are currently available.

Figures 6 and 8 are monthly mean maps (averaged
over every time step) of temperature and velocity, re-
spectively, at the first layer (2.5 m) for July 1982 of
the model simulation. For comparison, Fig. 6 also in-
cludes the observed SST field, which is based on Reyn-
olds’ (1982) analysis. Inspection of the SST fields leads
to the following observations. 1) Both the A-M and
the E-M models, which use monthly mean forcing,
produce unrealistically warm temperatures off of New
Guinea and Central America. 2) The A-12 and the E-
12 models show quite reasonable simulation, although
they, too, have the same regional bias as the monthly
means but to a much lesser degree.

One possible explanation for this difference is that
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since the rate of evaporation, which is a large term in
the heat budget, depends on wind speed, the evapo-
rative flux is being underestimated. This would imply
that in certain regions when the evaporative flux is large
but the monthly mean wind speed is small, the wind
variability must be taken into account so as not to
underestimate the flux out of the ocean. Philander and
Seigel (1984, hereafter referred to as PS), in their sim-
ulation of the 1982-83 El Nifio, used monthly mean
winds and parameterized the high-frequency wind
fluctuations by requiring that the wind speed not be
less than 4.8 m s™!. Thus they avoided the excessively
high surface temperatures. Although the SSTs in the
PS model were too warm, they were somewhere be-

tween the A-M and the A-12 in Fig. 6.

Figure 7 shows the latent heat flux computed in two
different ways. One way was to take the monthly mean
values of each of the variables and calcuiate the flux,
le.,

£ o TV -lew( T,) - Feun( T,

in Eq. (3.3), where ( ) is the monthly average. An-

JULY 1982

LATITUDE

Eq@-E "

20NE '
(S0 ©

20S

80W

LONGITUDE

FIG. 7. Latent heat flux for (top) E," and (middle) E,®. Contour interval is 25 W m 2.
The bottom is the difference. Contour interval is 20 W m 2.



1614

other way is to use the 12-hoi1rly data to compute the
flux and then average, i.e.,

E,® o |v|[em(Ts) — rew(Ta)].

The bottom panel in Fig. 7 shows the difference, i.e.,
(E,® — E,), and we see in the two regions where
the model had excessively warm SSTs, a corresponding
underestimate of the evaporative flux. Esbensen and
Reynolds (1981) distinguished these two methods of
calculating heat flux by the classical method (E,V)
and the sampling method (E,®). They concluded that
monthly averaged values, as in the classical method,
may be used to compute latent heat. However, it would
appear from Fig. 7 that within the tropical region there
must be some degree of variability for there to be such
large differences between the two methods. Therefore,
the sampling method seems more appropriate.

To further elucidate this point, another experiment
was run with the A-physics in which the 12-hourly wind
forcing was used to compute stress only but monthly
mean values were used to compute the heat flux. In
this run (not shown here), the hot spots are still present,
indicating the need for high frequency winds to rep-
resent the evaporation properly. Other possible con-
tributors to the error in heat flux are use of climato-
logical clouds in the radiation and use of constant val-
ues for exchange coefficients, which are particularly
sensitive to high wind speeds, and perhaps, the neglect
of diurnal variation. The PS model and other simu-
lations have used cruder approximations to the heat
flux and yet have obtained quite reasonable results,
" primarily because of the equatorial ocean response to
the wind field. However, close examination reveals
large errors in the SST field, and so, if the concern is
to produce a good SST product, one must treat not
only the wind field but also the surface heat flux care-
fully.

Figure 8 depicts the monthly mean near-surface
current (2.5 m depth) for July 1982. These particular
figures show that the South Equatorial Current is dom-
inant in the eastern Pacific and that the North Equa-
torial Counter Current starts to emerge at the far eastern
basin. Overall, the patterns are similar within the same
physics. It is noteworthy that the magnitude of the sur-
face current vector is smallest in the E-12 model. This
is because the E-physics together with the 12 hour forc-
ings generates TKE (as shown in Fig. 3) and momen-
tum is mixed down to subsurface layers.

The overall SST and surface current patterns be-
tween the two different physics appear quite similar,
indicating the dominance of the wind forcing. How-
ever, the amplitudes are different between the A- and
the E-physics, indicating the effect of the mixing pa-
rameterization and surface heat flux.

¢. The effects on the thermal and current structure

The impact of the SGS processes and the frequency
of atmospheric forcings on the vertical temperature and

SURFACE CURRENT July 1982

A-12
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JANUARY 1983

MM A M
160E 160W 120W

FIG. 9. Monthly mean zonal sections along the equator for temperature (°C) for the A-M, A-12, E-M and E-12 models.

current distribution is displayed in Figs. 9 and 10. Once
again, the four model results are shown for temperature
and velocity. :

Figure 9 is a longitude-depth section of the monthly
mean thermal structure along the equator for the Pa-
cific in January 1983. First, it is remarked how evenly
stratified all the model simulations are, none of which
capture the tight temperature gradient associated with
the thermocline. This suggests that the model’s vertical
resolution below 100 m is not sufficient. Apart from
this drawback, it may be recognized in Fig. 9 that there

are substantial differences in the slope and depth of
the isotherms among the four models.

By January 1983, the El Nifio event is well underway,
so that the slope of the thermocline west of 160°W has
reversed and slopes downward to the east (see PS).
This tendency is displayed in all four models. The basic
subsurface structure between A-M and A-12 is similar,
indicating that the effect of the 12-hour wind forcing
was to better represent the surface heat flux, as has
been discussed, thus giving cooler near-surface tem-
peratures. The E-M case is not very different from the
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A-M and A-12 cases below 50 m, apart from the noise.
Above 50 m the temperatures are even warmer than
that of the A-M case. The explanation for this is that,
even with the poor surface heat flux, there is always
mixing with the constant mixing coefficients of the A-
physics, and so heat is mixed below, whereas with E-
physics the mixing coefficients are determined as func-
tions of TKE. The very buoyant surface layer, which
is formed from the monthly surface heat flux, retards
the generation of turbulence and hence there is very
little mixing. This leads to the excessively high tem-
peratures, which will continue to increase until they
come into equilibrium with the heat flux.

The E-12 model is markedly different from the oth-
ers. One noticeable feature is how well mixed the tem-
perature is, indicating that with proper boundary con-
ditions the E-physics can be quite effective. We can
also see that both the 20° and 25° isotherms are 50 m
deeper than the other three models. The tighter tem-

perature gradient below 100 m, the steeper downward °

slope of the thermocline, the deeper mixed layer, and
cooler temperatures all distinguish the E-12 from the
other three models, and qualitatively, it agrees better
with observations.

Figure 10 shows time-depth diagrams of zonal cur-
rent for the four models at 95°W and the equator for
1982. The shaded regions indicate westward flow. Once
again, we see that the difference between A-M and A-
12 is primarily near the surface, where the currents are
somewhat stronger; otherwise they are close. However,
when comparing A to E the difference in the strength
of the surface currents and the equatorial undercurrent
is apparent. It is evident that the zonal momentum
balance is very sensitive to the parameterization of
frictional processes adopted in the model. One advan-
tage of choosing the turbulence closure scheme is that
it accounts for mixing over multiple turbulent regimes,
as is the case along the equator. The E-physics models,
although better than the A-physics models, underes-
timate the strength of the undercurrent. A possible ex-
planation for this may be that the vertical friction may
be too strong and penetrating too deep. This could
lead to too much dissipation of zonal momentum in
the mixed layer and upper thermocline. Following
Galperin et al. (1988) we limited the master length
scale [Eq. (2.10)] in stably stratified flows according
to

1<0.53b/N,

dp\12
v=(e3)

is the Brunt-V4isili frequency. This limitation reflects
the effects of stable stratification on the size of turbulent
eddies. Preliminary experiments incorporating this
limitation on / show that TKE has a sharp cutoff be-
tween turbulent regimes, thus controlling the leakage

4.1

where
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of vertical friction through the upper thermocline. This
results in a less diffuse thermocline, and the strength
of the undercurrent is increased by 50%. Consistent
with these results, Philander and Pacanowski (1980)
found that by reducing the coefficient of vertical eddy
viscosity the speed of the equatorial undercurrent be-
came more intense. The location of the core under-
current might be better defined with increased vertical
resolution between 75 and 150 m. Another aspect of
the E-physics is that the nonlinear viscosity generates
small values of horizontal eddy viscosity that allow for
a more energetic flow field, which in turn may effect
the vertical mixing. This interplay between horizontal
and vertical mixing has also been discussed by Bryan
and Lewis (1979).

d. The effects on mixed-layer depth

One-dimensional mixed-layer models have success-
fully simulated the observed evolution of SST and
mixed-layer depth (MLD) at various weather ship sta-
tions (see Garwood 1979 for review). For these models
the mixed-layer properties are determined primarily
by local fluxes of heat and momentum. However, in
regions such as the tropics, where the redistribution of
heat due to the mean dynamics can be as important
or more important than the local fluxes, the one-di-
mensional model fails. Hughes (1980), Pacanowski and
Philander (1981), and Schopf and Cane (1983) have
employed various turbulent models to include the be-
havior of the mixed layer in studies of the equatorial
ocean. In this subsection, we will focus on the MLD
from our model experiments.

Figures 11a and 11b display MLD in a time-lon-
gitude section along various latitude bands. We com-
pare E-12 to A-12 for 1982 and also add the observed
climatological MLD, after Levitus (1982), for com-
parison. The MLD is defined here as the depth at which
the temperature difference from the top level exceeds
0.5°C.

Within the tropical band, (2.5°S-2.5°N), we see a
very interesting feature in the climatological MLD, i.e.,
the unusually deep mixed layer in the central and west-
ern part of the Pacific compared to the very shallow
mixed layer in the eastern Pacific. This basic equilib-
rium state is not well simulated by either model, al-
though the E-12 model does considerably better than
A-12, particularly for the 2.5°~10°N band. The reason
for this inadequacy is not well understood since it is
not clear why the surface turbulent boundary layer is
so deep toward the western tropical Pacific. Garwood
et al. (1985) stated that some physical process might

. be missing, namely, the usually neglected component

of the Coriolis force on turbulent mixing. We are cur-
rently investigating this process. In any case it is im-
portant to reproduce this equilibrium mixed-layer
depth because of its effects on heat content. Cane et
al. (1986) hypothesize that heat content in the western
Pacific plays a critical role in the ENSO cycle. We also
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FIG. 10. Zonal velocity (contour interval = 10 cm s™") at the equator and 94.5°W during 1982 for the models
A-M, A-12, E-M, E-12. Shaded areas denote westward flow.

notice the increased MLD in the 2.5°S-2.5°N band
beginning in July and propagating eastward in E-12
and A-12. This is the signature from the strong westerly
winds that occurred during this time and advected
warm water eastward.

In Fig. 11b the seasonal cycle is evident. For the
10°-20°N band the E-12 model seems to be quite rea-
sonable, with the phase and amplitude of the maximum
and minimum in the right place. The MLD, within

the 20°-40°N band, for the western region during the
winter seems to be too deep for both E-12 and A-12.
Because of the nonlinearity of convection, it could be
that diurnal effects might be important for this region
as well as the tropics.

The significant impact that high-frequency atmo-
spheric forcing has on the simulation of MLD and,
accordingly, on ocean forecasting was discussed pre-
viously by Miyakoda and Rosati (1984).
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TABLE 2. Terms from temperature equation (2.6) for December 1982. Units are in °C month™".

150°E-180° 180°E-150°W 150°-110°W 110°-80°W
(20°N-40°N)
aT -0.61 -1.07 ~0.71
~8uT 0.62 - 0.57 113
—9,0T 1.88 1.56 1.58
—owT 244 -1.16 -2.84
Fr —0.42 —0.42 -0.32
3{~wT + v76,T) 2.6 ~2.46 -201
3.1/poc, 1.60 1.57 1.43

(10°N-20°N)

aT -1.53 -1.58 -1.36
~duT 0.26 —1.60 ~1.69
~0uT 1.69 497 4.13
~3,wT 1.36 297 ~1.46
Fr -0.18 -0.12 -0.30
d—wT + v79,T) -5.16 -493 -5.22
3.0/ poc, 3.06 2.96 2.77

(2.5°N-10°N)

aT 1.83 -1.33 -0.73 0.1
—duT —0.49 —4.41 1.90 2,67
—3,0T -4.57 ~7.94 -1.36 -9.13
—a,wT 4.79 12.70 6.05 6.75
Fr 0.10 -0.15 ~0.12 -0.01
3{—wT + v73,T) -4.99 -5.35 -4.96 ~3.64
3.1/poc, . 342 3.66 3.63 347

(2.5°8-2.5°N)

aT —0.34 —0.49 1.06 093
—3uT 431 -2.74 4.87 403
—9,0T -10.90 . 2.29 -8.29 -9.41
—3,wT 6.46 —0.05 424 5.64
Fr 0.06 0.01 ~0.01 0.14
O{~wT + v76,T) -3.88 —4.19 —4.17 -3.26
3.1/ poC, 3.64 4.18 441 392
(10°8-2.5°S)
aT 0.24 0.11 0.63 0.69
—owuT ~4.46 -1.21 2.56 0.89 -
—3,0T 322 -2.72 -0.65 -0.13
—o,wT 1.08 391 ~1.86 -1.05
Fr 0.07 -0.06 -0.09 0.18
O~wT + v78,T)  -3.43 -4.28 -431 -3.25
3.1/ pocy 3.82 4.40 4.90 423

(20°S-10°8)

aT 130 0.42 0.81
~owuT 2.42 ‘ ~1.99 023
~3,0T —5.40 ~2.33 1.25
~a,wT 3.15 447 ~1.26
Fr 0.30 0.34 0.19
3—wT + v70,T) -3.28 ~4.17 -4.32
3.1/poc, 441 445 493

(40°S~20°S)

aT. 142 1.17 1.36
—ouT 0.49 0.30 -0.10
~3,0T 1.84 111 1.85
- wT -2.16 ~1.40 -1.59
Fr 0.65 0.62 0.67
3—wT + v76,T) -321 -3.04 -2.98

8,1/poc, 4.46 4.19 4.19
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TABLE 3. Terms from TKE (2.9) for December 1982. Units are cm? s (X10*) and cm? s~ for Kj,.

150°E-180° 180°-150°W 150°W-110°W 110°W-80°W

(20°N-40°N)

ab? —-0.06 001 -0.01
0AKy3.0%) 320.00 312.00 . 227.00
2Wudu + 2wod,v , 99.00 142.00 111.00
3gwo/po 6.70 8.33 3.06
L(b?) 0.06 0.06 0.06
F, : 0.00 ~0.00 0.00
2b%/B,l 430.00 463.00 340.00
Ky 2900.00 3150.00 2060.00

(10°N-20°N)

ab? 0.24 -0.16 0.61
0,(Kd:b?) 840.00 3050.00 1670.00
2Wudu + 2Wod,v 210.00 240.00 263.00
3gwp/po -1.30 : 481 -1.71
LB 0.39 0.48 0.26
Fy 0.03 —0.04 0.26
2%/l 1050.00 3290.00 1930.00
Ku 1610.00 1610.00 1230.00

(2.5°N-10°N)

ab? ~0.12 —0.21 ~0.12 0.13
3LK3.b?) 3650.00 8480.00 5520.00 6930.00
2wud,u + 2Wod.p 237.00 169.00 137.00 104.00
agwp/po ~13.90 ~10.50 -9.52 -122

LY 0.25 0.48 031 0.19
F, -0.00 -0.01 -0.00 0.03
2b%/Byl 387000 . 8640.00 5650.00 7020.00
K 729.00 938.00 819.00 376.00

(2.5°5-2.5°N)

ob? ~0.79 : 0.01 0.17 0.05
(Kyd.b?) 8520.00 1320.00 3950.00 3590.00
2Wad,u + 2woap ~79.50 52.20 56.70 70.30
dgwp/po -8.80 ~1.96 -3.98 ~10.80
Lb?) 0.1 0.12 0.07 0.05
F, ~0.00 0.02 0.01 0.01
2b%/Bl 8590.00 1370.00 . 4010.00 3650.00
Ky 711.00 1620.00 ' 779.00 259.00

_ (10°S-2.5°S) )
ab? —-0.80 —-0.01 —0.03 0.04

. 9{K9,b%) 45000.00 5660.00 2100.00 922.00
2wudu + 2wodv 86.10 84.40 - 68.80 75.90
agwp/po —8.50 —6.80 —5.82 -5.10

- LY 0.12- 0.16 0.08 0.04
F, —0.00 —0.00 0.02 —0.00
2b%/B,l 45100.00 5740.00 2170.00 992.00
Ky 429.00 782.00 654.00 453.00

(20°S-10°8S)

ab? —0.00 -0.17 -0.00
3AK:9.b%) 2130.00 2190.00 1180.00
2wud,u + 2wvd,v 97.40 117.00 142.00
ogwp/po —5.69 —-4.79 —5.07
L(b?) 0.00 0.05 0.02
F, 0.00 -0.01 -0.00
2b% B! 2220.00 2300.00 1320.00

Ky 310.00 539.00 494.00
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TABLE 3. (Continued)

150°E-180° 180°-150°W 150°W-110°W 110°W-80°W
(40°S-20°S)
ab* 0.00 —0.00 -0.05
3,/K,0,b%) 262.00 218.00 380.00
2wud,u + 2wvdv 308.00 200.00 204.00
adgwp/po ) -5.76 —-6.37 —6.04
LY 0.00 0.00 0.02
F, —0.00 0.00 - 0.00
2b%Byl 565.00 411.00 578.00
Ky 361.00 320.00 318.00

5. Near-surface heat balance

In order to gain some insight into the heat budget
of the model, we examine the balance of terms for the
equations of surface heat flux, temperature, and TKE.
Each term of the equations is averaged over the top
four levels (28.7 m) and monthly mean values are
computed. These values are then averaged over various
subdivisions. By way of example, the Pacific Ocean

and December 1982 were chosen; this corresponds to

the mature phase of the El Nifio. A single month, as
opposed to an annual mean, was selected to show the
seasonal variation within selected latitude bands. Pos-
itive (negative) values represent a net gain (loss) of
the quantity.

a. Surface heat flux balance

Table 1 contains the values of each term of the sur-
face heat flux, @, in (3.1) and (3.2). So that the units
(°C month™') are consistent with the .temperature
equation, all of the surface heat flux terms are divided
by poc,. Looking at the latitudes poleward of 10°, the
Northern Hemisphere winter and the Southern Hemi-
sphere summer are quite discernible in Q. The primary
component for this feature is the shortwave radiation,
Q,, which decreases to the north and increases to the
south. The second most important term is the latent
heat flux, LE,. This term is very dependent on wind
speed and so its seasonal fluctuations are a function of
wind; this is particularly evident in the 20°-40°N band.
The third largest term is the longwave radiation, O3,
which is dependent on SST and cloud cover. The
smallest term, the sensible heat flux, H,, is proportional
to the air-sea temperature difference. When that dif-
ference is small, this term is very small; however, when
the difference is large, as in 20°~40°N, H, becomes
more significant and can even change sign.

Within the tropical band (10°S-10°N), where heat
is gained throughout the year, some interesting features
may be noted. Unlike the 10°-40° bands, where the
primary variation occurs meridionally, the 10°S-10°N
band has its primary variance occurring zonally. From
150°E to 110°W, Q decreases because of the increase
primarily in LE, and Qp, H,. Within 110° to 80°W,

however, we see a marked increase in Q and decreasing
LE_; this is associated with the colder SST in the east.
Even though the dominant terms are Q; and LE,,
their difference is of comparable magnitude to the other
terms.

b. Thermal balance

Table 2 contains each of the terms of the temperature
equation (2.3). Here again the seasonal variation is
pronounced. The rate of change of temperature in-
creases poleward of 2.5°N and decreases poleward of
2.5°S. Within these higher latitude bands, the domi-
nant terms are vertical diffusion, d,(—w7T + v13.7T), a
sink, and divergence of irradiance, 8,1/ pocp, @ source.
Recalling from (2.38) that the top boundary condition
for diffusion of temperature is Q,, the net upward heat
flux, we can see why this term is a net heat loss. For
20°-40°N (winter extratropics) we see that the vertical
diffusion term is about half of the value for other lat-
itude bands. The cause of this is that during December
there is convective overturning in this band and heat
is being diffused upward, and this would be a source
of heat to the upper levels. The difference between dif-
fusion and irradiance can be thought of as the surface
heat flux and can be compared to Q from Table 1.
Basically, the heat flux across the ocean surface is ap-
proximately equal to and hence usually determines the
rate of change of temperature for latitudes off the
equatorial region. This would imply that local one-
dimensional mixed-layer processes govern these areas.
This is evidenced by noting that the three-dimensional
divergence of temperature, —ouT — d,v7 — 3, wT, is
relatively small, as is horizontal diffusion, Fr.

The tropical region is quite a different matter. Here,
the divergence terms are much larger and the difference
between the vertical diffusion and irradiance is smaller.
Therefore, the balance is much more subtle, i.c.; we
have small differences between large numbers. The rate
of change in temperature is not only due to the surface
heat flux but also to the three-dimensional divergence
of temperature. Looking at 2.5°S-2.5°N we see that
in the western region heat is lost and in the east there
is a heat gain. This is because during December 1982
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the trade winds were relaxed and westerlies advected - consistent with the findings of Reed (1983) for the
warm water eastward. This analysis shows that advec- 1972 El Nifio. We also note that the meridional heat
tion of heat during the 1982-83 El Nifio contributed transport term —3,v7 is the large term indicating pole-
to the changes in the surface thermal structure. Thisis ward surface flow. Philander and Pacanowski (1986)
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also found similar results for the Atlantic. They found
that the rate of change in heat content south of 5°S is
very similar in phase and amplitude to the surface heat
flux. However between 5°S and 15°N, where the heat
transport is northward, the divergence of the meridi-
onal heat transport is comparable in magnitude to the
change in heat content.

¢. TKE balance

We have seen that the vertical mixing processes are
very important in determining the temperature struc-
ture. Since these processes are governed by the mixing
coeflicient K, we include an analysis of the TKE (2.9)
in Table 3. For all latitude bands the TKE is dominated
by turbulent vertical diffusion, 9,(K;9,b?), and dissi-
pation, —2b3/B,/. Once again, the reason the diffusion
term is large is that the surface boundary condition
(2.40), which is proportional to the friction velocity
Uy, is contained within it. As with heat flux, the two
largest terms are nearly equal and of opposite signs.
This means that their difference is balanced by the next
largest term, shear production, ~2wud.u — 2wva,v,
as well as by buoyancy production, —2gwp/pe. The
advection term, —.L (b?), and the horizontal diffusion,
Fy,, of TKE are relatively insignificant. Within 20°-
40°N we see that the buoyancy production term is
positive. This is due to the wintertime negative surface
heat flux creating unstable conditions and thus in-
creasing production of TKE. The average value for Ky
is about 500 cm? s ™!, indicating that the top four levels
are well mixed throughout the whole domain shown
here.

AN 1983

6. Results of the numerical studies

In this section we will present a brief overview of
some selected results from the E-12 model.

a. Global SST

Figure 12 displays the global SST patterns for ob-
servations as well as for two different model results for
January 1983. The middie panel is the E-12 model and
the increased small-scale features are readily discernible
compared to observations. In order to investigate this
point, we ran an experiment replacing the nonlinear
lateral diffusion with the linear lateral diffusion from
the A-physics model, seen in the lower panel. Notice
that a much smoothr pattern emerged, showing the
effects of the larger horizontal mixing. In both model
results the anomalously high temperatures in the east-
ern Pacific, during the height of the El Nifio, may be
seen.

Figure 13 shows the SST difference field for the E-
12 model minus the observations. Unshaded regions
are areas where the differences are <1.0°. The largest
errors are in the western boundary region of the Ku-
roshio and Gulf Stream. Within the tropical Pacific

represent differences <1°C, and the light shaded regions represent differences >1°C.

MODEL-OBS

FiG. 13. Difference map for the E-12 model minus the observations for SST. The contour interval is 1°C. The dark shaded regions
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the warm event was captured, but the model appears
to have overestimated the temperature.

b. Vertical structure of temperature and velocity

Figures 14 and 15 are cross sections of temperature
and zonal velocity along the equator at 95°W for 1982
and 1983. The upper figures are the model simulations
and the lower figures are the observed values after Hal-
pern (1987). The observations of Fig. 14 show the
complex vertical structure of the evolution of heat
content during the 1982-83 El Nifio event at 95°W.
We see the thermocline steadily deepening during 1982.
In April and May 1983, we see a rise in SST rather
than the continued deepening of the thermocline, and
finally, in June 1983 we see the restoration to normal
conditions (for a more extensive discussion see PS).
Overall, the ability of the model to simulate these
changes at the equator is demonstrated. Two serious
flaws of the model are the lack of a well-defined ther-
mocline and the inability for the isotherms to rise to
the surface toward the end of 1983. The first discrep-
ancy can possibly be attributed to incorrect initial con-

TEMPERATURE, °C

EQUATOR, 95°W
) A )0

200

J
1982
FiG. 14. Temperature (°C) at 95°W and the equator during 1982-
83. Top: the E-12 model simulation. Bottom: observations after Hal-
pern (1987). Shaded areas indicate values greater than 28°C.
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FIG. 15. As in Fig. 14 but for zonal velocity.
Dark shading indicates westward flow.

ditions and the lack of vertical resolution. The second
discrepancy, indicating the poor performance of the
model in recovering from El Nifio after July 1983, is
related to the errors in the wind field.

In Fig. 15 the observations show a deceleration of
the Equatorial Undercurrent during 1982, the appear-
ance of an eastward jet during April-June 1983, and
finally, normal conditions. Once again the model cap-
tures the gross features. However, the major shortcom-
ings are a considerable underestimation of the Equa-
torial Undercurrent speed and a poor simulation of the
phase of the return to normal.

7. Summary and conclusions

An ocean GCM has been constructed with an ob-
jective of simulating the upper-ocean thermal structure.
Preliminary tests have been performed, using realistic
atmospheric boundary forcing.

The model is global in domain with horizontal res-
olution of 1° longitude by 1° latitude but %:° latitudinal
resolution within the 10°S-10°N equatorial band. It
has 12 vertical levels and incorporates realistic bottom

i
\
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topography. The SGS physics includes horizontal non-
linear eddy viscosity and the Mellor-Yamada level 2.5
turbulence closure scheme for vertical mixing. The at-
mospheric boundary forcing was the NMC analysis for
the 1982-83 period. This time period was selected be-
cause it contained the El Nifio and the simulation of
this event would be a good test of the model.

Experiments were run comparing two versions of
the model, A-physics and E-physics, and two different
frequencies of forcing, 12 hour and monthly. Inter-
comparison with the different forcings on the same
model reveals that the monthly mean forcing produces
excessively high temperatures within the tropics due
to the underestimation of the evaporative flux. This
occurs in regions where the mean wind speed is small
but the variability is large. This is evidenced by com-
paring the A-M model to the A-12 model and the E-
M model to the E-12 model, where we see the im-
provement using the 12-hour forcing. Within the E-
physics model another aspect of the forcing is manifest.
The surface-layer mixing depends synoptically on the
surface wind stress vector 7; however, the Ekman
transport depends on 7* and 7¢. For the E-physics case,
monthly mean values of 7* and 7¢ underestimate the
stress needed for proper mixing. The variability asso-
ciated with the 12-hour forcing provides a mechanism
for more intensive surface mixing. '

Based on these experiments, the conclusion reached
is that the high-frequency forcing is important for both
heat flux and the vertical mixing scheme. The monthly
mean forcing along with a parameterization of the high-
frequency forcing would probably be successful in al-
leviating the problems associated with monthly mean
data. However, even if the statistics of the wind field
could be well represented over all geographic areas,
some of the transient behavior of the real forcing would
be lost. This could be important to a realistic simula-
tion, for example the westerly wind bursts that appear
in the western Pacific would not be captured.

Intercomparison with different models (A-physics
and E-physics) but with the same forcing (12 hour)
shows the overall performance of the E-12 model to
be superior to the A-12. The thermal structure, SST,
current speeds, and MLD are better reproduced by the
E-12 model. However, the E-12 has its inadequacies,
such as poor representation of the equatorial under-
current not capturing the deep MLD and tight gradient
of the thermocline in the western tropical Pacific and
SST errors that are still appreciable. Nevertheless, it
appears that by including SGS physics that better rep-
resent the physical mechanisms of mixing, a more re-
alistic upper ocean simulation may be obtained.

The near-surface heat balance shows that the model
reproduces the seasonal variations reasonably well. In
the extratropics one-dimensional mixed-layer processes
dominate, while in the tropics the balance is largely
affected by the dynamics. The analysis also shows that
the formation of large SST anomalies in the eastern
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equatorial Pacific are due to a combination of advec-
tion of heat and the surface heat flux. It is interesting
to note that within the heat flux, thermal, and TKE
balances, there are two terms that are large but whose
difference is the same order of magnitude as the other
terms. This implies that even errors in the smaller terms
may have significant impact.

This study is considered preliminary, and a ten-year
simulation that includes the 1982-83 El Nifio is un-
derway. Since the ocean GCM is not perfect and the
boundary forcing is not perfect, it is difficult to ascertain
the sources of errors. Our approach is to try to improve
the model and external forcings wherever we can and
then to verify from observations. This will be an iter-
ative process where we hope the results will converge
to the observations. It is within this framework that we
will be investigating model improvements (diurnal
variation, increased vertical and horizontal resolution);
external forcing (data source, bulk formula exchange
coefficients, 1000 mb versus surface data); and radia-
tion improvements (inclusion of realistic cloud cover).
Particular emphasis will be placed on obtaining the
proper strength for the Equatorial Undercurrent.
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