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ABSTRACT

The GFDL general circulation/tracer model has been used to generate the transport coefficients required in
two-dimensional (zonally averaged) transport formulations. This was done by assuming a flux-gradient relationship
and then, given gradient and flux statistics from two independent (and contrived) model tracer experiments, to
derive the coefficients by inversion of this relation. Given the mean meridional circulation from the GCM, the
antisymmetric and symmetric parts of the coefficients tensor determine the advective and diffusive contributions
to the net meridional transport in the model. The effective transport circulation thus defined differs substantially
from the Lagrangian mean and residual circulations and is in fact a simpler representation of the model circulation
than either of these. The diffusive component is coherently structured, comprising the following components:

(i) Strong quasi-horizontal mixing (D,, ~ 1 X 10° m? s™") in the midlatitude lower troposphere, apparently
associated with fronts and the occlusion of synoptic systems.

(i) A band of strong quasi-horizontal mixing (D,, ~ 2 X 10° m? s™') stretching across the tropical upper
troposphere and the subtropical winter stratosphere. This band follows the band of weak zonal mean winds
and is a manifestation in the model of the “surf zone™ recently identified by Mclntyre and Palmer as a region
of breaking planetary waves. Outside the “surf zone,” D,, € 5 X 10° m? s~ in the stratosphere, consistent with
other recent estimates. o

(iii) Intense vertical mixing (D,, = 10 m?s™") in the troposphere at and near the latitudes of the intertropical
convergence zone.

(iv) Vertical mixing (D,, ~ 5-10 m?s™!) through much of the troposphere, a substantial component of which
is associated with subgrid-scale mixing (model convective processes).

/

The validity of the flux-gradient relation as a parameterization of eddy transport processes was tested by
implementing the parameterization in a two-dimensional model, using these derived coefficients. In comparison
experiments it was found that the two-dimensional model could reproduce well the zonally-averaged evolution
of tracers in the GCM; the quantitative errors that were found may in part result from the finite model resolution,
rather than from errors in formulation. Therefore, although the flux-gradient relation is formally justified only
in the small-amplitude limit, it appears to be a useful practical description of large-scale transport by finite-
amplitude eddies. ’
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1. Introduction

Chemical/dynamical models of global constituent
budgets range in complexity from three-dimensional
general circulation models through reducing dimen-
sions to two, one and even zero dimensional models.
While the three-dimensional transport model un-
doubtedly provides the most sophisticated and most
precise approach it is still relatively expensive—espe-
cially if the chemistry is complex—and demanding in
terms of computer facilities and modeling expertise.
Therefore many workers continue to focus their mod-
eling efforts on reduced-dimension models in which
some aspects of atmospheric transport are parameter-
ized rather than explicitly represented. Of these models,
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the two-dimensional, zonally-averaged, model has be-
come widespread.

There are several reasons for the popularity of the
zonally-averaged approach. The first of these is, of
course, the greatly reduced size and complexity of such
models (as compared with a three dimensional model).
Second, for many purposes, the modeling of the zonal
structure of atmospheric constituents is of secondary
importance. Since, in most of the atmosphere, winds
are predominantly zonal, transport in the zonal direc-
tion (albeit along wavy trajectories) is relatively rapid
so that most structure is in the meridional plane. A
third reason is increasing confidence in the parame-
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terization of eddy transport processes. This has tradi-
tionally been effected via a flux-gradient relation. While
earlier formulation and application of this relation is
now recognized as being invalid, more recent devel-
opments have formally justified a flux-gradient rela-
tionship for small-amplitude eddies. Nevertheless, the
transport coefficients which appear in this relation are
functions of Lagrangian eddy statistics which are not
easy to determine from atmospheric circulation data.
Some attempts to construct zonally-averaged models
have therefore relied on simplifying assumptions which
circumvent this requirement or which permit the es-
timation of the coefficients from Eulerian data. How-
ever it will be argued in this paper (section 3) that some
of these assumptions are theoretically ill-founded and
that there is, a priori, little reduction that can be effected
in the complexity of the problem.

The approach adopted here, and described in sec-
tions 4 and 5, is to assume the validity of the flux-
gradient relation and thence to deduce the transport
coeflicients by inversion of that relation, thus circum-
venting the need to obtain Lagrangian statistics. Even
50, the data requirements cannot be met by available
atmospheric data. However, it is straightforward to ob-
tain data in the required form from general circulation
models; the GFDL general circulation/tracer model
was used for this purpose. Of course, this model like
any other has its limitations as a surrogate atmosphere;
however, it should be emphasized that the major ob-
jectives of this study are not seriously undermined by
errors in the model transport. Basically, this study es-
tablishes a two-dimensional description of the three-
dimensional model in order to:

() provide insight into the dynamical processes
which determine zonally-averaged transport in the
model,

(ii) Allow—to the authors’ knowledge for the first
time—an objective basis for assessing the practical va-
lidity of the flux-gradient parameterization, and

(iii) generate a set of transport coefficients which
may be useful as input to two-dimensional transport
models.

Of these objectives, the first two are largely independent
of inadequacies in the GCM transport (provided the
GCM representation of the atmosphere is at all rea-
sonable). The relevance of these results to atmospheric
transport calculations is of course limited by the defi-
ciences of the GCM; the advantage of a GCM approach
is the objectivity it permits which, at the present state
of the art, may make the approach at least competitive
with less objective procedures to estimate transport
coefficients from real data.

Finally, the derived coefficients were tested by using
them in a two-dimensional model and comparing the
predictions of this model with the zonally-averaged
fields produced in parallel experiments with the parent
general circulation model. As discussed in section 6,
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agreement is generally good. This result serves to val-
idate not only these calculations but also the relevance
of the flux-gradient relation; despite the fact that the
assumptions on which the flux-gradient parameteriza-
tion is based (i.e. that the eddies are of small amplitude)
are far from satisfied.

2. The flux-gradient relation and definition of the
transport coefficients

Consider a quasi-conserved constituent whose mix-
ing ratio ¢ satisfies the equation

dq_
dt

where s represents sources and/or sinks. These may be
chemical or photochemical creation or destruction
processes, or molecular diffusion. Indeed, if the former
processes are weak, then diffusion must become a sub-
stantial term in (2.1) since distortion and stretching of
material lines by the motion must then inevitably cause
a cascade of g variance down to small scales, just as
for a dynamical quantity like potential vorticity (e.g.,
see Danielsen, 1981; Holloway and Kristmannsson,
1984; McIntyre and Palmer, 1984; Mahlman, 1985).
The zonally-averaged budget equation may be writ-

ten, in sine-latitude coordinates,

g, _ g _8q _ 1

at+vcos¢ay+waz s pV F
where p is pressure, ¢ is latitude, y = a sin¢ (where a
is the Earth’s radius), z is the log-pressure coordinate
H In[(1000 mb)/p] where H is a constant scale-height
and

s 2.0

(2.2)

F=(F,,F)=(pVq,pw'q) (2.3)

is the eddy flux (where the prime denotes the departure
from a zonal average). In these coordinates the flux
divergence is V- F = 4(F, cos¢)/dy + dF,/dz and the
zonal mean circulation may, by virtue of the continuity

‘equation 4(p?v cos®)/dy + d(pw)/dz = O be written in

terms of a streamfunction x, viz:

Arx). - _dx
oz ’ ay’
In order to obtain a zonally-averaged closure of (2.2),
the eddy flux must be parameterized in terms of zon-
ally-averaged quantities. This usually proceeds by

means of a flux-gradient relation which we write her
in the form ‘

PV cosgp=— w= 2.4)

(Fycosg, F;)=—pK-Vgq (2.5)
where
—_ Kyy K.VZ
K= [ K, Kzz] (2.6)

This type of relation has long been in use (e.g., Lettau,
1951) but it is only relatively recently that it has been
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justified for small-amplitude, but otherwise general,
~eddy motions on a zonal flow (Plumb, 1979, Matsuno,
1980) Thus it has been shown that the transport tensor
K may conveniently be regarded as comprised of two

parts
K=L+D .7

where L and D are respectively antisymmetric and
symmetric tensors whose components may be ex-
pressed in terms of the parcel displacement (£, 3, ¢)

defined in the generalized Lagrangian-mean theory of -

Andrews and Mclntyre (1978). Specifically

0 Y(WT—wh)
= __ 2.
$7n~7D) of @Y
and, for a conserved tracer (s = 0),
0 — 0, —
é—t(%nz) &(%nﬁ’)
D= 2.9)

d ,— 90 =
5;(%11?) a—t(%fz)

If ¢ is not exactly conserved, (and it was noted above
that it never will be) then other terms must be added
to (2.9); for example if s is a weak relaxation such that
s’ = —\q' and if the parcel displacement statistics are
steady, then (2 9) contains an additional term

_| M g

VTRV
(Plumb, 1979; Matsuno, 1980; Pyle and Rogers, 1980a;
Danielsen, 1981). Because of its symmetry, D can be
made purely diagonal via a local coordinate rotation

to its principal axes. If we rotate coordinates through
an angle o where

(2.10)

2D,
tan2a = —D;—_%z—z (2.11)
“then, in the new coordinates,
D, 0
| D’=[ 0 w D;z] (2.12)
where '
D', = cos’aD,,+sin’aD,, + 2 sina COSaDyz} e
D, =sin’aD,,+ cos’aD,,— 2 sina cosaDy,

Provided D, >0,D,>0and D,,, < D,,D,,, then

w = 0 and D’; > 0 and the component of the eddy
flux associated with D is purely diffusive (Matsuno,
1980).

The purely kinematic terms in (2.9) reflect the dif-
fusive transport via simple dispersion of air parcels.
While these dispersion terms are time-derivatives of
parcel displacement statistics they do not (contrary to
- assumptions underlying some approaches to strato-
spheric transport modeling) necessarily vanish when
the Eulerian flow statistics are steady. This fact had
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long been recognised in classical turbulence theory (e.g.,
in parameterizations of the atmospheric boundary
layer) and, indeed, the sustained dispersion of air par-
cels in statistically steady flow is the very essence of
turbulent transport.

The structure of the nonconservative contribution
(2.10), is similar to that of (2.9), but with the relaxation
rate replacing the dispersion rate. Since the former dif-
fers for different constituents, so in principle do the
diffusion coefficients. This apparently undermines any
attempt to derive a universal parameterization of eddy
transport although some progress can be made for sim-
ple motions (e.g., Hartmann and Garcia, 1979; Tung,
1984). In fact, the situation becomes even more com-
plex if two or more constituents interact, although this
can to some extent be circumvented by restricting at-
tention to families of constituents (Pyle and Rogers,
1980a). Any hope of recovering a universal transport
parameterization hinges on the diffusion being domi-
nated by kinematic dispersion.

The contribution to the eddy flux associated with
the antisymmetric tensor L is quite different in char-
acter; this flux is directed normal to the g gradient
(Clark and Rogers, 1978) and is advective, rather than
diffusive (Plumb, 1979; Matsuno, 1980; Danielsen,
1981). Using (2.7) in (2.5), (2.2) may be written

%?+ Vrcos q) + WT%—s-FlV-(pD-VJ) (2.14)
where Ur = (VT, W) is an effective transport velocity
which is defined by

Ixr

14 '
| VTCOS¢=—;£ (px7); I’VT=_‘§ .15y
where the streamfunction is
Xr= x——(vi’ wn) (2.16)

Note that this circulation is not in general the same as
the Lagrangian-mean velocity i of Andrews and
Mclntyre (1978). The physical significance of Uy and
the reasons for the difference between Urand ii” when
D is spatially inhomogeneous may be understood from
Fig. 1. Consider at some initial instant a localized dis-
tribution of 7 at point A. Some short time é¢ later the
distribution of ¢ occupies the stippled region; in the
context of (2.14) we may define ‘a reference point B,
which moves with the velocity Uy and about which g
diffuses. Thus the location of B relative to A is Uzdt.
However if the diffusion about B is nonuniform, the
distribution of ¢ becomes skewed. In Fig. 1 it has been
assumed for simplicity that the diffusion is independent
of z but that D,, increases locally with y and hence the
center of mass of the tracer distribution is located at
C, to the right of B. Since ui” is the velocity of the center
of mass of the distribution (Andrews and Mclntyre
1978) the location of C relative to A is a’6t, and there-
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A

FIG. 1. Nltustrating the difference between the transport circulation
Ur and Lagrangian mean circulation @’ in the presence of inho-
mogeneous diffusion. The reference point B moves with the transport
circulation; the center of mass C moves with the Lagrangian mean
velocity. If the diffusion about B is inhomogeneous, C moves relative
to B and therefore the two velocities differ under such circumstances.
See text for discussion.

fore u* # Ur. The two are equal only when the diffusion
is spatially homogeneous. In fact, u” is otherwise not
a nondivergent velocity [see (5.3) and discussion thereof
below], whereas Uy always satisfies the continuity
equation V- (pU7) = 0, by the definition (2.15). The
transport circulation defined by Uy appears to be the
same as the “advective mass flux” identified by Kida
(1983a) as the time-reversible component of the trans-
port.

In general, xr differs also from the stream function
X Of the residual circulation, defined by (Andrews and
Mclntyre, 1976) _

v
Xx X+a(7/az’ (2.17)
where 8 is potential temperature. Since 8 is a quasi-
conserved quantity, we may use (2.5), with (2.3), (2.7)
and (2.8) to deduce that

gg—[uyﬁ%@"s‘-ﬁ)]gg
and then, using (2.16) and (2.17), that
oy _
80/9z
The conditions under which xr =~ x, and an inter-

pretation of the difference between the two circulations
in general will be discussed below.

v@=-D,,

Xx=X1— D)y D,, (2.18)

3. Determination of the transport coefficients

While the transport coefficients may thus be defined
in terms of Lagrangian parcel statistics, their deter-
mination on this basis is a difficult problem. Such sta-
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tistics are not, of course, available directly from the
routine observational network, nor is it likely to be a
profitable approach to try to infer them from Eulerian
statistics of, for example, velocity variances. (Some
further difficulties associated with the practical appli-
cation of generalized Lagrangian-mean theory are dis-
cussed by Mclntyre, 1980, and Dunkerton, 1980). This
direct approach becomes possible, though still difficult,
in numerical models where one can generate the re-
quired statistics; some gross estimates of D,, for the
stratosphere of a hemispheric model have thus been
made by Kida (1983a). ’

Most previous attempts to éstimate the coefficients
have relied on some simplifying assumptions to reduce
the complexity of the problem. Thus Reed and German
(1965), in their pioneering study, assumed the parcel
orbits to be linearly polarized; this implies a purely
diffusive transport tensor with the diffusion being lo-
cally along the direction of the parcel displacements.
However, it is now recognized that such orbits are
atypical of large-scale atmospheric eddies (Wallace,
1978; Matsuno, 1980) and the “diffusion only” pa-
rameterization is now little used.

More recently, some approaches (e.g., Holton, 1981;
Garcia and Solomon, 1983; Guthrie et al., 1984; Sol-
omon and Garcia, 1984; Tung, 1984; Ko et al., 1985)
have tended toward the opposite extreme, in which net
transport of stratospheric constituents is regarded as
being dominated by the advective transport of the re-
sidual or diabatic circulation. Thus, the diffusive com-
ponent of the eddy transport is relegated aimost to the
role of subgrid diffusion in general circulation models,
which dissipates the small-scale variance generated by
the large-scale deformation fields without having any
appreciable direct impact on the larger scales. This ap-
proach, however, seems incompatible with the trans-
formed Eulerian-mean momentum budget in midlat-
itudes which for inviscid, steady, quasi-geostrophic flow
may be written (¢.g., Edmon et al. 1980).

R — 0
SO, =vQ'=~ yyzf— (3.1)
where f = 29Q sin¢ is the Coriolis parameter and Q is
the quasigeostrophic potential vorticity (the term
K, 00/3z is negligible on quasigeostrophic scaling).
Thus the momentum budget (3.1) may be regarded as
a balance between advection (of mean angular mo-
mentum by the residual circulation) and diffusion (of
potential vorticity). The basis of the assumption of ad-
vection-dominated transport is that if one assumes the
stratosphere to be close to nonacceleration conditions
such that parcel dispersion is weak—formally O(8), say,
in some suitable sense where 8 is small—then the com-
ponents of D are also O(8), while for the elliptical orbits
typical of large-scale atmospheric eddies, L remains
O(1). Therefore, the eddy flux is dominated by the O(1)
advective component. However, near nonacceleration
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conditions this advection serves, to leading order, to
cancel the Eulerian mean advection so that the net
transport circulation Uy is O(8). This is clear from (3.1),
which tells us that ¥, and hence also x, are O(5)
whence, using (2.18), x7 ~ O(8). Therefore, both net
advective velocities and diffusivities are formally O(5),
i.e., both effects depend on departures from nonaccel-
eration conditions (Fels et al., 1980; Kurzeja, 1981;
Plumb 1982). This argument of course breaks down
in equatorial regions, where the quasigeostrophic as-
sumptions on which (3.1) is based becomes invalid.
Indeed, in low latitudes a mean meridional circulation
can exist even in the limit of vanishing eddy transport;
the steady angular momentum budget is then satisfied
by the vanishing of the mean angular momentum gra-
dient, rather than of v, (Held and Hou, 1980). How-
ever, such a balance is unlikely to obtain away from
equatorial regions (and it is a matter of record that it
does not) and therefore the formal balance between
advection and diffusion should typify the extratropical
atmosphere. A careful scaling of the transport equation
(2.14) for a vertically stratified constituent confirms
that advective and diffusive transport effects are for-
mally of comparable magnitude although, unlike the
momentum budget, this is a global statement and not
necessarily valid locally. Consider, for example, the ra-
tio of diffusive and advective terms in a quasi-horizon-
tal coordinate system defined by the principal axes of
D. The vertical advection term is ADV = —~W;d4/dz
while, for weak vertical diffusion, the diffusion term is
DIFF = &(D,,3§/3y)/dy whence |DIFF| 2 D, |0G/dy|/
a, where g is the earth’s radius. Then

DIFF
ADV

'Dyy i
1Wo a

where ¥ = —(8¢/8y)/(8q/9z) is the slope of the mean
mixing ratio isopleths in this coordinate system. Now,
|Wi ~ |Vi|H/a where H is an atmospheric scale
height, and, if we assume |V} ~ |, (which will be-
come apparent below), | W4 ~ |0,|H/a. But, given that
B0/)/f ~ a~! for realistic flows, (3.1) gives [Tyl
~ D, /a. Therefore |Wy| ~ D,,H/a* whence

DIFF
|ADV

ay

A~

TR

Typically, ay/H is of order unity for long-lived tracers,
whence diffusive and advective transport are of com-
parable importance. Indeed, it can be argued (Mahl-
man, 1985) that the mean isopleth slope of long-lived
tracers is determined by just this balance.

The question then arises as to how this statement
can be reconciled with the fact that the mean transport
of entropy (a quasi-conserved quantity) can be ex-
pressed as advection by the residual circulation, without
any other transport terms. Under quasi-geostrophic
scaling for any constituent whose mean isopleth slope
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is sufficiently small (which includes most long-lived
stratospheric tracers), (2.14) becomes

oq éq -_ 9 aq 64

—= D,—+D,—). Q.

ot az J ( a Dy, 3.2)
If 4q/9z is assumed independent of y (cf.,, the quasi-
geostrophic assumption of latitudinally invariant static
stability, if ¢ = entropy) then (3.2) may be wriiten

Bq é 8q -
—+ .
3t ay( ) § 3.3)
where
«__ o 9g/éy
X ™ 3a)0z iz (3.4)

Therefore, as a consequence of the quasigeostrophic
scaling, the combined effects of advection and diffusion
may be represented mathematically by an effective cir-
culation ¥. This equivalence may become more ap-
parent in the context of Fig. 2. Let v = (0/3y)/(0§/9z)
be the slope of the mixing ratio isopleths. From (2.11)~
(2.13), on quasi-geostrophic scaling (when |D,.| < |D,,|
and [D,,| < |D,,|) the diffusion may be approximated
as linear diffusion along the principal axis making an
angle a ~ D,,/D,, with the horizontal. Then (3.4) may
be written.
X=xr+ Dyy(y —a).

Unless D,, = 0 or v = a (when the mixing occurs along
surfaces of constant ¢ and thus achieves no transport
of ¢) X # xr. In the example of Fig. 2 (la| > |v|) the
effect of the diffusion is to reduce the isopleth slopes
(by weakening the concentration gradients in the plane
of the diffusion); precisely the same effect can be
achieved by a circulation as depicted in Fig. 2, whose
streamfunction is D,,(y — «) and which appears as the
correction to be applied to xr in (3.4).

Note, however, that for a passive tracer (3.3) is a
purely diagnostic statement, of little predictive value
since ¥ is a function of isopleth slope and therefore of
the solution (and also therefore differs for different

\\\
i~

—r
Y

A

FiG. 2. Illustrating the formal mathematical equivalence of ad-
vection and diffusion of a vertically stratified passive tracer under
quasi-geostrophic assumptions. Thin lines depict isopleths of §. Thick
arrows show plane of mixing, which tends to reduce the stope of the
isopleths, Open arrows depict the sense of the equivalent circulation.
See text for discussion.
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constituents). It is clear that the description (2.14) in
terms of advection and diffusion is the more funda-
mental and useful one. Setting g = 6 in (3.4), we recover
(2.18) with x, = X, thus identifying the residual cir-
culation as a member of this family. Therefore, even
though entropy transport may be described simply by
vertical advection by the residual circulation—and in-
deed this has proved to be a profoundly useful approach
to dynamical treatments via transformed Eulerian-
mean theory-—it should be remembered in the trans-
port context that this “advection’ incorporates what
we here recognise as diffusive processes of entropy
transport.

To return to the calculation of the transport coeffi-
cients, it is clear that neither advection nor diffusion
may be neglected a priori. One may nevertheless be
able to use dynamical insight to place constraints on
these coefficients (and thereby reduce the number of
variables). The most promising such approach is that
of Mahlman et al. (1981) and Tung (1982, 1984) who
point out that for almost adiabatic eddies, the diffusion
will occur almost along the isentropes. Further, since
this implies K,,60/0y + K,,00/0z ~ 0, it follows from
(2.18) that x7 =~ x4 (Holton 1981). Therefore, given
the residual circulation and mean isentropic slopes
(both of which are Eulerian variables, although deri-
vation of the former is still not a trivial exercise for the
stratosphere) one is left with the much simpler problem
of parameterizing the scalar diffusion rate in isentropic
surfaces. However, although these assumptions appear
reasonable for most regions of the atmosphere, one
can conceive of conditions which violate these as-
sumptions. Mixing processes may be cross-isentropic
even for asymptotically small thermal dissipation rates,
since the cascade to small scales associated with such
events may in fact lead to enhanced dissipation. Ver-
tical, cross-isentropic mixing by internal gravity waves
is an example of this effect, which may also be signif-
icant for mixing generated by large scale disturbances.
Mahlman (1985) discusses the importance of eddy dia-
batic effects in the transport of constituents relative to
isentropic surfaces. In any event we wish to include
here calculation of transport rates in the troposphere,
where latent heat release and other effects will negate
the adiabatic assumption. Therefore, we do not follow
this course here.

Instead, the approach adopted in this study is to take
the flux-gradient relation (2.5) as the starting point and
thence to derive the transport coefficients from a
knowledge of eddy fluxes and mean gradients. To de-
rive all four coefficients in this way requires both
northward and vertical fluxes of two independent trac-
ers (with nonzero and nonparallel mean gradients).
These requirements cannot be met with available at-
mospheric data, since vertical flux data on a global
scale simply do not exist. The required data are, how-
ever, readily obtainable from numerical models and
we choose to adopt this course, using the GFDL general
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circulation/tracer model (hereinafter referred to as “the
GCM”) to integrate global trace constituent fields for-
ward in time from specified initial conditions and
thereby to generate the required eddy statistics. Even
s0, the selection of these GCM experiments requires
care. What we seek to determine is the purely kinematic
transport coefficients given by (2.8) and (2.9) which is
appropriate for exactly conserved tracers. However,
such are effectively ruled out for the purposes of these
experiments by the requirement that the two tracers
be independent. Although one might choose very dif-
ferent initial conditions for two tracers, the inversion
of (2.5) for exactly conserved tracers soon becomes
singular when either the gradient of one or other van-
ishes somewhere (in regions of strong mixing) or when
their gradients become parallel, as with time they will
(Mahlman and Moxim 1978). Therefore the experi-
ments were conducted with almost-conserved tracers
subjected to a weak relaxation to some prescribed dis-
tribution ¢°(¢, 2):

Z—q= —A(¢, 2){q—q°(¢,2)}
i1

where A is chosen to be large enough to maintain non-
zero (and nonparallel) gradients, yet sufficiently small
that the nonconservative contribution (2.10) to eddy
diffusion is small compared to the contribution (2.9)
from dispersion—i.e., the relaxation time A™! is long
compared to the parcel dispersion time scale. The ac-
tual choice of A(¢, z) and further details of the actual
experiments will be discussed. in section 4.

One further choice to be made is the time span of
the statistics to be used in (2.5). What is aimed for in
this GCM approach (and what is usually required in
two-dimensional models) is a representation of the
seasonal transport characteristics rather than of behav-
ior on shorter time scales. Therefore monthly mean
statistics were used in order to give a reasonable reso-
lution of the seasonal cycle without the results being
unduly influenced by individual model events. Some
calculations were done with different averaging periods
to check the stability of the results, as will be discussed
below.

(3.5)

4. The GCM experiments

The structure and operation of the GFDL general
circulation/tracer model is described by Mahlman and
Moxim (1978), to which the reader is referred for de-
tails. The model is a finite-difference, sigma coordinate
model with horizontal resolution of 265 km and 11
vertical levels at standard mean pressure levels of 990,
940, 835, 685, 500, 315, 190, 110, 65, 38 and 10 mb.
The standard height of the top level is thus about 32
km. The tracer experiments are run off-line, i.e., the
tracer continuity equation (2.1) is integrated using, in
the advection term, six-hourly averaged winds stored
every six hours for one year from a previous GCM



304

JOURNAL OF THE ATMOSPHERIC SCIENCES

VoOL. 44, No. 2

TABLE 1. Specifications of tracer experiments.

Duration of experiment

Experiment Initial g on Jan 1 Sinks (months)
1 - ¢ (degrees) No 6
2  Potential temperature Jan 1 No 6
3 sin ¢ Yes (Eq. (4.1)] 13
4 - —In (p/1000 mb) Yes (Eq. (4.1)] 13
5 Midlatitude stratospheric distribution—Egq. (6.1) In troposphere only—Eq. (6.2} 36
6 Zonal-mean field from GCM At 10 and 38 mb only. Surface source To equilibrium

experiment; multiyear experiments are run by recycling
the wind data. In addition to the advective term, a
vertical ' diffusion, dependent on moist Richardson
number, is included to represent subgrid processes
(Levy et al., 1982). The model also includes a horizontal
diffusion term in which the magnitude of the coefficient
depends on the horizontal deformation magnitude and
on the relative mixing ratio gradients (Mahlman and
Moxim, 1978). Discussion of the model climatology is
-given in Manabe and Mahlman (1976) and its impor-
tant characteristics and shortcomings are summarized
in Table 1 of Mahlman and Moxim (1978). The most
serious shortcomings of the model from a transport
perspective are probably deficient eddy kinetic energy
in the midlatitude troposphere and, in common with
most GCM representations of the stratosphere, an ex-
cessively cold polar night stratosphere and absence of
major warmings. The former of these probably indi-
cates weak transport in the midlatitude troposphere.
The second is probably also indicative of weak trans-
port in the model’s winter stratosphere; the implica-
tions of this for the model representation of strato-
spheric tracer transport are discussed by Mahlman et
al. (1986). The impact of the poor resolution of the
stratosphere, with the uppermost model level being at
10 mb, is difficult to assess, although Mahlman et al.
(1986) have discussed some aspects of the impact on
vertical transport in the upper levels of the model.

Tracer experiments undertaken in this model have
included evolution of an idealised distribution initially
similar to the cloud of debris from an atmospheric nu-
clear bomb test (Mahlman and Moxim, 1978) and
simplified ozone (Mahlman et al., 1980; Levy et al.,
1985) and N,O experiments (Levy et al., 1982; Mahl-
man et al., 1986). ,

Several artificial tracer experiments were run for the
present study; these are summarized in Table 1. The
first four of these were two pairs of experiments (each
pair comprising a horizontally stratified and a vertically
stratified tracer) from which the transport coefficients
could be determined. The first pair were run for six
months from 1 January with exactly conserved tracers
whose initial conditions were g set equal to (Experiment
1) latitude (in degrees) and (Experiment 2) potential
temperature as specified by the parent GCM on 1 Jan-
uary. These experiments are described in detail in

Mahlman (1985). Monthly mean g fields from Exper-
iment 1 for March (shown in Fig. 12a) reveal substan-
tial horizontal mixing in the tropical upper troposphere
and subtropical winter stratosphere. In fact, the loss of
horizontal mean gradient in the latter region was so
severe that attempts to derive the transport coefficients,
while successful in January, broke down in February.
Therefore, a second set of experiments (3 and 4 in Table
1) were performed. The initial conditions for these runs
were even simpler being constant stratifications in the
two coordinates y and z, viz. g3(\, ¢, z, 0) = sing, g4(A,
¢, z, 0) = z. In order to preserve nonzero and non-
parallel gradients throughout the course of the exper-
iments, the mixing ratios were relaxed back toward
these values according to (3.5). The choice of A (which
was the same for both experiments) was based on the
two requirements discussed in Section 3:

(i) A had to be large enough to maintain mean tracer
gradients. This criterion was quantified by observing
the time scale on which gradients were destroyed in
experiments 1 and 2.

(ii) A must be small enough not to impact strongly
on the eddy transport characteristics. Dispersion rates
were estimated from the results of deriving the transport
coefficients from experiments 1 and 2, together with
velocity covariance statistics, under the assumption that
the eddies responsible for transport are quasistationary
(this assumption will be justified subsequently).

On this basis a relaxation rate was chosen of the
form

A, D) = (D) Fakdflp).  (4.1)

The fi(p) and f5( p) are vertical profiles, piecewise linear
in pressure, which describe tropospheric and strato-

TABLE 2. Vertical profiles for the relaxation coefficients
in Experiments 3 and 4.

Si(p) SAp)
p<50 mb 0 1
50 mb < p < 100 mb p~50mb 100 mb—p
50 mb 50 mb
p> 100 mb 1 0
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spheric relaxation respectively. Their form is given in
Table 2. The tropospheric rate coefficient was set at

2 .
ag) = [2 +4 exp(— %)] X1077s7t (4.2)
1
where 8; = 30°. Because (as will be seen) the location
of strongest stratospheric mixing is seasonal, a;(¢) was
also specified to be so, as follows.

December-March:

— 2
axe)= [0.2 +6.0 exp(— MZ)—)] X1077s7!  (4.3a)

28,2
where ¢, = 20° and §, = 15°,
April-June and September-November:

2
ax¢) = [O. 1429 exp(— ~¢—)] X1077s™  (4.3b)

26,2
where §, = 25°,

July-August:

(¢ — ¢2)?
26,2

where ¢, = —30° and §, = 15°.

Together, this formulation gives strongest relaxation
(A™' ~ 20-40 d) in what were found to be the regions
of strongest mixing (tropical troposphere and subtrop-
ical winter stratosphere) and much weaker relaxation
elsewhere. It was found that this was sufficient to pre-
vent major loss of mean gradients; it will be confirmed
a posteriori that its inclusion had little impact on the
derived transport coefficients.

Experiments 3 and 4 were run for 13 months from
1 January; the monthly- and zonal-mean mixing ratio
fields are shown at three-monthly intervals in Figs. 3
and 4. Despite the relaxation, the mixing ratios in places
deviated substantially from their relaxed values, thus
revealing the effects of strong transport. Results from
Experiment 3 (Fig. 3) shows that the reduction of hor-
izontal gradient occurs most strongly in two regions:
the tropical upper troposphere and subtropical winter
stratosphere. (The initial gradient, in these regular lat-
itude coordinates, was initially weak at high latitudes.)
The vertically stratified tracer of Experiment 4 (Fig. 4)
highlights vertical transport processes. The rapid ex-
pulsion of gradient from the troposphere reveals the
effects of vertical transport there. In the stratosphere
the isopleths show a tendency toward the characteristic
“poleward-downward” slope of long-lived tracers, with
the isopleths being displaced downward in middle and
high latitudes of the winter hemisphere and upward in
low latitudes of the summer hemisphere.

The eddy fluxes, also shown in Figs. 3 and 4, sum-
marize the eddy component of transport. In middle
latitudes the fluxes are directed primarily along the

a) o) = [0.1 +2.9 exp(—— )] X105 (4.3¢)
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mean mixing ratio isopleths, rather than across them.
This is indicative of advective-type eddy fluxes (anti-
symmetric K) in these regions; indeed this is a char-
acteristic signature of eddy fluxes of conserved tracers
in the absence of parcel dispersion (Clark and Rogers,
1978; Plumb, 1979; Matsuno, 1980). In lower latitudes
the fluxes are more downgradient, suggestive of diffu-
sive-type eddy transport. :

The calculations of K (and thence xr and D) from
(2.5) was for the most part straightforward, given the
monthly-averaged model results. Because of the dif-
ferentiation required, some smoothing was inevitable;
the components of K were evaluated at the midpoint
(in ¢ and in z) between adjacent vertical and latitudinal
grid points. The model data were interpolated from o-
to p-surfaces prior to the calculation; some problems
therefore arose near the bottom boundary where the
p-surfaces may intersect the topography. It was found
expedient to ignore the 990 mb data altogether; instead
of the lowest point for evaluation of K being located
midway between the GCM levels at 835 and 940 mb,
the results were then interpolated to the midpoint (in
z) between 835 and 1000 mb, for reasons that will be-
come apparent in section 6. Even so, o-to-p interpo-
lation caused problems for the evaluation of eddy fluxes
in regions of high topography, especially in the Ant-
arctic and at the latitudes of the Tibetan plateau. In
these regions the actual GCM data were ignored and
replaced by data interpolated into these regions both
in the vertical and horizontal from regions where the
data were considered meaningful.

It might perhaps be noted at this stage that these
problems in fact indicate a limitation of the zonally-
averaged approach at latitudes of high topography. On
pressure surfaces that intersect the earth’s surface, the
zonal mean/eddy separation becomes indistinct (at
least without a special formulation of the separation);
we do not pursue this issue here.

5. Results

For each of the 13 months of integration of Exper-
iments 3 and 4, the transport tensor K was evaluated
as outlined in the previous sections. The mean stream-
function x was also evaluated from the monthly mean
¥ by integrating the first of (2.4) in the vertical, given
x = 0 at p = 0. The net transport streamfunction xr
and diffusivity tensor D were then determined [follow-
ing (2.7), (2.8) and (2.16)] by

xr=x+3 Ky~ K;2) (1)
and
Kyy %(K_VZ + sz)]
= . 52
[%(Kyz + sz) Kzz ( )

Net transport velocities were then determined from
(2.15). Results of this procedure are shown at three-
monthly intervals in Figs, 5-8.
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The mean meridional circulation (v, w) (Figs. Sa-
8a) shows the familiar pattern of low latitude Hadley
cells in the troposphere and Ferrel cells in middle tro-
pospheric latitudes, penetrating up through the strato-
sphere in the winter hemisphere (and, more weakly,
in the Northern Hemisphere during spring and au-
tumn). A summer-to-winter circulation is also evident
in the model stratosphere near the solstices. These Fer-
rel cells are not, however, apparent in the transport

circulation Uy (Figs. 5b-8b), which is dominated by
two Hadley cells throughout the year in the troposphere
and a single cell in the stratosphere from the low lati-
tude summer hemisphere to middle and high latitudes
of the winter hemisphere. This is in accord with theo-
retical expectation, given that Uy is related to the re-
sidual and Lagrangian-mean circulations, and as such
the successful cancellation of the Ferrel cell lends cred-
ibility to the calculation. In fact, the structure of Uris
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FIG. 4. As in Fig. 1 but for Experiment 4.

much simpler than that of the residual circulation; the The Lagrangian-mean velocity it = (7, w%) was
latter is shown for January in Fig. 9a. Comparing this  also determined, according to the relation

with Fig. 5b, it can be seen that the two circulations P 19

are quite similar in the stratosphere but that Uz is much Vrcose + 5Dyy +; o (pDy2)

the simpler of the two in the troposphere, where the  7- COS¢} _ (5.3)
residual circulation is characterized by a tropical Had- 2 - 3 14 :
ley cell and a direct cell in the high latitudes of each Wr+ a—Dyz+‘ 'a_—(pDzz).
hemisphere. These features of the residual circulation Y poz

are also apparent in atmospheric circulation data (Ed- It can easily be shown, given (2.14) that &* thus defined
mon et al., 1980). is the velocity of the center of mass of a narrow tube
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of conserved tracer. For small amplitude eddies, u*”
reduces to the expression of Andrews and Mclntyre
(1978) for @’ in terms of parcel displacement statistics,
given (2.9) [see Eq. (31) of Plumb (1979)]. As noted
earlier, u” is not in general a nondivergent velocity un-
less the diffusivities are spatially homogeneous. In fact,

(5.3) reveals a tendency, in addition to the term Ugy,
for the Lagrangian-mean flow to be directed towards
a region of maximum diffusivity. Andrews and Mc-
Intyre (1978) noted this effect and illustrated it with
the example of #” being directed away from a smooth
wall in the presence of parcel dispersion. These char-
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acteristics are evident in the January Lagrangian-mean
circulation shown in Fig. 9b, especially in the tropical
troposphere, where this flow is directed into the strong
vertical mixing region in mid-troposphere. There is,
however, some overall similarity with Uz and u, in

the stratosphere.

The calculated horizontal eddy diffusivities D,, are
shown in Figs. 5c-8c. In accord with theoretical ex-

FIG. 6. As in Fig. S but for April.

pectation, this quantity is found to be positive almost
everywhere, with small negative values occurring only
where the neighboring values are small (usually near
the poles). Large values (1-2 X 10° m? s™') occur in
the lower troposphere, apparently indicating mixing

by synoptic eddies. The result that this mixing is stron-

ger in middle latitudes of the Southern Hemisphere
than in the Northern Hemisphere is consistent with



LATITUDE

FiG. 7. As in Fig.

the fact that the transient eddy kinetic energy is larger
in the model southern hemisphere throughout most of
the year (Manabe et al., 1974). The dominant feature,
however, is a band of strong horizontal mixing stretch-
ing across the tropical upper troposphere and upward
into the subtropics of the winter stratosphere (weakly
into the subtropics of both hemispheres around the
equinoxes). Indeed in January the strongest mixing
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5 but for July.

anywhere in the model atmosphere (as measured by
the magnitude of D,,) is to be found in the subtropical
winter stratosphere. The detailed kinematics of this
mixing are described by Mahlman (1985) for Experi-
ment 1. The January-mean flow at these levels, which
is shown for 10 mb in Fig. 4.2 of Mahlman and Moxim
(1978), is dominated by the Aleutian anticyclone over
the North Pacific ocean. Mahlman (1985) described
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the evolution of g on the 480 K isentropic surface dur-
ing the first 11 days of the experiment. Attention is
drawn in his Fig. 4 to two ribbons of tracer initially
(Jan. 1) located in the bands 18°-24°N and 48°-54°N.
As early as two days later these ribbons are severely
contorted, stretched and displaced latitudinally in the
region over the North Pacific and the United States. It
is clear that this behavior is associated with regions of

FIG. 8. As in Fig. 5 but for October.

strong deformation on

later these ribbons have

of g 1s weakened and, in

the southeastern and south-

western flanks of the Aleutian anticyclone. Two days

folded and portions have ac-

tually broken off—having been stretched to such an
extent that the GCM subgrid diffusion has become im-
portant. Thus, in only four days, the latitudinal gradient

places, actually reversed over

much of the Pacific/North American region between
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FIG. 9. Further monthly mean characteristics of GCM for January. (a) Residual mean circulation (v,, w,). Scale as for Fig. 5a. (b) Lagrangian----
circulation defined by (5.3). Scale shown at upper left. (c) Mean zonal wind (m s™!). (d) Mean potential temperature (K).

about 20-40°N. Mahlman (1985) also draws attention  the breaking of quasi-stationary planetary waves iden-
to similar, if weaker, mixing events occurring in the tified by McIntyre and Palmer (1983, 1984) on the
midlatitudes of the Southern (summer) stratosphere  basis of the evolution of Ertel potential vorticity (a dy-
apparently associated with migrating cyclonic distur- namical tracer) in the stratosphere during February
bances; this is also evident in a local maximum in D), 1979 (see also Clough et al., 1985). This quantity ex-
(Fig. 5c¢). hibited behaviour very similar to that described here,
There seems little doubt that the mixing in the with ribbons of high potential vorticity becoming
Northern subtropics is a manifestation in the GCM of  stretched out on the southern flank of the Aleutian
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anticyclone. Similar behaviour has been identified in
LIMS-derived maps of ozone during the same period
(Leovy et al., 1985). As Mclntyre and Palmer (1983,
1984) and Mahlman (1985) have emphasized, it is the
formation of closed eddies in the weak low-latitude
winds that is crucial to the dispersion of tracers; at high
northern latitudes in the GCM [see Fig. 4.2 of Mahl-
man and Moxim (1978)] the flow is wavy but essen-
tially laminar and therefore parcel dispersion is weak,
even though the Eulerian eddy amplitudes maximize
there. (This serves to exemplify the crucial distinction,
noted in section 2, between Eulerian and Lagrangian
eddy statistics). It is, therefore, to be expected that mix-
ing arising from quasistationary waves will concentrate
in regions of weak zonal wind. The mean zonal wind
for January in the GCM is shown in Fig. 9¢; by com-
parison with Fig. 5c it can be seen that the entire band
of mixing in the winter stratosphere and tropical upper
troposphere coincides with the band of weak zonal
winds between the equatorial easterlies and midlatitude
westerlies. Indeed the band of maximum mixing closely
follows the migration of the # = 0 line, shown dashed
of Figs. 5c-8c, throughout the year. Conversely, note
from Figs. 5¢ and 9¢ that the mixing is particularly
weak in regions of strong zonal wind.

The elevated band of strong mixing thus appears to
be sustained by eddies propagating upward and equa-
torward from the midlatitude lower troposphere (cf.,

Edmon ét al. 1980) and breaking in the weak winds of -

the tropical upper troposphere and subtropical winter
stratosphere. In the winter stratosphere, we have seen
that the quasistationary eddies are dominant. Even in
the upper troposphere and summer stratosphere, the
close association with the zero wind line suggests a
strong link with quasistationary waves, However tran-
sient disturbances might also be expected to break
where the winds become small (relative to the eddy
phase velocity). Because of the strong shear in the upper
troposphere and the finite spatial extent of the band of
mixing, the band is also reasonably well mapped out
by isotachs of || up to about 15 m s™*, It seems prob-
able (Mahiman, 1985; Mahlman et al., 1986) that
transient eddies are also contributing to the mixing
here, especially since, over the year, the mixing in the
southern subtropics is more intense than in the north-
ern subtropics and the stationary eddies are rather weak
in the Southern Hemisphere. Certainly, in the real
world, there are strong indications that transient eddy
effects are more important than stationary eddies in
this region; from the quasigeostrophic relation

ﬁv -F=vQ’ cosp (5.4
(e.g., Edmon et al. 1980), where F is the quasigeo-
strophic Eliassen-Palm flux, and using (3.1), it follows
that the local ratio of transient-to-stationary eddy-in-
duced mixing can be estimated from the ratio of their
respective Eliassen-Palm flux divergences. In the
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Northern subtropics in winter, the transient eddy di-
vergence is larger than that due to the stationary eddies
(Edmon et al. 1980; their Figs. 4 and 5).

Other components of the diffusion tensor are con-
sistent with dynamical reasoning. Figs. 5d-8d show all
components of the tensor, locally rotated and plotted
relative to its principal axes according to (2.11) and
(2.12). The significance of the plotting format in the
figures is that the crossed lines mark the major and
minor axes of an ellipse which has the same shape as
the isopleths of a tracer diffusing from an initial point
source at the centre of the cross. The regions of large
D,, are evident in the quasi-horizontal component of
the tensor; the influence of D,, manifests itself as
a tilting of the principal axis from the horizontal. Qut-
side the tropics, D, is small and the diffusion occurs
almost entirely along a single axis, tilted at an angle
itan™' (2D,./D,,) ~ D,./D,, to the horizontal [cf,
(2.11)]. As noted in section 3, if the eddies are adia-
batic and the mean isentropes are steady, diffusion
should be directed along the mean isentropes. These
surfaces are shown for January in Fig. 9d; a compari-
son with Fig. 5d makes it clear that qualitatively this
relationship is obeyed outside the tropics, in both
troposphere and stratosphere, although there is a
systematic tendency for the mixing surfaces to slope
more steeply than the isentropes (consistent with
the arguments of Mahlman, 1985).

Following the discussion in section 3, this result ex-
plains the similarity between the transport and residual
circulations in the model stratosphere. However, the
diffusion also appears to be quasi-adiabatic in the model
midlatitude troposphere, where the two circulations are
quite different. This difference must arise either because
of a breakdown of the validity of the quasigeostrophic
representation of the entropy budget [and the vertical
eddy heat fluxes may indeed be larger than a quasi-
geostrophic scaling would have us believe—cf., Sim-
mons and Hoskins, 1978; Edmon et al., 1980] or be-
cause of significant latent heat release, in which case
the transport coeflicients derived here may not be ap-
plicable to entropy transport.

The other dominating feature of Figs. 5d-8d is the
large vertical diffusivity in the tropical troposphere.
This becomes as large as 60 m® s™! in the upper tro-
posphere, corresponding to a time scale for mixing
through the depth of the tropical troposphere of around
40 days—shorter than most time scales of interest in
global transport problems. It should be emphasized
here that these values for D are the diffusion rates di-
rectly associated with the eddy fluxes of resolved mo-
tions; the transport properties of the subgrid parame-
terized mixing will be discussed below. Outside the
tropical troposphere, the values of D,, due to resolved
model motions were smaller (<10 m? s™! in the tro-
posphere, € 0.4 m? s™! in the stratosphere) and appar-
ently not well determined, the calculated values being
negative in some places and generally not well struc-
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tured. The reason for this appears to be that the deter-
mination of D,,, via the relation

——'842 'Traq—l

[Wlh s —wWaq; oz
DZZ=KZZ= pd - — - 5-5
%% o] O

dy 8z 9y 9z

is ill-conditioned in regions where the vertical eddy
fluxes are dominated by the advective contribution,
Fortunately even the larger values of D,, in the strato-

sphere are small enough that vertical diffusion is neg-

ligible there for mature, long-lived tracers.

In addition to the transport accomplished by the
macroscopic model-resolved eddies is the contribution
from the parameterized subgrid processes. These were
assimilated into the present formalism by calculating
the zonally-averaged fluxes associated with these com-
ponents of the transport and again calculating equiv-
alent diffusion coefficients. In fact, the small-scale hor-
izontal fluxes were found to be everywhere and at all
times much smaller (by several orders of magnitude)
than the horizontal macroscale fluxes, and so no cor-
rection to D,, or D,, is required. (That does not mean,
of course, that the subgrid mixing processes are un-
important since, as noted earlier, they may be influen-
tial in fixing the large-scale fluxes). Vertical transport
by the parameterized subgrid motions was, on the con-
trary, far from negligible in the troposphere. Derived
values of D), the effective vertical diffusion coefficient
for the subgrid transport, are shown in Fig. 10. Rather
suprisingly, this mixing maximizes in middle latitudes
{(and in summer) rather than in the tropics; while there
is a local maximum in the region of the ITCZ its in-
tensity is almost a factor of 10 less than that of the
explicit eddy transport in this region (though it may
be that these resolved motions are triggered off by the
moist Richardson number-dependent parameterized
mixing events). In midlatitudes D) is typically 10 m?

s~! and is thus comparable with or larger than the ver-
tlcal dlffusmty associated w1th the macroscoplc mo-
tions in the model.

A few tests were made to check the derivation pro-
cedure. The first of these relates to the use of monthly
mean statistics. The smooth month-to-month variation
found in the results confirms their stability. This aspect
was checked further by compiling the statistics half-
monthly and repeating the calculation for the first few
. months of the year; the differences thus found in the
derived coeflicients were small, except for the first half-
“month period for which the calculated diffusivities were
somewhat larger than the January means. This is pre-
sumably due to the initialization of the experiments
with longitudinally constant mixing ratio. Very rapidly
the mixing ratio isopleths would be distorted approx-
imately into the configuration of the model streamlines.
This transient initialization effect would manifest itself
as a mixing in the zonal mean (cf., Fig. 2 of Plumb
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1979) but is of course quite different from the sustained
parcel dispersion discussed previously. In order to assess
whether this behavior renders the January results un-
representative, the calculation was repeated for the 13th
month of integration, i.e., the second January. The ad-
vecting velocities used in the GCM were exactly the
same as those for the first January but the tracer field
at the beginning of the second year was rather different,
being a mature field (the relaxation being too weak to
have much impact on the longitudinal variability). Re-
sults are illustrated by the D,, field for the second Jan-
uary, shown in Fig. 1 1a. Comparison with Fig. 5¢ con-
firms the repeatability of the results.

Another aspect tested was the impact of the imposed
relaxation on the derived coefficients. Figure 11b shows
D,, calculated for January from the results of Experi-
ments 1 and 2, which included no relaxation (recall
that the determination of K from these experiments -
did not break down until February). While the calcu-
lated diffusivities in the presence of relaxation (Fig. 5c)
are, as might be expected from the discussion of section
2, a little larger than those of Fig. 11b, differences are
everywhere small (mostly less than 10 percent).

6. A zonally averaged model and comparison with the

The calculation of GCM-based transport coefficients
affords an unprecedented opportunity to assess the va-
lidity of the flux-gradient relation (2.5) as a basis for
the parameterization of global transport of trace con-
stituents. This was done by implementing the param-
eterization in a two-dimensional (zonally averaged)
model (hereinafter “the 2D model”), using the derived
transport coefficients x and D on a month-by-month
basis in the integration of (2.14) and comparing the
evolution of tracer mixing ratios in experiments with
this model with the zonally-averaged evolution of par-
allel experiments in the parent GCM. In order to make
the comparison meaningful, the 2D model was de-
signed to be as similar as possible to the GCM in all
respects except (of course) longitudinal resolution.
Therefore, the vertical and latitudinal structure of the
2D model was chosen to be almost identical to that of
the GCM, the exceptions being that the former was
defined in pressure, rather than sigma, coordinates and
that the lowest two levels (at & = 0.940 and 0.990) of
the GCM were replaced by a single level (1000 mb) in
the 2D model. (As discussed in section 4, the transport
coefficients could not be properly evaluated in the low-
est GCM layer.) The finite difference scheme adopted
was based on that used in the GCM but, because the
derivation of the transport coefficients necessarily in-
volved some spatial smoothing (in order to evaluate
fluxes and gradients at the same locations), the two
could not be made exactly compatible. Finally, in order
to focus attention on the parameterization of the trans-
port terms only, the comparison between the two
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models was based on artificial tracer experiments for

which the source or sinks in the GCM could be ex-
pressed in the form s = S — Ag where S and A may
be functions of latitude and height but are independent
of longitude (and therefore also independent of lon-
gitudinally-dependent model variables such as tem-
perature or rainfall). Then § = § — A7 exactly and any
ambiguities arising from the parameterization of § in
terms of eddy quantities (e.g., Tuck, 1979) were thus
avoided.

The diffusivities used in this model were the sum of
those obtained for the resolved eddy transport and the
subgrid vertical mixing. As noted in section 5, the de-
rived diffusion rates were in some places small and
negative. These values could not of course be used in
the 2D model without generating instabilities. There-
fore some quality control was exercised on D, specifi-
cally to satisfy conditions (2.14); this was done by set-
ting D,, and D, to minimum values [1.0 X 10* cos?¢

m” s~ for D,, and 0.1 m? s™* (stratosphere) or 1 m>
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s™! (troposphere) for D,,] wherever the calculated values
were less than these. Because D,, was considered to be
the most poorly determined of the coefficients, at any
grid points not satisfying the criterion D2 < D,,D,,
after this procedure, D., was set equal to D,,%/D,,. The
proportion of coefficients requiring such modification
was small and, even after these increases, the modified
values were almost everywhere too small to give sig-
nificant contributions to large-scale transport.
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The comparisons were based on Experiments 1, 2,
5 and 6 of Table 1. The GCM runs of the first two of
these have already been described in Section 5 and in
Mahlman (1985); results from the 2D model are com-
pared with the GCM results in Figs. 12 and 13. Overall,
agreement is good, although there is some evidence-
that the 2D model fails to reproduce some of the
smaller-scale detail of the GCM results, and some more
serious shortcomings are apparent. Figure 12 compares
the model results for Experiment 1 for March and June.
The predominant stratospheric feature—the destruc-
tion of the latitudinal gradient of g in the winter sub-
tropics—has been reproduced very well in the 2D
model; indeed the overall representation of the strato-
spheric evolution is good, although the 2D model un-
derpredicts the retention of high g values in high lati-
tudes of the winter lower stratosphere. The loss of
structure in the troposphere is also reasonably well
represented by the 2D model results but at a slightly
slower rate than in the GCM run. Perhaps not sur-
prisingly, it was found that if the contribution D to
vertical diffusion associated with the subgrid processes
was omitted, the 2D model rapidly generates and
maintains strong and unrealistic vertical gradients in
the troposphere.

Results from Experiment 2 are compared in Fig. 13.
This experiment was initialized with g equal to poten-
tial temperature on 1 January of the parent GCM;
this initial condition is not shown here but the zonal
average of the initial field is in fact very similar to the
January mean 6 shown in Fig. 7d. Because the weak
tropospheric vertical gradient of g rapidly becomes yet
weaker during the course of the integration, the com-
parison between the two models is essentially a test of
the ability of the 2D models to predict the evolution
of a vertically stratified stratospheric tracer. In fact, as
can be seen from Fig. 13, the comparison is good.
Again, the structure of the 2D model results lacks some
of the finer detail of the GCM results (e.g., the low
latitude minimum of g is less sharp in the former) but
the poleward-downward slopes of the tracer isopleths
are well reproduced, especially in the lower strato-
sphere. The slopes are, however, a little weak in mid-
latitudes of the uppermost model layer. This may ap-
pear to indicate excessive horizontal diffusion in the
2D model; however, in experiments with the model in
which the value of D,, was reduced, the overall agree-
ment was found to deteriorate rather than improve.
Furthermore, reduction of D, was found to produce
a marked deterioration in the 2D model results of Ex-
periment 1, so it seems unlikely that the horizontal
diffusion is excessive. In further experiments, it was
found that the isopleth slopes are sensitive to changes
in x7 (in accord with the conventional view that these
slopes represent a balance between the steepening in-
fluence of advection and flattening by quasi-horizontal
diffusion). It is therefore possible that errors in the der-
ivation of xr, arising from vertical smoothing in the
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FG. 12. Comparison of GCM and 2D model results for Experiment 1. Monthly mean mixing ratios.

Zonal mean GCM results for (a) March and (b) June; 2D model results for (¢) March and (d) June.

uppermost layer (where the vertical resolution is poor)
are responsible for an underestimate of x; there.
Despite the shortcomings noted above, the overall
conclusion from these two experiments is that the eddy
flux parameterization has proved to be relatively suc-
cessful. However, since these two experiments were in
fact similar to those (experiments 3 and 4) from which
the coefficients were determined, it seems desirable to
extend the comparison to other experiments which
might more properly be regarded as independent.
The first of these (Experiment 5 of Table 1) is a vari-
ation of the case studied by Mahlman and Moxim
(1978) as an idealized study of the evolution of the

stratospheric debris from atmospheric nuclear bomb
tests. The differences between Experiment 5 and that
of Mahlman and Moxim were designed to meet the
criteria specified above to ensure that the loss of lon-
gitudinal resolution in the 2D model was the only ma-
jor difference between this model and the GCM. The
initial condition on 1 January (Yr 1) was taken to be
a zonally uniform distribution

—(z—zo)’ -
s e

_ 2
g\, ,2)= 1000 eXp( D) )

2A¢?
(6.1)



318

a)

PRESSURE (mb)

315} ‘ 1
500} ) : ‘ .
685 i ]
1000

30S EQ 30N 60N
LATITUDE

608
c)

10

381
651

d
-
110 400 1

190¢f

PRESSURE (mb)

315}

500}

685/
1000

/j
30S EQ 30N 60N
LATITUDE

e

608

JOURNAL OF THE ATMOSPHERIC SCIENCES

PRESSURE (mb)

VoL. 44, No. 2

b)

190

PRESSURE (mb)

315

500
685
1000

- 1 A I\
30S EQ 30N 60N
LATITUDE

60S

38¢1

65

110
190

315

500}
685
1000

30S EQ 30N 60N

LATITUDE

805

FIG. 13. As in Fig, 12 but for Experiment 2.

where zo = 19.68 km, Az = 5 km, ¢g = 45° and A¢
= 10°,

Rather than the parameterized wet and dry depo-
sition scheme used by Mahlman and Moxim, a simple
tropospheric sink s = —Aq was applied with

(p—300mb)
700mb
0, p<300mb.

(10d)” p>300mb

The experiment was run for 37 months beginning 1
January (Yr 1). The monthly-mean §(¢, z) at six-

monthly intervals are shown in Figs. 14 (GCM) and
15 (2D model). During the first year of the experiment
[cf., Figs. 14(a)-(c) and 15(a)-(c)] the spreading of the
tracer cloud poleward-downward and across the equa-
tor is reproduced extremely well by the 2D model. By
the middle of the second year, however [Figs. 14(d),
15(d)] it becomes clear that the 2D model is exagger-
ating transport into high latitudes of the Southern
Hemisphere stratosphere, a trend that continues
throughout the remainder of the experiment [Figs.
14(e)~(g), 15(e)~(g)]. At about the same time, the 2D
model transport down from the lower stratosphere to
the tropospheric sink apparently begins to exceed that
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of the GCM experiment. This is suggested by Fig. 16;
during the first year, the hemispheric mean mixing ratio
in both hemispheres of the two models agree very well,
but subsequently that in both hemispheres decays more
rapidly in the 2D model than in the GCM. In fact,
during the latter stages of the experiment, the 2D model
underestimates the global tracer lifetime by about 20
percent. Despite these differences, the morphology of
the model results—particularly the poleward-down-
ward slope of isopleths in the lower stratosphere—
seems to be converging in the later stages of the ex-
periment. v

This ability of the 2D model to simulate the mature-
structure of long-lived tracers was demonstrated further
in Experiment 6, which is the “Fast-sink N,O” exper-
iment of Mahlman et al. (1986) to which the reader is
referred for details. In this experiment a constant, zon-
ally uniform source is specified at the surface and, in
the 2D model, a sink of the form § = —Aq is specified
at the two uppermost model levels; A(¢, z) was deter-
mined month-by-month by inverting this relation,
given the monthly mean § and g from the final year of
the GCM run. As for the GCM run, the 2D model’s
progress toward equilibrium was accelerated by using
the updating technique of Levy et al. (1982); the mag-
nitude of the surface source was chosen to give a mean
surface mixing ratio of about 295 ppbv. The equili-
brated monthly-mean fields at three-monthly intervals
for the final year of the GCM and 2D model runs are

compared in Fig. 17. The value of the surface source
adopted to achieve this result was 2.405 X 10'? mol-
ecules m~ s™!, some 22 percent higher than that re-
quired to maintain the same mean surface mixing ratio
in the GCM run; this appears to be broadly consistent
with the suggestion of exaggerated troposphere-strato-
sphere transport of the 2D model from the results of
Experiment 5; however, possible errors in the repre-
sentation of mean advection noted above in the region
of the uppermost level could also have an impact
through their influence on the flux into the sink region.
As compared with the GCM results (shown in Fig. 1
of Mahlman et al., 1986), the 2D model appears to
reproduce the gross features of the GCM distribution
and their seasonal variation very well, in both strato-
sphere and troposphere. However the equatorial “tro-
popause” of the tracer distribution is higher (by about
one vertical level) in the 2D model than in the GCM;
this may be a consequence of the effective vertical
smoothing of the transport coefficients noted earlier.

7. Summary and discussion

The success of the 2D model in reproducing the
transport properties of the GCM lends credibility to
the use of the flux-gradient parameterization to rep-
resent large-scale eddy transport of passive atmospheric
tracers and therefore also to the basis of two-dimen-
sional (zonally-averaged) tracer modeling, to within the
necessary limitations of such models. The most obvious
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such limitation is the lack of longitudinal resolution
which, among other things, precludes direct com-
parison with station data. A less obvious limitation is
time resolution, a point touched on in section 5. It is
clear, for example, that two GCM experiments, ini-
tialized with tracer distributions with identical zonal
averages but different longitudinal structure, would
evolve differently. A zonally-averaged model would of
course see the two experiments as identical and could
not therefore be expected to represent the transport
correctly until the tracer distributions had become ma-
ture (i.e., with tracer isopleths approximately coincident
with the large-scale streamlines). From the behavior of
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experiments 3 and 4 in the early stages of evolution,
it appears that the time scale for this to occur is typically
10-20 days. Since (as in most applications of zonally-
averaged models) the time scales of interest in the ex-
periments described above are much longer than this,
the problem did not present any difficulties here.
Apart from their application as input to zonally-av-
eraged models, the transport coefficients derived from
the GCM experiments are of more general interest be-
cause of what they reveal of the dynamics of large-scale
transport processes. The two components—advective
and diffusive transport—are summarized for the model
atmosphere at the solstices in Fig. 18. The simplicity
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FiG. 17, (Continued)

of the circulation U7 has already been noted, with a
two-cell Hadley-like structure in the troposphere and
a single cell in the stratosphere. As such, it is structurally
simpler than the Eulerian mean and even the residual
mean circulations. It is also much simpler than the
Lagrangian-mean circulation estimated from the
transport coefficients, but qualitatively similar to that
determined by Kida (1983a,b). The quasi-horizontal
(quasi-isentropic) eddy mixing process are most evident
in two distinct regions. The strong mixing in the mid-
latitude lower troposphere is associated with transient
eddies and may be an indication of the cascade pro-
cesses associated with frontogenesis. The elevated band
of strong mixing across the tropical upper troposphere

and into the winter subtropical stratosphere appears to
be an independent confirmation of the reality of the
“surf zone” identified by McIntyre and Palmer (1983,
1984)—on the basis of observed potential vorticity
maps—as a manifestation of breaking quasistationary
and (in the troposphere) transient planetary waves in
the weak subtropical zonal winds. Strong vertical mix-
ing is found in the tropical troposphere; vertical dif-
fusivities are ill-determined elsewhere, though the total
vertical diffusivity D,, was found to be around 10 m?
s”! in much of the model troposphere.

It is of interest to compare the diffusion coeflicients
obtained here with some of those used hitherto in two-
dimensional modelling studies. Some comparisons for
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Fi1G. 18. Schematic representation of the transport characteristics of the GCM at the
solstices. Broad arrows: major results for advective transport. Thin, double-headed
arrows: major locations and directions of diffusive transport. (cf. Kida, 1983b).

D,, are made in Fig. 19. (The reader is reminded that
the definition used here for D,, differs by a factor cos’¢
from that used in many other studies; the values plotted
here are all expressed in the present notation). In the
stratosphere (Fig. 19a) the low-latitude values obtained
here are surprisingly similar to those estimated by Hi-
dalgo and Crutzen (1977) on the basis of the observed
ozone distribution—surprisingly, that is, because it has
been suggested in a number of recent studies that the
appropriate diffusivities are much weaker than these.
Kida (1983a), for example, has estimated D,, < 3
X 10° m? s7! in the winter stratosphere, on the basis
of parcel dispersion rates in a numerical model. How-
ever, it has been seen that stratospheric mixing is as-
sociated with quasi-stationary waves; Kida’s model ap-
pears to be deficient in stationary wave activity—it has
no orographic forcing—and, therefore, it seems likely
that this value is unrepresentative. In fact Kida also
found, as argued in section 2, that the effects of both
advection and diffusion are formally comparable—the
mean circulation is his model is also substantially
weaker than that found here. Recently, however, Ko
et al. (1985) have argued that the effects of diffusion
in the stratosphere must be weak (through perhaps not
negligible), apparently in contradiction to the present
view as well as the results not only of Kida (1983a) but
also of Pyle and Rogers (1980b) who found that without
significant diffusion, their two-dimensional model pre-
dictions of stratospheric ozone profiles were substan-
tially in error. This conclusion of Ko et al. was based

partly on theoretical arguments (those of Tung, 1984,

in which much of the quasi-stationary wave activity is

neglected and which therefore may seriously under-
estimate the diffusion) and partly from a comparison
of model predictions of the latitudinal profile of total
HNO; with observations, in which they found that a
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FiG. 19. Comparison of latitudinal profiles of derived horizontal
diffusion coefficients for January. (a) Stratospheric values. Results of
present study at about 20 mb (solid) and those of Hidalgo and Crutzen
(1977) at the same level (thin solid). (b} Upper tropospheric values.
Results of present study at about 240 mb (solid), those of Hidalgo
and Crutzen at 200 mb (thin solid), and modifications made to the
latter by Hyson et al. (1980) (dashed).
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constant (in ¢-coordinates) diffusion coefficient which
in present notation becomes D,, = 1 X 10° cos’¢ m?
s™! generated latitudinal gradients that were too weak.
Note, however, that while the values determined in the
present study are some 2-4 times larger than this in
the winter subtropics, they are substantially smaller
elsewhere, so that Ko et al.’s statement regarding the
gross, global structure does not necessarily conflict with
the present results. Indeed, the observed HNO; profiles
of Gille et al. (1984) show a region of weak gradient
in the winter subtropics as would be expected with
strong mixing there; this reinforces the impression
gained from the present study of the importance of
correctly representing the structure of D,,,, and not just
its typical magnitude, in zonally averaged models.

In contrast to the stratospheric comparison, the val-
ues obtained here for D, in the troposphere differ sub-
stantially from those of Hidalgo and Crutzen. These

differences are most marked in the upper troposphere.

(Fig. 19b) where the two latitudinal profiles are strongly
anticorrelated, with Hidalgo and Crutzen’s values
minimizing in the tropics where the present results in-
dicate strong mixing. However, Hyson et al. (1980)
found the need to increase Hidalgo and Crutzen’s val-
ues in the tropics in order to obtain satisfactory model
predictions of the interhemispheric gradient of CCL;F.
Their upper tropospheric values, also plotted in Fig.
19b, are quite similar in the tropics to those derived
here. .

One point that is raised by Figs. 18 and 19b relates
to the often-stated view that the tropics act as a throttle
to interhemispheric exchange. The properties of tro-
pospheric transport revealed in the GCM contradict
this view. The route for transport from the midlatitudes
of one hemisphere into the other (see Fig. 18) is

(i) into the intertropical convergence by lower tro-
pospheric advection

(i) upward advection and diffusion, and then

(iii) outward into the upper troposphere of both
hemispheres, again via both advective and diffusive
processes. As is clear from the results of Experiment
1, this process is very rapid; indeed it would appear
that the time scale for exchange between high latitudes
of the two hemispheres is limited by the time scale for
transport into the tropics (or, for a midlatitude source,
by the time scale for the Hadley cell, in its seasonal
migration, to move close to the source region) rather
than that for transport across the tropics. (Of course,
a particulate or soluble tracer would be strongly de-
pleted by wet removal processes in the tropics, but that
1s another question.)

The transport coefficients derived in this study are,
by design, representative of the dispersion of conserved
tracers in the model. As discussed in section 2, however,
additional diffusive effects arise for nonconserved con-
stituents. To what extent these so-called *“‘chemical
eddy” terms are important depends on the relative

R.A.PLUMBANDJ. D. MAHLMAN

325

magnitudes of the two effects. Rogers and Pyle (1984)
have calculated horizontal diffusivities arising from the
chemical relaxation effect (only) for ozone; their values
are typically less than 1 X 10° m?s™! in low and middle
latitudes of the winter stratosphere and so it appears
that the dispersion effect represented by the present
results will dominate, at least in the subtropics. Further,
as will be discussed below, it seem likely that the GCM
underestimates the transport in the high latitude winter
stratosphere, so that even there dispersion may dom-
inate. Therefore the present results may be applicable
to all stratospheric tracers (at least below 10 mb) whose
lifetimes are comparable with or longer than that of
ozone.

Of course, the best that can be expected of the derived
zonally-averaged model (and we have seen that it ap-
proaches this expectation) is that it will reproduce the
zonally-averaged behavior of the parent GCM, includ-
ing its shortcomings. The impact of some of these
shortcomings is difficult to assess. The apparent impact
of the upper lid at 10 mb on vertical transport in the
upper levels of the model has been discussed by Mahl-
man et al. (1986) on the basis of the model’s perfor-
mance in simulating the distribution of N,O. Another
potentially serious shortcoming of this model (and most
others) is the absence of high-latitude stratospheric
warming events. It seems likely that the impact of this
on the present results is that the derived transport coef-
ficients are too weak in high latitudes, especially in late
winter. However, there are some indications that the
large values derived for Dy, in the winter subtropics
are reasonable. During early winter, the gradient of
quasi-geostrophic potential vorticity is eroded in the
winter subtropics; this process has become known as
“preconditioning” because it is believed to be a nec-
essary precursor to subsequent high-latitude warming
events (see Mclntyre, 1982). As was discussed in section
3, only the diffusive component of transport influences
the quasigeostrophic potential vorticity budget. Mixing
over the length scale of 3 X 10° m in a time scale of
about 50 days implies a diffusion coefficient of L¥/T
~ 2 X 10° m? s™!, very much in line with the values
determined here. If the magnitude of D,, were as small
as some of the suggested values noted above, precon-
ditioning could not occur in the time available (a winter
season).

While no assumptions were made a priori in this
derivation, the results obtained for the model strato-
sphere largely support the assumptions of Mahlman et
al. (1981) and Tung (1982, 1984); viz, the diffusion is
approximately along the isentropic surfaces and the
transport circulation is reasonably well approximated
by the residual circulation. Therefore, notwithstanding
the near impossibility of deriving the complete trans-
port coefficients from observed circulation data, one
may be able to construct a soundly based model via
the flux-gradient approach used here. Specifically, given
calculations of D,, from, say, the flux of quasigeo-
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strophic' potential vorticity, D,, could be estimated
from the isentropic slopes. A calculation of the residual
_circulation and an assumption that vertical diffusion
is negligible would complete the set of required coef-
ficients, assuming that D,, is negligible in the strato-
sphere. This procedure has been adopted by Newman
et al. (1986).
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