15 JUNE 1993

SUN AND LINDZEN

1643

Distribution of Tropical Tropospheric Water Vapor

DE-ZHENG SUN AND RICHARD S. LINDZEN

Center for Meteorology and Physical Oceanography, Massachusetts Institute of Technology, Cambridge, Massachusetts

(Manuscript received 30 December 1991, in final form 11 August 1992)

ABSTRACT

Utilizing a conceptual model for tropical convection and observational data for water vapor, the maintenance
of the vertical distribution of the tropical tropospheric water vapor is discussed. While deep convection induces
large-scale subsidence that constrains the turbulent downgradient mixing to within the convective boundary
layer and effectively dries the troposphere through downward advection, it also pumps hydrometeors into the
upper troposphere, whose subsequent evaporation appears to be the major source of moisture for the large-
scale subsiding motion. The development of upper-level clouds and precipitation from these clouds may also
act to dry the outflow, thus explaining the low relative humidity near the tropopause. A one-dimensional model
is developed to simulate the mean vertical structure of water vapor in the tropical troposphere. It is also shown
that the horizontal variation of water vapor in the tropical troposphere above the trade-wind boundary layer
can be explained by the variation of a moisture source that is proportional to the amount of upper-level clouds.
Implications for the nature of water vapor feedback in global warming are discussed.

1. Introduction

Chief among the greenhouse gases in the atmosphere
is water vapor. The impact of water vapor on climate
arises primarily from the water vapor above the
boundary layer. Unfortunately, there is a lack of ade-
quate data for water vapor in the upper troposphere.
There is also considerable uncertainty about the pro-
cesses that maintain the water vapor distribution
(Lindzen 1990a,b; Betts 1990). With respect to the
former, recent satellite measurements of upper-tro-
pospheric water vapor have improved the situation
(Rind et al. 1991).

The large-scale distribution of water vapor is depen-
dent on the properties of moist convection. Though
we still do not have an adequate understanding of the
anatomy of moist convection and how it interacts with
the large-scale flow, we do have much relevant infor-
mation, especially through the GATE experiment
(Houze and Betts 1981). This paper attempts to de-
scribe in a coherent manner the observed distribution
of water vapor as well as our conceptual understanding
of moist convection and its interplay with the large-
scale circulation. We wish to identify the most impor-
tant physical processes and their roles in maintaining
the large-scale water vapor distribution.

Our attention here is focused on the tropical tro-
posphere. We begin with observations of the vertical
and meridional distributions of water vapor. Using a
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conceptual model, we describe the roles of deep cloud-
induced subsidence and of evaporation of hydro-
meteors' in maintaining the vertical distribution of
water vapor. We then discuss the meridional variation
and the role of the Hadley circulation. In section 3, we
present a one-dimensional (horizontally averaged)
model that simulates the observed vertical structure of
tropical tropospheric water vapor. In section 4, we
present a two-dimensional model that explains the
meridional variation of the relative humidity through-
out the free troposphere (the troposphere above the
convective boundary layer). Section 5 provides a sum-
mary.

2. The observed vertical and meridional distribution
of water vapor

a. The vertical distribution and the role of
evaporation of hydrometeors

To form a framework for understanding the observed
water vapor distribution, we start from a heuristic
model for the vertical structure of tropical convection.
It is schematically illustrated in Fig. 1. In this picture,
tropical convection is idealized into two kinds of
clouds: deep precipitating clouds and shallow nonpre-
cipitating clouds. Nonprecipitating clouds moisten the
convective boundary layer, which supplies the fuel for
the deep convection.

! Hydrometeors throughout this article refer to the liquid or ice
particles that exist outside of saturated cumulus updrafts.
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F1G. 1. A schematic illustration of the historical picture of
tropical convection and its associated circulation.

The deep convection induces large-scale subsidence,
which suppresses the shallow convection. The inter-
" action of the two kinds of convection thus provides a
coherent picture. This picture was first envisioned by
Riehl and collaborators in studying the energy budget
of the tropical convergence zone and the trade-wind
regime (Riehl et al. 1957; Riehl and Malkus 1958,
1979). Schneider (1977) used it to estimate the mean
stability of the mean thermal structure of the whole
Hadley domain, and Sarachik (1978) used it as a basis
to form a one-dimensional coupled ocean-atmosphere
model. Most recently, in the context of radiative con-
vective equilibrium, Betts and Ridgway (1991) and
Sun and Lindzen (1992) showed that this simple pic-
ture is able to depict the main characteristics of the
vertical structure of tropical tropospheric temperature.

The aforementioned works were concerned with the
energy budget rather than the determination of hu-
midity. Little attention had to be paid to the evapo-
ration of hydrometeors and precipitation efficiency of
individual clouds. This is also reflected in a mechanism
of water vapor feedback proposed by Lindzen
(1990a,b). In those papers, it was assumed that all
condensed water vapor in deep clouds falls to the
ground as rain and the water vapor source for the free
tropospheric air is the detrainment of saturated air from
the deep cloud top. This assumption has been ques-
tioned by Betts (1990). In the present paper, we will
see more clearly that the evaporation of hydrometeors
has to be taken into account in order to properly deal
with the vertical distribution of water vapor. The simple
descent of a saturated parcel leads rapidly to lower rel-
ative humidities than are observed.

The above picture can be interpreted as the averaged
vertical structure for the whole Hadley domain (Lind-
zen 1990b). Figures 2 and 3 present the observed ver-
tical distribution of relative humidity averaged for the
Hadley circulation domain for both January and July.
In Fig. 2, the relative humidity is with respect to water
saturation, while in Fig. 3 the relative humidity above
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the height of the melting level is with respect to ice
saturation. Conventional sounding data (Oort 1983)
and recent satellite data for the clear sky (SAGE II data
for the year 1987; see Rind et al. 1991) are both pre-
sented. Conventional sounding of water vapor ends
around 300 mb and satellite measurements cannot
probe the low troposphere frequently enough to form
arepresentative sample. In the region where both over-
lap, the satellite data reveal a much drier troposphere
than the sounding data. Though it is expected that
clear-sky conditions should be drier than average (in-
cluding both cloudy sky and clear sky), the difference
is still striking. As discussed in Rind et al. (1990), the
water vapor distribution obtained by SAGE II has been
validated by comparison with radiosonde data, frost
point hygrometer, Lyman-«, and LIMS satellite ob-
servations, and has been shown to have an estimated
accuracy of about 10%. Though there are still uncer-
tainties in SAGE 11 data, it is also possible that the
conventional sounding data may exaggerate the actual
water vapor content of the air. Conventional sondes
generally do not report when the relative humidity is
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FIG. 2. The vertical structure of the observed water vapor distri-
bution averaged over the domain of the Hadley circulation. Relative
humidity is with respect to liquid water. The satellite data and con-
ventional data are both presented. The solid line is for the month of
January, and the dashed line is for the month of July. (The region
over which data was averaged was 15°S to 25°N for January and
25°S to 15°N for July.) Averaged relative humidity was obtained
through the averaged water vapor mixing ratio and the averaged tem-
perature. The satellite data for water vapor mixing ratio is from the
SAGE 1I measurements. The conventional data for water vapor mix-
ing ratio and temperature (used to obtain relative humidity) are from
Qort (1983).
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FIG. 3. Same as Fig. 2 but above the melting level the
relative humidity is with respect to ice saturation.

below 20% (Starr and Melfi 1990). Also, since the water
vapor content decreases with height exponentially with
a scale height of about 2-3 km, the sonde may report
an exaggerated relative humidity due to contamination.
It is worth noting that some detailed soundings in the
trade-wind regime do show the relative humidity im-
mediately above the trade inversion falling to 20%
(Riehl 1979). We here assume that the two datasets
give bounds on the actual water vapor content for av-
erage conditions.

There are two features in the vertical distribution of
tropical tropospheric water vapor to be noted. First,
throughout the troposphere, the air is subsaturated.
Second, the relative humidity with respect to ice in the
upper troposphere is low and does not drop much on
the way to the low atmosphere (the relative humidity
with respect to water saturation remains fairly constant
or increases with the decrease of height). In the absence
of any macroscale circulation, the atmosphere would
eventually saturate due to molecular diffusion. The first
feature indicates the importance of macroscale circu-
lations. The second feature illustrates the necessity of
including the evaporation of hydrometeors in the pic-
ture shown in Fig. 1.

The mean detrainment level for the cumulonimbus
towers is about 200 mb where the water vapor that a
unit mass of air can hold will be less than 0.1 g kg™
(the saturation water mixing ratio with respect to ice).
Therefore, if in the process of the air going poleward
and subsiding, it does not get more water vapor from
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any other source, the observed vertical structure over
the tropics will be characterized by a constant mixing
ratio of 0.1 g kg™! from 200 mb to the height of the
trade inversion. This also means an exponential de-
crease of relative humidity away from the tropopause
to the low atmosphere with a scale height of about 3
km. The observed profile is far different from this and
indicates the presence of a water vapor source in the
subsiding air.

It should be noted that just as the source of water
vapor for the free troposphere cannot be the subsidence
of detrained saturated air, so too, the required water
vapor source cannot be the diffusive transport of water
vapor from below. The diffusive transport is largely
restricted to below the trade inversion. This is evident
in the thermal and moisture structure across the top
of the trade inversion where both the water vapor and
temperature have a discontinuity (Augstein et al. 1974;
Riehl 1979). Note that due to the adiabatic cooling, a
lifted air parcel will be saturated within a kilometer or
so of its origin. Thus, neither can the water vapor source
be supplied by the large-scale lifting of moist air from
the low atmosphere since we do not see large-scale deep
cloud cover over the whole tropics.

The water vapor source has to ultimately come from
deep convection. Considering the fact that deep con-
vection in the tropics generates widespread upper-level
clouds and these upper-level clouds generate precipi-
tation that falls through a subsaturated environment
(Houze and Betts 1981), the leading candidate for
moistening the subsiding air seems to be the evapo-
ration of precipitation generated by upper-level clouds.
The low value of relative humidity near the tropopause
further implies that some mechanism is needed to dry
out the outflow of deep convective towers. This mech-
anism is likely provided by the formation of upper-
level clouds. The upper-level clouds generate precipi-
tation that falls from the outflow and generates regions
with subsiding motion. Subsaturation can occur in the
region of the subsiding motion.

The formation and the life cycle of the upper-level
clouds have not been well understood, but it is worth
noting the role of radiation. As discussed by Danielsen
(1982), the difference of the radiative cooling rate be-
tween the cloud top and bottom helps to maintain the
convective overturning within the clouds and generate
more precipitating particles. This mechanism was
originally proposed to explain the dryness of the low
stratospheric air.

In the next subsection, we will present a budget study
that further suggests that evaporation of precipitation
from upper-level clouds is the major moisture source
of the large-scale subsiding motion.

b. A budget study for the free tropospheric water
vapor

The tropical rainfall is mostly provided by the me-
soscale rain systems described by Houze (1989). The
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budget study of the mesoscale rain system shows that
the amount of water substance carried out of the me-
soscale cloud cluster (the edge of the anvil) by the out-
flow is about 12% of the total rainfall produced by the
whole mesoscale system (Gamache and Houze 1983).
For the month of January, the rain averaged over the
whole Hadley cell (say, from 15°S to 25°N) is esti-
mated to be about 4.8 X 107> kg m~2 s~! (Riehl 1979).
Therefore, averaged over the month of January and
over the Hadley cell, the deposit of moisture in the
troposphere through the outflow of the mesoscale sys-
tem occurs at a rate of about 5.8 X 10 kg m™2s~’.

The sink of water vapor of the large-scale flow is the
downward advection by deep cloud-induced subsi-
dence, which can be estimated by the energy budget
of the subsidence wherein the subsidence heating is
primarily balanced by radiative cooling. At 4.5 km, for
example, the corresponding subsidence is estimated to
be about 2.0 X 107> kg m~? s~! [radiative cooling rate
is taken from Dopplick (1972)]. The removal of water
vapor by the subsidence from the troposphere above
4.5km isabout 5.2 X 10 %kgm™2 s~ or 2.2 X 1076
kg m~? 5! depending on if the satellite data or the
conventional sounding data is used. These numbers
suggest that the moisture carried out of the anvil is
sufficient to keep the air as moist as observed to below
4.5 km.

The other source of water vapor is the mixing as-
sociated with the dissipation of deep convective towers.
This source for water vapor may be estimated as fol-
lows. Suppose the deep convective tower is active for
a characteristic time 7 and then begins to dissipate; the
moisture source per unit area it provides is

i‘-fp(q* + I* — gn)dz,
-

where g* is the water vapor mixing ratio of cloud air,
[* is the cloud water content in the dissipating stage,
dm 1s water vapor mixing ratio of the surrounding air
where the deep convective towers are generated, and
g is the fractional area covered by active clouds. In-
tegration is for the region of interest. Here ¢ ~ 1073
(note velocity within the deep convective tower is about
three orders of magnitude larger than the mean sub-
sidence over the Hadley circulation), 7 is about an
hour, and /* is about 0.2 g kg ™! (Braham 1952). Tak-
ing the region between the tropopause and 4.5 km and
assuming g,, can be replaced by the mixing ratio of the
mean flow over the scale of the Hadley circulation, the
-rate of moisture input through dissipation of deep
clouds is estimated to be between 2.0 X 10 ®kgm2s™'
and 2.5 X 107 kg m~2 s™! depending on whether the
conventional data or the satellite data are used. It
should be noted that g,, can be much larger than the
mixing ratio of the mean flow over the scale of the
Hadley circulation. Furthermore, the dissipating stage
of deep clouds is usually accompanied by cloud-scale
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downdrafts, which may act to effectively remove the
water substance within the clouds. The above numbers
may greatly overestimate the contribution to the large-
scale humidity from the dissipation of deep convective
towers. Nevertheless, this effect may not be completely
negligible in view of Braham’s budget study and
Emanuel’s scheme for cumulus parameterization
(Braham 1952; Emanuel 1991).

Dissipation of clouds including deep convective
towers and upper-level clouds is accompanied by
evaporation of hydrometeors. Evaporation of hydro-
meteors occurs at the edge of clouds. Observations of
tropical rain systems further show that dissipation of
clouds is characterized by a gradual elevation of the
cloud base. While their bases are rising, clouds continue
to generate precipitation, which falls into the subsatu-
rated air below the cloud base and evaporates (Johnson
and Young 1983). The role of the evaporation of hy-
drometeors is the focus of this paper.

Before we further quantify the above processes, we
turn to the meridional distribution of water vapor over
the whole Hadley domain. Features in the horizontal
variation offer further information about the distri-
butions of sinks and sources of water vapor.

¢. The meridional distribution and the role of the
Hadley circulation

Figures 4-7 show the zonal mean specific humidity
and relative humidity fields for July and January.
Though the satellite data [SAGE II data for the year
1987 (Rind et al. 1991)] reveal a much drier middle
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F1G. 4. Meridional distribution of tropical tropospheric water vapor
mixing ratio in January (in units of 1073 g kg~!). Upper panel: satellite
data. Lower panel: conventional data.
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FIG. 5. Meridional distribution of tropical tropospheric water vapor
mixing ratio in July (in units of 10~ g kg™!). Upper panel: satellite
data. Lower panel: conventional data.

troposphere than the conventional data (Oort 1983),
they both show the distribution of water vapor to be
strongly modulated by the zonal mean meridional cir-
culation. Figure 8 shows the zonal mean meridional
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FIG. 6. Meridional distribution of tropical tropospheric relative
humidity (with respect to liquid water) in January. Upper panel:
satellite data. Lower panel: conventional data.

circulation for July and January. The air in the down-
ward portion of the Hadley circulation is much drier
than the air in the upward portion.?

The water vapor budget equation for the monthly
mean Hadley circulation may be written as

alg dq aq

S GE
P —olg]l [ oM [_, OM*
[ET+ M=~ [q _62] [q % ]

Ty YA

represents the time average, and “*” represent
the deviations from the time mean and zonal mean,
respectively, g is the mean water vapor mixing ratio,
w s the vertical velocity, AL, is the net convective mass
flux associated with moist convection, w, is the vertical
velocity in the environment of moist convection (pw,
= pw — M), E is the moistening from convection due
to evaporation of hydrometeors and dissipation of
clouds, and p is the air density; z and y represent the
height and the latitude, respectively. A formal deri-
vation is presented in the Appendix. Problems and
limitations in previous formulations of the water vapor
and heat budget of a large-scale flow embedding moist
convection are discussed in some detail there.

Within the domain of the Hadley circulation, the
horizontal transport by eddies (both transient and
steady ) is negligible compared with the horizontal ad-
vection by the mean circulation (Newell et al. 1982).

1
ay ay oz dz ()

The last two terms represent the vertical eddy transport
in the environment of moist convection, which we may
also assume negligible compared with the vertical
transport by moist convection (or the vertical advection
by the mean circulation). Above the convective
boundary layer and away from the immediate region
of the tropopause, the vertical variation of A/, is much
smaller than the vertical variation of g (Ogura and Cho
1973). Therefore, we may further neglect the eddy
transport associated with the vertical variation of M.

2 For purposes of climate feedbacks, the relevant quantity is the
specific humidity averaged over the entire Hadley circulation, which,
it should be noted, extends as a single cell across the whole tropics
(Lindzen and Hou 1988). There is no evidence of any significant
change in this quantity between January and July.
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FiG. 7. Meridional distribution of tropical tropospheric relative
humidity (with respect to liquid water) in July. Upper panel: satellite
data. Lower panel: conventional data.

Ignoring the monthly mean tendency, equation (1) is
simplified to

_.d[g _.dlq
0=-(p[W]—E%]+p[v] %)
+[Mc]——ag‘7]+[E‘]. (2)
Z

The sum of the meridional and vertical advection
by the Hadley circulation is shown in Fig. 9. Monthly
mean data were used in the calculation. Due to the
much larger vertical gradient of the water vapor mixing
ratio, the meridional transport is an order of magnitude
smaller than the vertical transport in most regions of
the Hadley circulation. Therefore, zonal mean circu-
lation alone generates an excess of water vapor within
the rising branch and a deficit of water vapor within
the subsiding branch. By Eq. (2), it is evident that the
moist convection acts as a sink in the upward portion
and a source term in the region of downward motion.
In the intertropical convergence zone (ITCZ) (up-

ward portion), where moist convection is concen- .

trated, E is positive and significant. Therefore, M,
must be larger than w there (note p[w] {3d[g]/dz}
> p[0]{d[4]/dy}). What this means is that a per-
centage of the air pumped into the upper troposphere
by deep convection subsides within the ITCZ. Gray
(1974) reached the same conclusion in analyzing the
water vapor budget of a cloud cluster region. Our pic-
ture of the ITCZ results from a spatial average over a
scale much larger than the scale of deep convective
clouds. In between these deep convective towers is sub-
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siding motion. The concentration of deep convection
itself is controlled by the sea surface temperature dis-
tribution (Lindzen and Nigam 1987). In the subtropics
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(downward portion), large-scale subsidence prevails,
and deep convection is largely suppressed, but there is
still a considerable amount of deep convection in the
subtropics as indicated by the upper-level cloud cover
(Barton 1983).

In the following section, we will try to quantify the
discussed processes and formulate a mathematical
model in order to further assess the role of convection
in maintaining the observed distribution, especially the
interplay between the subsidence drying and the mois-
tening from the evaporation of hydrometeors.

3. A model for the mean vertical structure of the
tropical tropospheric water vapor

The model structure is schematically shown in Fig,
10. In the vertical, the troposphere is divided into three
different regions, characterized by the physical pro-
cesses involved in the water vapor budget: the convec-
tive boundary layer, the outflow region of deep con-
vective towers, and the region in between (the free tro-
posphere ). Deep convective towers take up the moist
air within the convective boundary layer and generate
hydrometeors. Some of the hydrometeors fall within
the convective towers and some of them are carried to
the upper troposphere, leading to the formation of
widespread upper-level clouds. Upper-level clouds
continue to generate precipitation, which falls into the
subsaturated free troposphere and evaporates. (For
clarity of discussion, we temporarily neglect the con-
tribution from the dissipation of deep convective tow-
ers. As we will see later, this effect can be easily incor-
porated.) If a first-order description cannot be obtained
using this idealized picture, we may conclude that there
are some things fundamentally wrong with the ideal-
ization. If this picture can grasp the main features of
the observed vertical structure, however, it may serve
as a basis for a more complete representation. We will
begin with the formulation of the equations for the
water vapor budget and then discuss the parameter-
ization of the moistening from the evaporation of hy-
drometeors.
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a. Equations for the water vapor budget

Within the upper boundary layer (the outflow region
of the deep convective towers) the supply of moisture
1s from the detrainment from these towers. The primary
sink of moisture is the formation of upper-level clouds
and the associated precipitation. The moisture budget
of the outflow may be written as

Mchz, + Rz, = Sdc (3)

in which

2t
Sae = f - P (gu 4 2ya,
z; dZ

z} and z, are the top height and base height of the
outflow; M, is the convective mass flux within the
deep convective tower, g* is the saturation mixing ra-
tio, and /* is the ice /water content of the air detrained
from the deep convective towers. Thus, S, is the total
moisture input from the deep convective towers, pR;,
is the precipitation flux at the base of the outflow, g,
is the area mean water vapor mixing ratio, and
M .q.,is the water vapor flux at the base of the outflow.
It is believed that /* can be orders of magnitude larger
than ¢* in the upper troposphere. Therefore, Eq. (3)
suggests that a significant precipitation flux is needed
to keep the outflow subsaturated.

We further divide the outflow into two regions: the
upper-level clouds and their clear air environment. The
water vapor budget for the clear air environment can
be written as

dq _
dz

M. is the net large-scale subsidence in the clear air
environment [ since the model here is one dimensional
(averaged over the Hadley domain), M, is also the net
convective mass flux ], g is the water vapor mixing ratio
in the clear environment, pE,. is the moistening from
the upper-level clouds, and pE, is the moistening from
the deep convective towers.

pEuc + pEdC + Mc Oa (4)
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FiG. 10. A schematic illustration of the model structure. For clarity, the deep convective tower is not
drawn. z,. is the tropopause height, z, is the base height of the outflow, and z, is the height of the convective
boundary layer. M, is the downward mass flux in clear sky, and pw,, is the downward mass flux within the

area covered by precipitation.
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We assume that all the detrained water substance
from the deep convective towers is directly used to feed
the upper-level clouds. Then E, = 0 (note that the
dissipation of deep convective towers is temporarily
ignored). Equation (4) is simplified as

pE,.. + M, -d—q = 0.
dz

(5)

In the free troposphere, the source of water vapor is
from the evaporation of the precipitation. Since the
precipitation from upper-level clouds is a cloud or me-
soscale phenomenon, it is expected to generate entities
that are distinct from the large-scale mean flow in terms
of vertical velocity, density, and water content. There-
fore, we have to distinguish the region covered by pre-
cipitation from the region free of precipitation (we will
discuss some details of the relevant physical processes
later on). Let M, denote the net large-scale subsidence
in the clear air and E, the moisture input from the
region covered by precipitation; then we have

Mc@+pE,=0

e (6)

for

Z,> 2> Zp,

where z, is the effective base height of the outflow of
deep convective towers, z; is the height of the surface
convective boundary layer, g is the water vapor mixing
ratio in the clear air environment, and E, is the mois-
tening supplied by the evaporation of precipitation.
When the fractional cover of the clouds is very small,
the above equations can also be regarded as the area
mean budget equation (see the Appendix ). Since shal-
low convection within the convective boundary layer
may be regarded as the natural extension of the tur-
bulence driven by surface fluxes, further detailed sep-
aration between the dry boundary layer and the cloudy

boundary layer will not add physical significance to *

our discussion. Furthermore, shallow clouds within the
convective boundary layer (i.e., below the trade inver-
sion) hardly precipitate. Therefore, to first order their
effect in transporting water vapor may be parameter-
ized as downgradient diffusion. In such a treatment we
need not distinguish the shallow nonprecipitating
clouds from their clear air environment. Let M, denote
the subsidence within the boundary layer; then the wa-
ter vapor budget may be written as
dg d dg
M.—+—|Kp—|=0 7

‘dz  dz\""dz ™)

for
Z < Zp,

where z, is the height of the convective boundary layer
and X is the diffusion coefficient.
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If one’s aim is to produce a realistic vertical structure
of the water vapor mixing ratio, the surface value may
be chosen as the observed value. Then the boundary
conditions for the water vapor equations (5), (6), and
(7) may be written

(8)
(9)

go and g, are the water vapor mixing ratio at the surface
level and the tropopause level.

When the value of surface air mixing ratio is also a
variable to be predicted, the surface boundary condition
may be formulated as follows:

M (g0 — q(zs)) = caUp(g*(T;) — o),

which is a statement of the moisture budget of the con-
vective boundary layer. The left side of this equation
is the net loss of water vapor due to dynamic transport,
and the right side is a parameterization of surface
evaporation based on bulk acrodynamic formulas; ¢,
is the aerodynamic drag coefficient and U is the fric-
tional velocity.

There are two other implicit boundary conditions,
which are the continuity of water vapor content across
1) the interface between the outflow region and the
free troposphere and 2) the interface between the free
troposphere and the convective boundary layer.

The division into three regions may not be as clear
in reality as in our model. The height of the convective
boundary layer varies within the tropics and is not well
defined in the ITCZ. Averaged over the whole tropics,
the height of the convective boundary layer may be
chosen as 2 km (Betts and Ridgway 1989). The mean
thickness of the outflow of the deep convective tower
is less well documented. The base height for cirrus
clouds may give a useful indication. Based on London
(1957), the base height for cirrus clouds is about 10
km. Therefore, the region in between the convective
boundary layer and the outflow of deep convective
towers occupies the bulk of the troposphere, which is
our focus here.

qlz=0 = Qo
Q|z=z,+ =45

(10)

b. Determination of the large-scale subsidence
induced by deep convection

An estimate of M, can be obtained by considering
the energy budget of the large-scale subsidence. Away
from the trade-wind boundary layer (where turbulent
mixing may supply considerable sensible heat), the
energy budget may be written as

ds
dz
where s is the dry enthalpy and R, is the net radiative

cooling (infrared cooling plus solar heating). The lat-
eral transfer of heat from deep convection to the sub-

M. ——R: =0, (11)
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siding air in the clear environment is assumed to be
negligible (further discussions and a more rigorous
derivation are presented in the Appendix).

Figure 11 shows the M, profile in January deduced
from Eq. (11). The temperature profile is from Oort
(1983). Radiative cooling is taken from Dopplick
(1972). In the boundary layer, M, unexpectedly in-
creases downward, presumably because sensible heat-
ing has been inappropriately neglected there. Rather
than attempt to specify sensible heating in the boundary
layer in detail, we will, for convenience, simply take
M, as constant with height within the convective
boundary layer.

¢. A simple parameterization of the moistening from
the upper-level clouds and their precipitation

Upper-level clouds moisten their environment
through evaporation of cloud water and mixing of the
saturated cloud air into the environment. The bulk
effect of this moistening is to bring the atmosphere to
saturation, as is the bulk effect of the evaporation of
hydrometeors falling from the base of upper-level
clouds. Therefore, a simple, straightforward way to pa-
rameterize E,. and E, is through linear approximations,

E, = alg*—q) (12)
E. = a(g* — q), (13)

where g* is the saturation value of water vapor mixing
ratio (with respect to ice above the melting level) and
q is the water vapor mixing ratio. Here a;! is the time
scale of moistening for upper-level clouds, a ! is the
time scale of moistening due to evaporation of precip-
itation, and « and «, are related to the total moisture
input into the upper-level clouds by deep convective
towers (S, ) and the precipitation flux at the base level
of upper-level clouds (R(z;) by

i

it

_ Sdc — Rz,
Qe = —5F (14)
* __
f p(g* — q)dz
Z
Subsld duced by deep
s
4.5,
.. 4
@
8 3.
E
g ® L
& 2.5
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g 15
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FI1G. 11. Deep cloud induced subsidence deduced from
the energy budget (in units of 10> kg m~2s571),
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FIG. 12. The simulated vertical structure of the tropical tropospheric
relative humidity in January. Relative humidity is with respect to
liquid water. The solid curve is the model simulation; “+” and “—”
represent the conventional and satellite data, respectively. The tem-
perature profile used in this simulation is also from Oort (1983).
Parameters are z,+ = 14.5 km, z, = 9.7 km, z, = 2.0 km, K = 34
m?s”!, 7! = 14 days, and a_'! = 7 days. The corresponding S,
=124kgm2day ', and R, = 1.21 kgm 2 day™".

and
R(z)

=", (15)
fz p(g* — q)dz

b

where p is the air density. It is assumed that precipi-
tation flux at the level of z,, R;,, can be ignored com-
pared with R;.

This simple parameterization straightforwardly re-
lates the moistening by the upper-level clouds and the
precipitation they generate to the amount of upper-
level clouds (i.e., the total moisture input from deep
convective towers to the upper boundary layer) and
the amount of precipitation generated by upper-level
clouds. The parameterization is closed either by cou-
pling a deep cloud model that gives S, and a model
for upper-level clouds that gives R,, or with specified
Sa and R,,. An advantage of this parameterization is
that all parameters involved can be directly verified by
observations. In the following section, we check this
parameterization by estimating the observed vertical
distribution of water vapor.

d. Simulation of the observed vertical distribution of
water vapor

A simulation of the vertical distribution of water
vapor is presented in Fig. 12. In our simulation, Sy
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and R;, are specified. This is equivalent to specifying
a and o, [Egs. (14) and (15)]. This is sufficient for
our present purpose in estimating the observed distri-
bution. Between z, and z,+, Eq. (5) is used for the water
vapor budget; g, and g, are fixed at the observed values.
In general, a simulation with realistic features is ob-
tained. This supports our interpretation for the ob-
served tropical tropospheric water vapor distribution
at least as concerns gross behavior. Some discrepancy
with observational data is expected, given the simplicity
of parameterization and the uncertainties in the ob-
servational data. Figure 13 shows the parametric de-
pendence of tropical tropospheric relative humidity as
depicted by this model. Note that above the Boundary
layer the effect of increasing « is equivalent to decreas-
ing M.. Figure 13 demonstrates that the relative hu-
midity is related to the circulation and the microphysics
of precipitation and can change if the processes change.
(In these sensitivity studies, «, is assumed to be pro-
portional to « as it should because R,, is expected to
be proportional to S,.. Here «, is assumed to be larger
than « considering that the precipitation downdrafts
may be subsaturated but upper-level clouds are con-
stituted by saturated updrafts and downdrafts. The
physical meaning of these two parameters will be dis-
cussed further in the following section.)

This model supplies a quantitative context for eval-

16 —mmm@—————"—r——T—7—r—"T—7

14

12

Height (km)
® o

7]
T

~.
h

001020 30 40 50 80 70 80 90 100
Relative humidity (%)

F1G. 13. The sensitivity of the simulated vertical structure of the
tropical tropospheric relative humidity to changes in « and «.. Rel-
ative humidity is with respect to liquid water. Solid line: o™ = 14
days and ;! = 7 days. The corresponding S, = 1.24 kg m~2 day
and R, = 1.21 kg m™? day™'. Long-dashed line: ™' = 7 days, !
= 3.5 days. The corresponding S, = 1.68 kgm™2 day™' and R,
= 1.62 kg m~2 day~'. Short-dashed line: «~! = 28 daysand o' = 14
days. The corresponding S; = 0.796 kg m™ day™', R,, = 0.775
kg m~2 day™'. Other parameters are z,+ = 14.5 km, z, = 9.7 km, z,
=2km,K=34m72s.
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uating the roles of the relevant physical processes as
highlighted by observation. However, the physical pro-
cesses associated with moistening by the upper-level
clouds and their precipitation are buried in the constant
coefficients, ™! and «’, the time scales for moisten-
ing. We will discuss these physical processes below.

e. The physical processes buried in o and a,

1) PRECIPITATION DOWNDRAFTS AND THEIR LIFE
CYCLE

Precipitation processes in the tropics are largely
cloud-scale and mesoscale phenomena. When the lat-
eral dissipation is a much slower process than the
evaporation of hydrometeors, the evap‘gration of pre~
cipitation may establish a considerably moister local
environment and the cooling associated with evapo-
ration and precipitation loading will generate negatively
buoyant currents. This seems to be true in the tropical
atmosphere. Let p, T, and RH represent respectively
the pressure, temperature and relative humidity of the
environment in which an ice crystal with a radius r
evaporates, and let 7 represent the time it takes for the
ice crystal to completely evaporate. The following
numbers may serve as a quick reference: for p = 600
mb, T = 273.15 K, RH = 90%, and r = 0.1 mm, 7
= 14 min; for p = 200 mb, 7 = 233.00 K, RH = 90%
and r = 0.1 mm, 7 = 137 min. The lateral diffusion
has the time scale of L2/ D, where L is the horizontal
scale of the area covered by the precipitation and D is
the diffusion coefficient. For L = 10 km, and D as large
as 5.0 m? s~! (which may be regarded as a characteristic
value for boundary-layer turbulence), L?/D ~ 3.4
X 103 min. This will no doubt enhance the ability of
precipitation to survive in a subsaturated mean envi-
ronment. Here it is worth recalling Braham’s obser-
vation { Braham and Duran 1967) that ice crystals fall-
ing from cirrus can survive 15 000 feet (from 250 mb
to 600 mb) in a mean environment with a relative
humidity less than 30% (given by the sounding data).
To parameterize the moisturization from the precipi-
tation falling in a subsaturated environment, one has
to take into account the fact that the precipitation flux
generates small-scale precipitation downdrafts.

It should also be noted that precipitation downdrafts
appear to moisten the environment mainly when they
dissipate. When the precipitation penetrates downward,
the exchange between the downdrafts and the mean
environment is limited in view of the unusual survival
ability of the precipitation as observed by Braham and
Duran (1967). This can also be shown by the following
estimates. For a downdraft with a moderate vertical
velocity, 0.05 m s™!, the time for an air parcel in the
downdraft to descend 10 km is 2.0 X 10°s. The lateral
dissipation time scale is 2.0 X 107 s for a turbulent
downdraft with a half-width 104 m.

In view of the above, the moistening of the large-
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scale mean flow from the precipitation flux may be
written as

ag

E,=;(qm~q), (16)
where ¢ represents the fractional area of dissipating
clouds, 7 is the time scale of dissipation, g,, is the water
vapor mixing ratio of the dissipating downdrafts, and
g is the water vapor mixing ratio of the large-scale flow.
A reasonable assumption for g,, is that it lies in between
g* and ¢. A linear approximation may be written as
gm = (1 — ¢)g* + cq, with moistening written as E,
= c¢o/7(g* — q). Thus, a = o/7C.

When the downdraft dissipates, the temperature of
the downdraft air differs little from the environment
it merges into. Thus, for g,, > g, the equivalent poten-
tial temperature of the downdraft air has to be larger
than the environment. Since the minimum environ-
mental equivalent potential temperature occurs in the
middle troposphere, to be able to moisten the envi-
ronment, the downdraft air has to originate from the
upper troposphere. This again suggests the importance
of the upper-level precipitation.

Upper-level clouds consist in saturated updrafts and
downdrafts; therefore, the moistening from upper-level
clouds may also be written in the above form with the
replacement of g,, by g*:

ag
E.=—(¢*"~ 9. (17)
Thus, a, = /.

The simple parameterization with a constant « is
equivalent to assuming that the precipitation down-
drafts have a constant relative humidity. A more re-
alistic approach is to explicitly calculate the vertical
distribution of g,, by coupling a model for the precip-
itation downdraft. Such a treatment immediately re-
veals the potential importance of details of the precip-
itation particles, such as the total water content and
the size distribution of precipitation particles, in af-
fecting the vertical distribution of water vapor in the
large-scale flow.

2) THE ROLE OF THE SIZE SPECTRUM AND WATER
CONTENT OF HYDROMETEORS

The budget of the hydrometeors and water vapor
within the precipitation downdraft may be represented
by the following equations,

d[(Vt + wy)olp:
dz

—pE,, =0, (18)

d
PWm oL pE, =0,
dz
for the free troposphere; p, and g,, are the mixing ratios
for hydrometeor and water vapor, respectively; p is the

(19)
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density of the downdraft air and pp, is the hydrometeor
water content; pw,, is the mass flux within the precip-
itation downdrafts, which will be assumed to be con-
stant with height; V; and E,,, are, respectively, the mass-
weighted mean terminal velocity and the evaporation
rate of hydrometeors. The boundary conditions for p,
and g,, may be written as:

pr(zl) = hc; qm(zl) = q*( 21)9 (20)

where /. is the mixing ratio of precipitating particles
at z,, the height of the upper cloud base where precip-
itation originates. At that level, the precipitation
downdraft may be taken as saturated; g*( z,) is the sat-
uration mixing ratio of water vapor.

Assuming the size spectrum of the hydrometeors is
exponential N(r) = Ny exp(—Ar) (r is the radius of a
hydrometeor and N(r)dr is the number of hydrome-
teors with radii between r and r + dr per unit volume),
the evaporation rate of hydrometeors can be further
written as

Epp = —47DCNF—— (gn— %), (21)
1+e
where D is the molecular diffusion coefficient, g* is
the saturation water vapor mixing ratio,

De(D( L 1\,
K RT2\RT ’

R, is the gas constant of water vapor, T is the tem-
perature, e,(T) is the saturation pressure of water
vapor, K is the coefficient of thermal conductivity
of the air, L is the latent heat, 7 = B(pp,)'’* and B
= (8«Npp;)~'/*, 7 is the mean radius of the hydro-
meteors, p; is the density of the hydrometeors, N,
= [ N(r)dr = Nor. C, is the ventilation coefficient that
is related to the mean terminal velocity by C, = 0.78
+ 0.28 Re!/?, Re = 2rpV,/u is the Reynolds number
(Roger and Yang 1989), u is the dynamic viscosity,
V, is the mass-weighted mean terminal velocity, V,
= [ v(r)N(r)dr/ | m(r)N(r)dr, and v,(r) and m(r)
are the terminal velocity and the mass of the hydro-
meteors with radius r. Taking v,(r) = kr, the mass-
weighted mean velocity can be related to the hydro-
meteor water content by V, = A(pp,)'’* where A
= 4k/(8wNgp;)'/* (Mason 1971; Rogers and Yau
1989).

Ground level observations show that the size spec-
trum of continental rain can be well represented by an
exponential form (Marshall and Palmer 1951). The
upper-level precipitation spectrum is less well known.
Observations of cirrus show that the size spectrum of
ice crystals in the upper-level clouds can be represented
by the sum of two exponential distributions (Heyms-
field 1984). For our present purpose, such a form may
be sufficient.

Numerical solutions for (18), (19), and (20) with
different values for Ny and /4, are presented in Figs. 14

€
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FI1G. 14. Sensitivity of the relative humidity distribution within
the precipitation downdraft to the change of spectrum of hydrome-
teors. Relative humidity here is with respect to liquid water. Param-
eters are z, = 9.7 km, pw,, = 0.2 kgm 257!, and &, = 0.5 gkg™".
Solid line: Np = 0.8 X 107 m™*. Long-dashed line: No = 0.8 X 108 m™.
Short-dashed line: Ny = 0.8 X 10 m™,

and 15. (Note that the curves are for the relative hu-
midity instead of the mixing ratio g,,,.) The temperature
within the downdraft cannot differ considerably from
its environment when the downdratft is in its dissipating
stage; therefore, it is assumed to be the same as that of
the mean environment. It is apparent from the three
curves in Figs. 14 and 15 that the vertical distribution
of the relative humidity within the precipitation down-
drafts is sensitive to the spectrum of the hydrometeors
as well as to their mixing ratio (recall the mean radius
7~ Ngl/%y.

Since the profile of g,, is sensitive to the properties
of the hydrometeors, so will the vertical distribution
of water vapor of the large-scale flow [ Eq. (16)] be. Its
dependence on the size spectrum of the hydrometeors
is shown in Fig. 16. In the calculation, Egs. (13) and
(12) are replaced by Eqs. (16) and (17), respectively,
and g,, is given from the simple model for precipitation
downdrafts. We see that precipitation downdrafts with
smaller hydrometeors tend to moisten the upper tro-
posphere more.

3) DISSIPATION OF DEEP CONVECTIVE TOWERS

Deep convective towers at the dissipating stage con-
sist in downdrafts. Conceptually, we may parameterize
their contribution to ambient humidity in the same
way we parameterized the moistening from precipi-
tation. If we view the upper-level clouds and the as-
sociated hydrometeors as an extension of deep con-
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vective towers, we may have a unified description of
how deep convection moistens the large-scale flow in
which it is embedded. Deep convection uses the mois-
ture from the convective boundary layer to generate
small-scale, spatially isolated moist regions. Water va-
por in these isolated regions is then transported to the
surrounding flow by diffusive and convective processes.
The subsiding motion in the surrounding flow, induced
by deep convection itself, constantly advects the water
vapor downward to where it comes from: namely, the
convective boundary layer.

4. Simulation of the horizontal variation of relative
humidity in the Hadley domain

In this section, we introduce a two-dimensional
model based on the one-dimensional model presented
above in order to simulate the horizontal variation of
water vapor in the Hadley domain. We will show that
the decrease of relative humidity from the ITCZ to the
subtropics throughout the free troposphere is due to
the sharp decrease in the amount of hydrometeors de-
posited in the upper troposphere by deep convection
and the relatively flat distribution of subsidence in be-
tween clouds.

The water vapor budget equation is given by Eq.
(2). In the following discussion, we omit the zonal and
time-mean symbols (i.e., overbar and brackets) for
brevity. The horizontal transport term can be ignored
compared with the term for the vertical transport. After
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FIG. 15. Sensitivity of the relative humidity distribution within
the precipitation downdraft to the water content of hydrometeors.
Relative humidity is with respect to liquid water. Parameters are z,
=9.7 km, pw, = 0.2 kgem—2s”, and N, = 0.8 X 10" m™*. Solid
line: h. = 1.0g kg™'. Long-dashed line: 1, = 5.0 g kg™'. Short-dashed
line: A, = 0.5gkg™".
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FIG. 16. Sensitivity of the mean relative humidity distribution to
the relative humidity within the precipitation downdraft. Relative
humidity is with respect to liquid water. The three curves shown
correspond, each with the same notation, to the three precipitation
downdraft relative humidity profiles of Fig. 14. Other parameters are
7/o = 7 days, z+ = 14.5 km, z;, = 9.7 km, z; = 2 km, and K
=34mis!,

a new variable, M¥ = M, — pw, is introduced, Eq. (2)
simplifies to

9q
o0z

The latitudinal variation of M¥* may be estimated from
the energy equation:

0=M*= + pE. (22)

M: o5 R.=0,
az

where S is the dry static energy and R, is the net ra-
diative cooling including both the solar heating and
infrared cooling. The same approximations are made
in deriving Eq. (23) as in deriving Eq. (22) (i.e., large-
scale eddy transport and the horizontal advection by
the mean circulation are ignored). This equation is
valid only away from the boundary layer (where sen-
sible heating by boundary-layer turbulence is consid-
erable).

The meridional structure of M#* in January deduced
from the above equation is plotted in Fig. 17; R, is
from Dopplick (1972) and S is from Oort (1983) (in
Dopplick’s calculation, clouds were also taken into ac-
count). Figure 17 shows that the latitude dependence
of MY is relatively weak. There is little evidence of the
ITCZ. The subsidence appears relatively uniform
throughout the cloud-free regions.

Again, we divide the atmosphere vertically into three

(23)

SUN AND LINDZEN

1655

regions: the outflow region, the free troposphere, and
the convective boundary layer. In the free troposphere,
E = a(y)(g* — q), where y represents latitude. In the
outflow region, E = a.(»)(g* — q); a. is assumed to
be proportional to «. In the convective boundary layer,

_ 9 (g, %),
E_dz(Kpdz)’

K is the bulk diffusion coefficient for the turbulent
boundary layer. Now « and o, are functions of latitude,
and their meridional variation may be assumed pro-
portional to the upper-level cloud cover [recall Egs.
(16) and (17)]. The meridional variation of upper
cloud amount is well correlated with the variation of
the middle- and upper-tropospheric relative humidity
(see Fig. 18). The upper-level clouds are almost always
associated with the outflow of storms (Liou 1986). The
decrease of the upper cloud amount is, therefore, less
likely a result of a decrease of the relative humidity of
the environment and is more likely a cause—especially
given the vertical separation between the 500-mb level
and the upper-level clouds. _

Figure 19 shows the simulated horizontal variation
of relative humidity in the Hadley domain. The sim-
ilarity with the observed distribution is apparent. This
shows that the difference in the water vapor content
between the convergence zone and the large-scale sub-
sidence region may be due primarily to the distribution
of hydrometeors.

The meridional distribution of hydrometeors from
the ITCZ to the subtropics is largely controlled by the
Hadiey circulation. Deep convection tends to occur
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F1G. 17. The meridional distribution of M¥* within the domain of
the Hadley circulation (see text for further detail; unit is 1073
kg m2s7!),
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FIG. 18. The meridional variation of upper cloud cover and the
variation of the tropical tropospheric relative humidity. Upper cloud
cover is from Barton (1983). Relative humidity at 6.5 km and 10.5
km is calculated from SAGE II measurements (Rind et al. 1991).
Relative humidity at 5 km is from Oort (1983).

where the sea surface temperature is highest. Accom-
panying the deep convection are large-scale circulations
driven by the sea surface temperature gradient. The
subsiding motion of the large-scale circulation sup-
presses convective motion elsewhere, that is, the sub-
tropics. This is the reason for the decrease of the mois-
ture source above the convective boundary layer as
one moves from the ITCZ to the subtropics.

Clearly, the difference of water vapor content be-
tween the ITCZ and the subtropics is related to the
existence and direction of the large-scale circulation.
In a thermodynamic sense, the water vapor content of
the air above the trade inversion over the subtropics is
not directly related to the sea surface temperature im-
mediately below; the air is subsiding and isolated from
the boundary layer by a strong trade inversion. The
inference by Rind et al. (1991), that upper-level hu-
midity at any point is determined by the surface tem-
perature at that point, ignores the interplay between
the deep convection and the tropical zonal mean cir-
culation and also ignores the vertical structure of the
tropical convection.

5. Summary and discussion

By using a conceptual model for tropical convection
and available data for water vapor, we investigated the
maintenance of the tropical tropospheric water vapor
distribution. Calculations were performed to see if the
observed water vapor distribution could be explained
in this simple context, and also to highlight some po-
tentially important physical processes in determining
the observed distribution and its sensitivity.

The observed profile of water vapor indicates that
the large-scale subsiding flow has to be subject to mois-
tening in the process of subsiding. The characteristic
structures of the tropical circulation and budget studies
suggest that the chief moisture source for the large-
scale subsiding flow appears to be the evaporation of
the hydrometeors transported to the upper troposphere
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by deep convective towers. Using a subsidence rate de-
duced from the energy budget and a simple parame-
terization of the moistening from the evaporation of
hydrometeors, we are able to simulate the observed
water vapor distribution. We also discussed the role of
Hadley circulation in shaping the meridional variation
of water vapor. We have contrasted our results with
earlier suggestions. In particular, the suggestion of
Lindzen (1990a,b) that the detrainment of saturated
air from deep cumulus towers was a significant source
has been shown to be inconsistent with the observed
distribution of humidity. Related to this is our obser-
vation that both the observed pattern of large-scale
subsidence outside of cumulonimbus towers and the
absence of broad deep cloud cover throughout the
tropics rule out the possibility of large-scale upward
transport of water vapor from the boundary layer. Our
study of the meridional distribution of water vapor
within the Hadley domain showed that the decrease in
humidity as one moved from the ITCZ was largely a
result of the decrease in upper-level cloud cover rather
than due to increasing subsidence outside of cumulus
towers. The latter was found to be fairly uniform
throughout the tropics.

For purposes of determining climate sensitivity, it
isimportant to be able to calculate the upper-level water
vapor. The present study shows that this is essentially
tantamount to determining the amount of hydrome-
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FI1G. 19. A simulation of the horizontal variation of the tropical
tropospheric relative humidity (with respect to liquid water) « and
o, are both assumed to be proportional to the upper-level cloud cover
with a/a. = 2.z} = 14.5 km, z, = 9.7 km, z, = 2.0 km, and Kp,/
M. = 2.0 km in the convective boundary layer. The surface relative
humidity is specified as 80%, and the specific humidity at 14.5 km
is fixed as 4.3 X 1072 g kg™'. Within the convective boundary layer,
M¥ is assumed to remain constant with height.
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teors in the upper troposphere. This quantity appears
to be proportional to the strength of the updrafts of
deep convective towers (Williams et al. 1992). This
suggests an important role for the environmental CAPE
(convective available potential energy) in determining
the tropospheric water vapor content. It is the CAPE
that determines the strength of the convective updraft.
The environmental CAPE is a function of the entire
vertical distribution of the tropospheric temperature.
Thus, the present finding challenges the traditional no-
tion that the tropospheric water vapor content is only
dependent on the local temperature through the Clau-
sius—Clapeyron equation. Note that there is no obvious
reason to assume that a warmer climate necessarily has
more CAPE. It is important, in this regard, to distin-
guish distinct climate regimes from local conditions.
Above the trade cumulus boundary layer, tropical
temperatures vary little horizontally. Therefore, local
variations in CAPE are closely associated with varia-
tions in surface temperature. Different climate regimes,
however, may also be associated with different distri-
butions of temperature above the boundary layer. Such
changes can affect CAPE for the entire tropics.

The life cycle of deep convective updrafts is also
expected to be an important factor in determining the
amount of hydrometeors present in the upper tropo-
sphere. If the updraft can persist longer, there will be
more water substance transported to the upper tro-
posphere. It is generally observed that the onset of pre-
cipitation signals the decay of the updraft. In a warmer
climate, the surface air will likely contain more water
vapor and the warm rain process will be more efficient.
Consequently, the onset of rain may become faster
(Fletcher 1962). An estimate based on the simplest
continuous growth model, the Bowen model (see
Bowen 1950; Fletcher 1962), was made (Fig. 20),
which shows that the onset of rain can be 15% faster
when surface temperature is increased by 2 K, and
when the relative humidity of surface air is fixed
as 80%.

The details of the moistening from the evaporation
of hydrometeors are related to the dynamics of the
development and decay of upper-level clouds and the
associated precipitation processes for which we do not
have adequate understanding. Observations and simple
scaling analysis show that the evaporative cooling and
the drag of precipitation generate currents that can
penetrate deep into the large-scale flow and form small-
scale, isolated regions of higher moisture content. The
water vapor distribution in the large-scale flow is ul-
timately dependent on how water vapor flows from
these small isolated regions to the surrounding flow
and how these small regions dissipate and finally merge
into the surrounding flow. Details such as the spectrum
and water content of the hydrometeors in the small-
scale precipitation downdrafts also appear to be im-
portant. These issues have not, so far, been given much
attention. Proper models need to be developed for these
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FIG. 20. Sensitivity of the growth of a raindrop in a constant updraft
to the change of surface air temperature. Upper panel: growth of the
raindrop as a function of time. Lower panel: trajectory of the raindrop.
Solid line: surface air temperature is 300 K. Dashed line: surface
temperature is 302 K. Surface relative humidity is 80% and is assumed
constant. Cloud water content is assumed to be constant with height.
For the surface temperature of 300 K, the cloud water content is
chosen as 1 g m™3, When surface temperature changes, the relative
change of cloud water content is assumed to be the same as the
relative change of the surface specific humidity. The size spectrum
of cloud water is assumed to be uniform and not subject to change
when surface temperature changes. The radius is chosen as 0.01 mm.

small-scale currents to simulate their interaction with
the environment during their full life cycle. Unfortu-
nately, we still lack appropriate models for the upward
jet driven by the release of the latent heat and the
downward current driven by the loading of precipita-
tion and its evaporative cooling.

While it appears that precipitating upper-level clouds
play a vital role in determining the tropospheric relative
humidity throughout the free troposphere, they are also
optically thick and their effect on albedo may offset
their greenhouse effect (Ramanathan and Collins
1991). Further climate studies will have to address wa-
ter vapor and clouds in a more internally consistent
way. Here, we have provided a simple approach to
connecting them.

The issue of the water vapor budget of the tropical
troposphere and its sensitivity to global warming in-
volves many physical processes with different temporal
and spatial scales. It has to be attacked through a hi-
erarchy of models, but more complex models should
be based on simpler models to assure understanding.
The main motivation of this work has been to provide
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a simple framework for interpreting what has been ob-
served about the large-scale distribution of water vapor,
permitting us to highlight the important physical pro-
cesses involved. The effort here is hopefully sufficient
for this purpose, despite the crudity with which the
individual physical processes have been treated.

Acknowledgments. This research was supported by
the National Science Foundation under Grant ATM-
8520354, and by the National Aeronautics and Space
Administration under Grant NAGW-525. Helpful dis-
cussions with K. A. Emanuel, A. Plumb, P. Stone,
E. R. Williams, and R. Prinn are gratefully acknowl-
edged. We are also grateful to Dr. M. P. McCormick
and Dr. E. W. Chiou of NASA for providing us the
SAGE II data.

APPENDIX

Derivation of the Water Vapor and Heat Budget of a
Large-Scale Flow Containing Moist Convection

The formulation of the water vapor and heat budget
equations for large-scale flows containing moist con-
vection has been approached by Kuo (1965, 1974) and
Arakawa and Schubert (1974). The fundamental dif-
ference between the two approaches lies in their as-
sumptions about the large-scale flow. Kuo essentially
treated the large-scale flow as a turbulent flow where
moist convection is not a distinguishable element.
Naturally, the instantaneous mixing of clouds into the
large-scale flow was assumed. In Arakawa and Schu-
bert’s approach the large-scale flow is divided into two
regions, the moist convection and its environment. The
flow in the environment is treated essentially as a lam-
inar flow. In view of the fact that moist convective
motion (turbulence) is usually confined to small re-
gions and that moist convection transports mass pri-
marily vertically, Arakawa and Schubert’s formulation
is more appropriate to atmospheric flows with scales
much larger than the scale of moist convection (i.e.,
synoptic disturbances, the Hadley circulation, etc.). In
Arakawa and Schubert’s formulation, however, a
steady plume model for moist convection is assumed,
and the way the moist convection interacts with its
environment is probably too limited to accurately de-
scribe the real atmospheric situation.

A straightforward generalization of Arakawa and
Schubert’s formulation is to replace the steady plume
model by moist drafts (up and down) with a finite life
cycle. By moist drafts, we here refer to small-scale en-
tities associated with moist convection. They are spa-
tially isolated and are distinguished from their envi-
ronment by differences in density, vertical velocity,
water content, and temperature. That is to say, they
are out of equilibrium with their environment. These
various differences usually coexist, but not always.
Here, we focus on the difference in density (i.e., the
buoyancy force).
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We consider a large-scale flow with horizontal ve-
locity V; and density p. Small-scale moist drafts as-
sociated with moist convection are embedded in the
flow (Fig. 21 presents a schematic illustration; the
shaded area represents the moist drafts and the un-
shaded area is their environment.). Let F,; represent
the mass lost from the ith draft to its large-scale en-
vironment and E, represent the mass lost from the en-
vironment to the moist drafts over a unit volume and
time; we then have the following water vapor budget
for the environment:

3 )
a [(1—0)pg] =— Py [(1 = c)oweq.]

— V2(Vipqe) — Eege + 2 EciGmi + Ea, (24)
;

where ¢, is the water vapor mixing ratio of the envi-
ronment, g,,; is the mixing ratio of water vapor of the
air flowing out of the ith moist draft, V, is the hori-
zontal flow, and w, is the vertical velocity in the en-
vironment. The sum X, is over all the moist drafts
contained in a unit area; ¢ is the fractional area covered
by the moist drafts; and E,is evaporation of the ice or
liquid water detrained into the environment from the
moist drafts. Neither condensation nor sublimation is
assumed to occur in the environment. The physical
meaning of other terms in the above equation should
be self-evident. The mass budget equations within the
moist drafts and the environment are, respectively,

i) d
5 (1 = 0)pl == [(1 = a)pwc]

= Vo (Vi) — E. + 2 E; (25)

I

X

FiG. 21. A schematic illustration of a large-scale flow containing
moist drafts associated with moist convection.
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2 om) == 20 T opma) + e T Ea (26)
t 0z i i

The density difference between the air within the moist
drafts and the environmental air is neglected in the
above equations. Here o; is the fractional area covered
by the ith draft and ¢ = 2 ¢;. With (26) and the Bous-

sinesq approximation, dp/dt = 0, (24) can be rewritten
as

8qe

(I=a)p>"=—7 [(1 = 0)pWedel — Va(Vinge)

9
- Qea_z(z oipW;) + E Ei(gm — g.) + Eq. (27)
i
Defining a mean vertical velocity by w = (1 — o)w,
+ 2, o;wy, and replacing (1 — o)w, in Eq. (27), we
have

aqe d
(1 - o)p =- a—z(pwqe) = V3 (Viog.)
9q.
+ 2 Pa'iwcisz' + z Eci(qmi - Qe) + Ed- (28)

Using the mass conservation equation in the Boussi-
nesq form, we get

9(pw)

0z

3z ——+ V- (Vpp) = (29)
Then, we further have
dq. 9q.
(1= 0)p S+ pw 2+ oV Valge)
ag.
= 2 gipWe — + 2 Eci(qmi - qe) + E,. (30)

Inthecase 0 € 1, g = (1 — 0)q. + oq. ~ q.. After
introducing a variable M, = Z; po;w,;, we obtain
aq

6‘1
— 4 — + oV,-V
at PWa PVhp 2(‘])

dq
= Mc_ + Z Eci(qmi -

9z q) + Ed.

(31)

Replacing the sum of the last two terms by F and per-
forming time and zonal averaging, we obtain Eq. (1)
used in section 2.

Further parameterization of the last two terms in
Eq. (30)is discussed in section 3 of the main text. Here
we mainly point out the obvious problems in Arakawa
and Schubert’s widely used parameterization.

In Arakawa and Schubert’s scheme, the moistening
term was written as 2; E.i(gmi — q) + Ez = 2; Eci(q.
+ IF — q); q.; is the mixing ratio of water vapor and
I¥ is the water substance in liquid and solid form car-
ried into the environment with the detrained air from
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the updraft. The problems with this treatment are the
following. First, the evaporation of the detrained water
will likely generate downdrafts. The downdrafts may
penetrate a considerable distance until they reach a
new neutral buoyancy level. Therefore, the detrained
water substance from the updraft is not used to moisten
the environmental air at the top of the updraft but at
lower levels. Second, the detrained ice from deep con-
vective towers may primarily take the form of upper-
level clouds, which also do not immediately mix into
the large-scale environment. This situation is typical
of tropical deep convection (Houze 1989). Third, the
idea that moist drafts (up or down) moisten their en-
vironment through detrainment at their limits is valid
only when a steady plume model is applicable. The
convective updrafts or downdrafts involved in moist
convection have a very transient nature. In light of the
starting plume model, the moist draft moistens the en-
vironment only when it begins to dissipate (Turner
1979, 1962), which suggests that the air within the
drafts detrains at every altitude of the moist draft.

By the same procedure used to derive the water vapor
budget, we can obtain the heat budget

(')s as
% + pwa— + oV, Vy(s)

ML S Eism— ) - LEs, (32)

0z
where s is the dry enthalpy of the large-scale flow, s,
is the dry enthalpy of the air lost from a moist draft to
the environmental flow, E,is the evaporation of liquid
water and ice deposited from the moist drafts into the
environment, and L is the latent heat. The sum is over
all the moist drafts. The air from the moist draft will
have the ambient density when it merges into its en-
vironment. This implies s,,; ~ s, and the heating or
cooling associated with their difference can be neglected
since the density difference is primarily caused by the
temperature difference. The term LE, is the part of
evaporative cooling that does not lead to downdrafts,
and it is expected to be small in the tropical tropo-
sphere. There are two reasons for this. First, when there
is deep convection, the environmental temperature is
close to neutral for moist-adiabatic ascent or descent.
Second, the evaporation of detrained ice and liquid
water is a much faster process than the lateral dissi-
pation (see more detailed discussion in section 4).
Thus, it is reasonable to assume that the convective
heating due to moist convection is primarily realized
by redistributing mass, that is, by inducing subsidence
in its environment. With this assumption and for a
flow subject to radiative cooling, (32) should be

d as i)
_s + pw—+ pV,:Vi(s) = s

M,=—R
P ot dz ‘9z

(33)

where R, represents the net radiative cooling.
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