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ABSTRACT

A radiation model is constructed that includes radiative interactions with atmospheric gases, as well as pa-
rameterized treatments of scattering and absorption/emission by cloud droplets and haze particles. A unified
treatment of solar and terrestrial radiation is obtained by using identical cloud and haze parameterization
procedure for the shortwave and longwave region. The influence of the relative humidity of the haze particles
is also considered. Snow conditions of the arctic region are simulated in terms of snow grain sizes and soot
contamination in the surface layers. Data from the Arctic Stratus Cloud Experiment collected in 1980 are used
for model comparisons and sensitivity studies under cloudy and hazy sky conditions.

During the arctic summer, stratus clouds are a persistent feature and decrease the downward flux at the
surface by about 130-200 W m ™2, Arctic haze in the summertime is important if it is above the cloud layer

- or in air with low relative humidity, and it decreases the downward flux at the surface by about 10-12 W

m~2, By comparison the greenhouse effect of doubling the carbon dioxide amount increases the downward
flux at the surface by about 4-7 W m™2 and can be offset by the background haze or by an increase in
cloudiness of about 4%,

Assuming steady microstructures of stratus clouds, we find that in late June a clear sky condition results in
more available downward flux for snow melt (yielding a melting rate of 9.3 cm day™') than does a cloudy sky
condition (6 cm day~'). This is because the increase of infrared radiation diffused back to the surface by the
cloud can not compensate for the reduction of solar radiation. When the snow starts to melt, the decreasing
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snow albedo further accelerates the melting process.

1. Introduction

Energy is transported between the earth-atmosphere
system and space by radiation. Due to the alignment
of the sun—earth system, there is a radiation surplus in
the equatorial region and a radiation deficit in both
polar areas. Therefore, the Arctic plays a very important
role in the energy exchange process. One of the dom-
inant factors modulating the radiation budget and the
energy exchange process is the presence of clouds.
Generally, the high albedo of clouds results in a cooling
of the earth-atmosphere system, because of the low
background reflectivity. This cooling effect, however,
may be much less pronounced in the Arctic where the
background albedo is higher due to snow/ice cover.
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During the summer, low-level stratiform clouds are
a prevalent feature in the Arctic. These clouds are
commonly overlying a snow/ice covered surface with
albedo of about 0.6-0.8. Since the sun never sets in
the arctic summer, these clouds are illuminated at a
relatively low solar elevation (maximum 47° above
the horizon at local solar noon at the summer solstice),
which increases the cloud optical path length. When
the cloud becomes optically thick and thus prevents
photon penetration, the multiple reflection between the
cloud and snow/ice surface is diminished. The albedo
of the cloud-atmosphere-surface system is dominated
by the cloud albedo itself (about 0.5-0.7), which is
comparable to or less than that of snow/ice. Thus the
presence of clouds, in this case, may change the usual
cooling effect to a slight heating of the surface-atmo-
sphere system. Figure 1, for example, shows that clouds
are viewed darker than the background snow/ice in
the Beaufort sea in visible satellite imagery.

Recent comprehensive compilations of global cloud
type and amount by Warren et al. (1988 ) indicate that
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FiG. 1. Satellite picture in visible channel of the Beaufort sea (a) cloud, (b) open leads,
(¢) snow/ice covered surface and (d) Alaska coast line.

maritime stratiform clouds has about 34% coverage
over the ocean (or roughly 25% coverage of the globe)
in the summer season. The Arctic Ocean occupies
about 4% of the global area. About 70% of the Arctic
Ocean is often covered by stratus clouds (Huschke
1969; Vowinckel and Orvig 1970), implying that the
arctic stratus contributes about 3% to the global cov-
erage. Since the areal coverage of the Arctic is relatively
low, the potential influence of the Arctic on the global
climate is often neglected, despite the contribution of
12% (3% vs 25%) in cloud amount by the arctic stratus.
Moreover, the coupling of arctic stratus with the high
surface albedo of the Arctic region plays an important
role in climatic feedback mechanisms (Kellogg 1975).
A small perturbation in the cloud amount may produce
a large amplification in radiation—climate interaction.
Therefore, sensitivity studies of the radiative properties
of the arctic stratus are of fundamental importance for
understanding the radiative energy exchange in the
Arctic.

The arctic stratus clouds tend to occur in the bound-
ary layer (within 2 km of height) and are frequently

observed to be laminated or comprised of two or more
separate, well-defined layers (Jayaweera and Ohtake
1973; Herman 1977). A more detailed description of
the physical characteristics of the arctic stratus is given
by Tsay and Jayaweera (1984). It has long been noted
that the morphology of the arctic stratus facilitates
theoretical radiative transfer studies in plane-parallel
geometry with multiple scattering (FeigelSon 1964;
Wiscombe 1975; Herman and Goody 1976); but the
dependence of the radiative properties of these clouds
on their microstructure was only recently considered
{Tsay et al. 1983; Herman and Curry 1984). Further-
more, profiles of radiative fluxes and heating/cooling
rates have not been examined in the Arctic. Previous
studies have focused on the bulk radiative quantities
such as ratios of fluxes and/or flux divergences (e.g.
reflectivity and absorptivity). In this paper we compute
the flux and heating/cooling profiles to gain insight
into the vertical distribution of the atmospheric radia-
tion energy. '

In section 2 we describe the construction and pa-
rameterization of a comprehensive radiation model,
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including atmospheric scattering, absorption and
emission by molecules as well as particulate matter,
under the summertime arctic boundary conditions of
long solar insolation and high surface albedo. In section
3 we first test the model performance against the mea-
sured fluxes and bulk radiative quantities. We then
proceed in section 4 to conduct a sensitivity study of
the effects of cloud, haze and snow on the radiative
energy budget of the arctic atmosphere and surface to
obtain a better understanding of the role of radiation
in the climate of the Arctic. A summary of this study
"1is given in section 5.

2. Description of radiation model
a. Basic equations and solutions

In this paper we focus on the computation of heat-
ing/cooling rates for which only fluxes are needed.
Thus, we may start with the azimuthally averaged ver-
sion of the equation describing the transfer of diffuse
monochromatic radiation at frequency » in a scattering,
absorbing and emitting plane-parallel atmosphere in
local thermodynamic equilibrium given by (Chandra-
sekhar 1960; Stamnes et al. 1988)

du,(7,, u) _
W T i)

_w(71,)
ar, u,(7,, u) “an

! w,(7,)]
Xf P(7,, s ), (7, u’)du'*———(4 Yo,
-1 . ™

X Py(7,, s —mo)e” " — [1 = w,(,)]1BT). (1)

Here 8 is the polar angle and p = cosf. We have made
the usual diffuse-direct distinction (Chandrasekhar
1960, p. 22) so that u, in Eq. (1) describes the azi-
muthally averaged diffuse intensity or radiance only.
Thus, [, is the intensity of solar radiance incident in
direction pg so that gl is the incident vertical flux or
irradiance. The w,(7,) is the single scattering albedo,
P/(7,, u; u') the azimuthally averaged scattering phase
function, 7, the extinction optical depth and B,(T') the
Planck function at frequency » and temperature 7.
The second term on the right side in Eq. (1) is due to
-multiple scattering, the third is a consequence of the
diffuse-direct distinction and is called the solar pseu-
dosource, while the fourth term describes thermal
emission. ,
Since planetary atmospheres, in general, and the
earth’s atmosphere, in particular, consists of a mixture
of various radiatively active gases and cloud and aerosol
particles that have nonconstant mixing ratios, the op-
tical properties (i.e. the single scattering albedo and the
phase function ) vary with altitude or optical depth. To
account for this inhomogeneity and the fact that real
atmospheres are nonisothermal, we divide the atmo-
sphere into a series of adjacent, homogeneous layers
in which the scattering and absorbing properties are
taken to be constant within each layer but are allowed

JOURNAL OF THE ATMOSPHERIC SCIENCES

VoL. 46, No. 7

to vary from layer to layer. Within each layer we adopt
a linear-in-optical-depth variation of the Planck func-
tion (Wiscombe 1976).

A variety of techniques exist for solving Eq. (1) (cf.
Stamnes 1986 for a recent review of such methods).
Applying the discrete ordinate method (Stamnes et al.
1988) we find that the intensity for layer denoted by
p is given by

N
up(T’ )= {qujp(ﬂi)e“kjp(T-fp—l)
i=1

+ C—jﬁG—jp(ﬂi)e_kjp(w*f)} + Zp(ﬂl)e—”m’
+ [Yop(pi) + Yipr]l, (2)

where the p; are the quadrature angles and 7, < 7
< 7,; N is the number of discrete points utilized in
each hemisphere when replacing the integral over angle
in Eq. (1) by humerical quadrature. The k;, and G;,(u;)
are the ecigenvalues and eigenvectors, respectively,
which depend on the optical properties of each layer.
The Cj, are determined from boundary and continuity
conditions and depend upon the incident solar radia-
tion, the atmospheric thermal properties and the sur-
face characteristics, Z,(u;) exp(—7/uo) is the particular
solution due to a parallel beam of solar radiation in-
cident in direction 8y = cos'uo. The Yo,(u;) and Y,

"are determined by the optical and thermal properties

of the layer. We refer the reader to a recent paper
(Stamnes et al. 1988) for a complete and detailed ac-
count of this method.

To compute fluxes and heating /cooling rates we use
the formulas

27 1
F,(7,)= fo do f_" uu 7, n)du

N .
=21 2 w7, i) 3)
i=—N .
oT 1 0F,
S T e —— S— 4
ot Cop 0z “)

where ¢ refers to the integration over azimuths; w; is .
the quadrature weight; T stands for temperature, ¢ for
time, C, for specific heat at constant pressure p, p for
mass density, z for geometric height and F, for net flux
at frequency ». The heating/cooling rate is proportional
to the divergence of the net flux.

b. Parameterization of molecular scattering and ab-
sorption/emission

Figure 2a, modified from Coulson (1975) and Liou
(1980), shows an overall picture of the clear sky ra-
diation. For convenience it has been customary to sep-

-arate solar and terrestrial radiation at 4 um because of

the negligible amounts of energy existing on either side
of 4 um for each relative to the other. For solar radia-
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FI1G. 2. (a) Spectral distribution of gaseous scattering and absorption/emission for two clear-
sky observations (modified from Coulson 1975 and Liou 1980). (b) Spectral dnstnbutlon for
exponential-sum fitting of transmission for gaseous absorption/ emxssnon

tion, the outer curve in Fig. 2a was observed at the top
of the atmosphere while the inner curve was observed
at sea level. The area between the inner and the outer
curve is due to molecular and aerosol scattering and
absorption. For terrestrial radiation (note that the ver-
tical scale is different), the emission spectrum was ob-
served by satellite interferometer from space.

Due to the small amount of energy involved in tran-
sitions from one quantum state to another, the gaseous
rotational / vibrational absorption spectra consist es-
sentially of complex, closely spaced line structures. The
necessary spectral line parameters (e.g. frequency at
line center, intensity, half-width) have been compiled
and reported by McClatchey et al. (1973) and contin-
uously updated since then to include some 159 000
lines (Rothman 1981). The difficulty involved in in-
corporating either fine line structure (e.g. time-con-
suming computations) or broadband measurement
absorption data (e.g. varying temperature and pressure
profiles) into multiple scattering radiation models has
been discussed recently by Chou and Arking (1980,
1981), Slingo and Schrecker (1982) and Stephens
(1984) among others. Therefore, parameterization of
gaseous absorption over a spectral region containing
many lines is needed for computational efficiency when
absorption is included in a multiple scattering scheme.
For this purpose, we have adopted the exponential-
sum fitting of transmissions ( ESFT ) method described
briefly below.

The ESFT method approximates the transmission
function of a given spectral region by a finite sum of
M exponential terms (Wlscombe and Evans 1977), as
follows:

. M
T(uw)=3 web#

i=1

&)

M
where ¥ w; = 1. Here, 7 denotes the band transmission
i=1

function and u is the equivalent absorber amount. The
b; are the equivalent absorption coefficients and the w;
are associated weights (b; = 0, w; > 0). In essence, the
main virtue of the ESFT method is to reduce the non-
gray radiative transfer problem involving integration
over a finite spectral interval (for which Beer’s law does
not apply) to a series of monochromatic problems.
Figure 2b shows the spectral regions in which the four
gases, considered in this study, absorb radiant energy.
The ESFT method is used to deal with each gas in the
wavelength interval from 0.3 to 500 um. Two different
ESFT data sets have kindly been provided to us by Dr.
Wiscombe (1985, personal communication) and by
Drs. Slingo and Schrecker (1982). For terrestrial ra-
diation we have used the former data set which has a
resolution of 20 cm ™' and accounts for overlapping
gaseous absorption. For solar radiation we have
adopted the latter data set which has irregular spectral
resolution.

Empirical scaling of absorber amounts (1) is needed
to account for the pressure and temperature depen-
dence. Thus, the effective absorber amount () is ob-
tained as follows:

= (2D [T
w@=woliGlre) | ©

where p(0) = 1013.25 mb; 7(0) = 273.15 K; and the
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constant »n is determined empirically to be 0.9 for H,O,
0.75 for the uniformly mixed gases (CO, and O,), and
0.4 for O; (Kneizys et al. 1980).

Besides molecular absorption, Rayleigh scattering is
important in the spectral region from 0.3 to 4.0 um,
due to the dependence of scattered radiation on A™*
(A, monochromatic wavelength), We have adopted
Penndorf’s (1957) formula for the Rayleigh’s volume
scattering coefficient (8z, m™') given by

Br(z) = [0.9793(ns” = 1)’p(2))/IN*T(2)]  (7)

where n, denotes the refractive index of air and tem-
perature and pressure dependence is also taken into
account.

¢. Parameterization of atmospheric particles and sur-
Jace conditions

Important parameters for multiple scattering prob-
lems involving particles are the single scattering albedo
(w, or the probability of scattering), the optical depth
(, determined by the extinction coefficient along the
path), and the asymmetry factor (g, characterizing the
angular scattering pattern). Due to instrumental lim-
itations, these three dimensionless optical properties
are difficult to measure directly in the laboratory (e.g.,
Mugnai and Wiscombe 1980). Mie theory is often the
most suitable method to obtain these quantities, but
unfortunately Mie computations are very time-con-
suming. For computational expediency it is therefore
convenient to utilize Mie theory to parameterize the
optical properties of stratus clouds, arctic haze and
snow/ice particles in terms of their bulk microphysical
properties, such as size distribution and mass content,
which can be measured directly.

1) STRATUS CLOUDS

The microphysics of clouds may be conveniently
described by the liquid water content (LWC, g cm ~3),
the equivalent radius (RE, um), and the total number
concentration (CON, cm ) as follows:

LWC(z) =533‘ﬂfr3n(r, 2)dr

fr3n(r, z)dr
RE(z) = —
f r’n(r, z)dr

®)

where p,, (g cm™3) is the density of water, r (um) is
the droplet radius and n(r, z) (cm > um ") is the drop
size distribution at height z. Based on the extensive
survey of cloud microphysics by Carrier et al. (1967),
Stephens (1978 ) established eight cloud models which

CON(z) = f n(r, z)dr

JOURNAL OF THE ATMOSPHERIC SCIENCES

VoL. 46, No. 7

cover a wide range of observed drop size distributions.

A tabulation of the optical properties of these eight

water clouds was also made by Stephens (1979) through

Mie computations from 0.3 to 200 um. Since cumulus

and cumulonimbus are cube-shaped clouds which have

characteristics very different from stratiform clouds,

these two model size distributions are not appropriate

for this study. Moreover, even for the stable and strat-

iform clouds, such as the arctic stratus, different size
distributions were observed from cloud base to top. In
fact, a single-mode size distribution was often found
near the cloud base; but the shape of the size spectrum
shifted toward larger size at the upper levels and a bi-
modal distribution was observed near the cloud top
(cf. Fig. 10 of Tsay and Jayaweera 1984). The arctic
stratus has microphysical properties (RE, LWC and
CON) somewhat between those of the marine strato-
cumulus (SC-II) and the stratus (ST-II) identified by
Stephens (1978). Therefore, a multimode size distri-
bution (having the same LWC and CON as SC-11) was
simulated to resemble the distribution at cloud top.
Figure 3 shows the SC-II and the adopted multimode
size distributions. Mie computations were performed
for the multimode size distribution to obtain its optical
properties and this model cloud combined with the six
clouds of Stephens (1979), deemed appropriate for our
purposes, serve as a basis for our parameterization of
stratiform clouds.

To demonstrate the relationship between cloud mi-
crophysics and cloud optical properties, we show in
Fig. 4 the single scattering albedo for solar and terres-
trial spectra. If the ST-II and the multimode clouds
serve as the envelope, based on the rank of RE, the
rest of the five model clouds are generally bounded
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FIG. 3. Drop size distributions for two model clouds (solid: for single-
mode and dashed: for multi mode SC-II, see text).
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FIG. 4. Single scattering albedo for seven model clouds
from wavelength 0.3 to 200 um.

inside. Recent studies have attempted to parameterize
shortwave optical properties, based on one or two bulk
quantities of cloud microphysics (Stephens 1978;
Twomey and Bohren 1980; Slingo and Schrecker 1982;
Wiscombe et al. 1984). To obtain a unified treatment
of both solar and terrestrial radiation, an extension of
Slingo and Schrecker’s parameterization scheme for
the solar spectrum is attempted here for the terrestrial
spectrum as well. Since w and g are ratios of two quan-
tities, they depend closely on RE, which is the ratio of
the third and the second moments of size distribution.
The extinction coefficient 8., depends on LWC/RE,
which represents the total cross section. Therefore, to
parameterize the optical properties we performed least
squares fits for the following linear equations for the
wavelength region from 0.3 to 200 um:

w=a+ bRE
g=c+ dRE
Bext/LWC = e+ f/RE. 9)

Figures 5-7 show each 12 representative wavelength
fits out of a total of 120 for w, g and weighted extinction
coefficient (B../LWC). A good fit for w throughout
the solar and terrestrial spectra is obtained. Very high
absolute values of correlation coefficients () are found.
This is very important for cloud parameterization, be-
cause cloud absorption is very sensitive to the variation
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of (1 — w). The fits for g are also good, except for the
region around 4.5 um. However, this error may not
produce serious problems, due to the relatively small
amount of radiation energy involved. Good fits of
weighted B, were obtained for both the shortwave and
longwave regions. Relatively low correlation coefficients
were obtained only in the window region (8-12 um).

2) ARCTIC HAZE

Besides the persistent summertime arctic stratus, the
presence of aerosol particles in the arctic atmosphere
has received attention in recent years because of pos-
sible climatic effects. Arctic haze has a seasonal vari-
ation with a maximum in late spring and a minimum
in late summer (Patterson et al. 1982; Shaw 1982),
and tends to occur in multiple layers rather than being
well mixed throughout the lower atmosphere (Carlson
1981; Valero et al. 1983). The layering of the haze
often occurs within 3 km above the surface, which is
about the upper height limit for the summertime arctic
stratus cloud. The low concentration of arctic haze
during the summer season may be related to the high
occurrence of stratus clouds. The optical properties
(Bext, w, g) of arctic haze have not been extensively
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FI1G. 5. Least squares fits of single scattering albedo from wavelength
0.3 to 200 um for seven cloud models (A denotes wavelength and y
correlation coefficient).
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measured (Shaw 1985); however, reported values exist
only at a few single wavelengths (e.g., 500 nm). To
estimate the effect of haze on the radiative energy
budget in the Arctic, the wavelength dependence of the
optical properties is essential. Therefore, Mie calcula-
tions again may provide estimates of the optical prop-
erti¢s, based on the measured microphysics of the haze.

Recent model computations of the optical properties
for aerosol particles were made by Shettle and Fenn
(Tables 12-43, 1979) and Blanchet and List ( Figs. 10-
12, 1983). The former compilation contains four gen-
eral models of aerosols; the latter applies specifically
for arctic haze. Figure 8 shows g, for both model cal-
culations. Effects of humidity on the aerosol properties
are considered in both models. The volume extinction
coefficient of arctic haze is generally of the same order
of magnitude as that of the tropospheric aerosols rather
than that of the maritime aerosols. A background haze
of optical depth ranging from 0.05 to 0.2 is chosen for
the summertime arctic condition (Shaw 1985).

Dry (relative humidity < 80%) and wet (RH > 80%)
conditions represent cases of haze particles located
above/below and inside the clouds, respectively. Since
haze particles lose their optical characteristics quickly
as they get wet (acting as a tiny droplet ), we performed
least squares fits for both dry and wet particles. Figure
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9 shows 12 representative fits out of a total of 54 cases
of RH vs w from wavelength 0.3 to 40 um. Very good
fits are found in the visible region, which is quite im-
portant because the major absorption by haze (dry)
occurs here. :

When the atmosphere contains a mixture of gas
molecules and particulate matter, the effective optical
properties of this mixture can be obtained as follows:

TefszG+TR+TD+TH
weir = (Tp + wpTp + WyTe)/ Ter
P.y(cos®)

- TRPR(COSO) + wDTDPD(COS(!-‘)) + (.OHTHPH(COSQ)
TR+ wpTp + WyTH

(10)

where the subscripts G, R, D and H denote the com-
ponents for gaseous absorption, Rayleigh scattering,
droplets and haze particles, respectively. Since our in-
terest here lies primarily in the radiative energy balance,
we focus on flux computations for which the asym-
metry factor is the most important moment of the
phase function. To circumvent lengthy computations
of phase function moments we utilize the Henyey-
Greenstein phase function given by
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FiG. 7. As in Fig. 5, except for weighted volume
extinction coefficient.
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FI1G. 8. Volume extinction coefficient for five haze models from
wavelength 0.2 to 40 um at (A) 50% and (B) 99% relative humidity
(solid: Urban, dot-dash: Rural, dash: Maritime, dash-double dot:
Tropospheric, and dotted: Arctic haze models).

Puc(cos®) = (1 — g2)/(1 + g* — 2g cos®)*2, (11)

where g is the asymmetry factor, since its moments are
given simply by powers of g (van de Hulst 1957; Han-
sen and Travis 1974).

3) SNOW/ICE COVERED SURFACE

The striking feature of the arctic surface is its high
reflectivity, caused mainly by snow and sea ice. The
surface radiative energy budget depends strongly on its
albedo. A high snow/ice albedo produces a positive
climatic feedback mechanism, by which an increase in
surface albedo leads to more energy reflected to space.
Thus, there is less energy available for heating, implying
a temperature decrease which induces further extension
of snow/ice (Kellogg 1975). To obtain a quantitative
understanding of this feedback mechanism, the optical
properties of snow/ice have to be known.

However, the snow/ice albedo is generally not a
constant, it depends on the wavelength of the incident
solar radiation, snow/ice age and depth, air bubble
distribution, sun angle, cloud cover, and impurities
such as dust, ash, soot, salt (Warren 1982), which cre-
ates a difficulty in parameterization. Nevertheless, the
most important variable controlling snow/ice albedo
turns out to be the mean grain size, which is propor-
tional to the ratio of volume to surface. In general, the
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grain radius (RG) varies with snow /ice depth and age.
After an examination of a wide variety of references,
Wiscombe and Warren (1980) concluded that the av-
erage grain radii are in the range 20-100 um for new
snow; 100-300 um for fine-grained older snow; and
1000-1500 pum for old snow near the melting point.
The selection of snow grain size and other variables
are subject to environmental conditions.

Optical properties of pure snow/ice and soot con-
tamination were obtained for the present study through
Mie computations (Wiscombe and Warren 1980;
Warren and Wiscombe 1980). Since absorption of pure
snow/ice predicted by Mie computations is negligible
in the visible, Warren and Wiscombe (1980) intro-
duced trace amounts of absorptive impurities such as
graphitic soot to match observed snow albedo. This
alters the snow/ice albedo only in the visible, and
changes nothing for the rest of the spectral wavelengths
because of the high imaginary refractive index for ice
throughout the infrared region.

Observations show that the mass-fraction (/) of soot
ranges from 0.01 to 0.06 ppmw (parts per million by
weight) in arctic snow/ice (Warren 1982). For a mix-
ture of snow/ice and impurities, the optical properties

_of the mixture are obtained by weighting each com-

ponent properly. Thus, (.., w and g of the mixture are
obtained as follows:
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FIG. 9. Least squares fits of single scattering albedo form wavelength
0.3 to 40 um for arctic haze model (y denotes correlation coefficient
for dry condition and v’ for wet condition).
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Bext(RG) = p(RG)[(1 ~ f)kex(ice) + fkeu(s001)]

(1 = f)ksealice) + fksea(500t)
(1 _f)kext(ice) +fkext(500t)

«(RG) =
&(RG)

_ (I = Nksa(ice)g(ice) + fksa(s00t)g(s00t)
(I = f)ksca(ice) + fksca(s001)

where k., and k., are the mass extinction and scat-
tering cross sections for each component, respectively;
p(RG) is the density of the mixture for each grain ra-
dius and can be approximated by the density of snow/
ice only, due to the relatively small amounts of soot
present. ‘

(12)

3. Analysis of the Arctic Stratus Cloud Experiment
a. Comparison

Broadband measurements of solar and terrestrial ra-
diation in the Arctic Stratus Cloud Experiment of 1980
were reported by Herman and Curry (1984) and Curry
and Herman (1985), respectively. The physical prop-
erties of the arctic stratus, together with the associated
meteorological conditions, were reported by Tsay and
Jayaweera (1984). No arctic haze measurements were
made concurrently. Figure 10 shows two atmospheric
profiles for the low stratus clouds, which are used for
model comparison and sensitivity studies. Two-layer
clouds associated with the surface and cloud top in-
versions were observed on 28 June 1980. A single-layer
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FIG. 10. Atmospheric profiles for two observed arctic stratus clouds
on June 20 and 28, 1980 (dashed: for dew point temperature).
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FIG. 11. Comparison of observed (solid) and computed fluxes for
stratus clouds on 28 June 1980; (a) for total flux, (b) for near-IR,
(c) for visible, and values in inset for albedo at cloud top, (dashed)
for fluxes computed from cloud model only and (dot-dashed) from
model with both cloud and haze; but these two curves can not be
distinguished in (b).

cloud was measured on 20 June 1980. This single-layer
cloud extended to the surface and was capped by a

~ strong inversion at the cloud top. The clouds observed

on both days were not saturated; they showed a relative
humidity range from as low as about 80% on 20 June.
In general, dry conditions were observed above the
clouds.

We have computed radiative fluxes for the solar
spectrum (0.28-4.0 um), the near-infrared (NIR, 0.78-
4.0 um), and the visible ( VIS, 0.28-0.78 pm), corre-
sponding to the sensitivity ranges of the Eppley pyr-
anometers. Boundary conditions were taken from the
observed data. They are 53.8° (28 June) and 53.6° (20
June) for solar zenith angles; and 0.68 ( VIS, 28 June),
0.35 (NIR, 28 June), 0.60 (VIS, 20 June) and 0.43
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(NIR, 20 June) for surface albedos. The solar constant
(0.28-4.0 um) was taken to be 1337.19 W m 2. Model
comparisons should include not only bulk quantities,
such as reflectivity, transmissivity and absorptivity
which are relative ratios, but also flux and heating/
cooling profiles. The computed bulk radiative quan-
tities have been reported in good agreement with the
measurements (Herman and Curry 1984); we present
here the comparison of flux profiles. Figures 11 and
12 show the computed (dashed and dot-dashed lines)
and observed (solid lines) upward and downward fluxes
on 28 June and 20 June, respectively. The measured
fluxes for the visible region are obtained as the differ-
ence between the total and the near-infrared (Herman
and Curry 1984).

Generally, the agreement between computed (based
upon measured cloud microphysics and broad-band
surface albedo) and observed fluxes is fair. The major
discrepancy occurs at the cloud top, where the fluxes
differ by up to about 70 W m 2, There was some dif-
ference in flux measurement between the Eppley and
silicon detectors, which should not be fully responsible
for this discrepancy. For instance, an instrumental dif-
ference among detectors of about 2% and 10% in total
transmissivity and reflectivity (pp. 14 and 15 of Her-
man and Curry 1984) corresponds to about 15 and 50
W m ™2 in downward and upward fluxes, respectively.
In addition to the -uncertainty in the measurements,
three causes may be responsible for the discrepancies
between observed and computed fluxes. They are (1)
the improper use of spectrally fixed surface albedo in
the model, (2) the insufficient absorption of clouds in
the visible region, and (3) the improperly determined
cloud top geometry.

b. Discussion

To investigate the adequacy of using a fixed surface
albedo in the model, the spectral snow albedos were
obtained from repeated computations by changing
surface conditions to match the observed broadband
snow albedos in the visible and near-infrared. The use
of fixed albedo overestimates fluxes in 0.3-0.6 um re-
gion and underestimates fluxes in 0.7-1.0 um region.
These regions are associated with the major solar energy
and the weak gaseous and droplet absorptions, respec-
tively. The use of spectral rather than fixed snow albedo
reduces the discrepancy between observed and com-
puted fluxes by about 3to 5 W m™2,

Since the early 1950s, a cloud absorptivity paradox
has been noted (Fritz 1951). The absorption of clouds
predicted by theoretical calculations at 6%, is far less
than the actually measured values of about 20% ab-
sorption. Subsequent aircraft measurements (e.g.,
Reynolds et al. 1975) obtained even larger cloud ab-
sorption than before—about 20-40%. This discrep-
ancy was recently attributed to the leakage of radiation
through cloud sides (Welch et al. 1980), the effects
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F1G. 12. Asin Fig. 11, except for 20 June 1980: (dashed ) for fluxes
computed from cloud model only and (dot-dashed ) from cloud model
with water vapor reduced to half, but these two curves can not be
distinguished in (c).

of very large droplets (Wiscombe et al. 1984 ), or the
effects of graphitic carbon (Chylek et al. 1984). How-
ever, the first two explanations are not applicable to
the problem of arctic stratus. The leakage of radiation
through cloud sides is important for cumulus clouds
(which may be modeled approximately by cubes) but
is probably negligible for extended stratiform clouds.
Cloud absorption is increased by about 2% to 4% due
to very large drops in the 40-50 um radius range,
which allow solar radiation to penetrate deeply into
the clouds. But such large drops were not observed
during the Arctic Stratus Cloud Experiment; drop ra-
dii of about 20-25 um were the maximum. Therefore,
we are left with the possibility that cloud impurities
may play an important role in increasing cloud ab-
sorption. Indeed, there is plenty of soot in the arctic
atmosphere (Shaw 1982). Curves marked with dot-
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dashed in Fig. 11 are computed for a hazy sky con-
dition, corresponding to an optical depth of about
0.06 at 0.5 um wavelength in the arctic summer (Shaw
1982). The haze lead to some reduction of fluxes in
the visible but not in the near-infrared regions. Better
agreement in the near-infrared was obtained by re-
ducing the water vapor density by 50% for the entire
column on 20 June instead of introducing haze. But
50% errors in water vapor density correspond to 0%
(or 30°K) errors in dewpoint temperature measure-
ments, which seems an unlikely explanation for the
discrepancy between the observed and computed
downward flux (NIR) on June 20.
In the plane-parallel approximation, boundary layers
of cloud-air interface are assumed to be horizontally
homogeneous, and this assumption differs somewhat
with the observed wavy cloud top geometry ( Tsay and
-Jayaweera 1984). A different radiation field is expected
for this wavy condition. The downward fluxes at the
cloud top and base were determined from the average
fluxes measured within a 100 m layer above and below
~ the cloud layer, respectively (p. 9 of Herman and Curry
1984). Also, the upward flux at cloud top was estimated
by extrapolating the upward fluxes within the cloud
layer to the cloud top, due to the wavy geometry at the
cloud top. This introduces additional uncertainties in
the flux measurements. Recent theoretical studies of
radiation fields in horizontally inhomogeneous media
(e.g., Stephens 1986) found that the reflectance (or
upward flux) is lower for both absorbing and non-ab-
sorbing media. More careful studies of the cloud top
geometry effect are needed.

Unfortunately, corresponding measurements of in-
frared fluxes in the atmospheric profiles for 20 and 28
June were not reported in the paper of Curry and Her-
man (1985). Only four out of twelve profiles in the
paper of Herman and Curry (1984 ) were documented
and two of them were altostratus clouds. Thus, the
following theoretical studies in the infrared region can
not be compared with measurements.

4. Sensitivity studies
a. Surface conditions

To study the energy budget of both solar and ter-
restrial radiation, the surface condition has to be prop-
erly simulated. In the arctic summer the surface con-
ditions are generally very complicated. Thus, the sur-
face may be composed of open leads, pack ice, melting
ponds, refrozen ice, old snow, new snow, etc. From
the flight notes and pictures, the surface on 28 June
(at 77°N) is known to be essentially snow covered.
Visual data for 20 June were not available since the
cloud extended to the surface. Broadband surface al-
bedos, such as total, visible and near-infrared are often
measured instead of detailed spectral albedos.

The variability of the spectral albedo for snow is
illustrated in Fig. 13, which shows computed snow al-
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bedo as a function of grain radius, density, impurity
and atmospheric conditions. New snow generally has
a higher spectral albedo than old snow. The larger snow
grains of older snow tend to produce further absorption,
due to the deeper penetration of the photons. Generally,
snow grains increase in size with depth, but the snow
density is not related to grain size and ranges from
about 0.15 to 0.5 g cm 3. For instance, wind-packed
snow in the Arctic often has a small grain radius of
about 100 xm but a high density of about 0.45 g cm ~>.
Therefore, wind-packed snow has an even higher spec-
tral albedo than new snow. Under such conditions,
photons are efficiently backscattered in the upper layer
and only a small portion of the radiation will reach the
large grains below and be absorbed. Thus, the spectral
albedo of snow depends sensitively upon the environ-

“mental conditions.

To simulate the surface condition of 28 June, the
grain radius is assumed to be 2000 um, corresponding
to snow near the melting point. The mass-fraction of
soot in the snow is adopted to be 0.24 ppmw, which
may be somewhat larger than the observed value.
However, it leads to computed broadband albedo val-
ues matching closely’ the observed broadband albedo
of the total (0.57), visible (0.68) and near-infrared
(0.35) regions. Therefore, we use this surface condition
to investigate the effects: of various atmospheric con-
ditions on the radiation budget.

b. Solar radiation

Figure 14 shows the atmospheric heating profiles
under various conditions. The base line is represented
by “CLOUD” only. The exclusion of CO, and O, ab-
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F1G. 13. Spectral albedo of snow as function of grain size (old-snow
and new-snow ), impurity (soot) and sky condition.
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sorption is denoted by “CLOUD - CO, — 0,.”
“HAZE(A)” and “HAZE(C)” denote the condition
of dry haze, located above the upper cloud and between
the upper and lower clouds, respectively. “HAZE(B)”
is the wet haze condition, for which the haze is imbed-
ded in the cloud and mixed with the drops for the
entire cloud. The optical depth of all haze layers is
adopted to have the value of 0.06 at 0.5 um wavelength,
implying that the geometrical thickness of haze layers
may be different.

Strong cloud heating takes place in the upper 100
m and reaches about 60°C day~' (or 5°C h™"). This
heating profile corresponds to local solar noon. Because
of the relatively drier and colder air aloft in the Arctic
than elsewhere, more radiation reaches the cloud. and
is available for cloud drop absorption. A similar en-
hancement is found when the absorption of CO, and
O, is excluded, resulting in extra heating in the upper
part of the cloud. The inclusion of haze layers does not
alter the atmospheric heating significantly, except for
a 0.7°C day ! increase when HAZE(A) is introduced
above the cloud from 1.2 to 3.8 km height. Spectral
absorption of the clouds for dry and wet haze condi-
tions are shown in Fig. 15. The white areas between
the two curves of net fluxes at boundaries represent
the flux divergence. Dry haze particles absorb strongly
at visible wavelengths while drops do not. In the near-
infrared, the opposite situation is found, except for the
0.9 and 1.3 um bands. When haze particles absorb wa-
ter vapor (wet haze condition), they start losing their
identities and behave like tiny droplets. However, the
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absorption bands of wet haze overlap completely with
those of the cloud absorption. Thus, with the assump-
tion of external mixing, implying that the haze particles
occur in the interstitial areas between drops but not
inside the drops themselves, the absorption of wet haze
particles is strongly diluted by cloud absorption [e.g.
Eq. (10)]. When haze exists between the clouds
[HAZE(C)] with high relative humidity (RH > 80%,
Fig. 10), little radiation is absorbed by the haze. This
is because the strong scattering in the visible and strong
absorption in the near-infrared by the upper cloud
leaves little radiation to interact with the haze. The
finding of aerosols increasing absorption in clouds by
about 1% to 5% by Herman and Curry (1984) is due
to their neglect of the humidity effect in their adopted
haze model of Shettle and Fenn (1976).

Tables 1 and 2 show fluxes computed for solar and
near-infrared radiation with various atmospheric con-
ditions on 28 and 20 June. The “CLEAR” case is made
by artificial removal of the cloud. The exclusion of
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F1G. 15. Spectral absorption of (a) cloud, (b) dry haze
and (c) wet haze models.
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TABLE 1. Model computations of fluxes for solar and near-infrared (in parentheses) radiation with various components in the atmospheric
profile of 28 June 1980 (F*(0) denotes upward flux at top; F~ (rN), downward flux at bottom; AF, net flux gain at surface; AF,,, net
flux gain of entire atmosphere AF,,, net flux at haze layer [all in dimension of W m™2]). Solar zenith angle is 53.8° yielding input solar
flux at top of 789.76 W -m~2 and near-infrared flux at top of 360.20 W m™2,

F*0)

Components F(zy) AF AFyn ARy,
Cloud 517.00 242.77 101.20 171.56 38.47*
(187.82) (57.79) (37.74) (134.64) (38.02)*
Cloud-CO,-0, . 521.86 244.39 101.91 165.98 39.55*
(189.58) (57.94) (37.88) (132.74) (39.23)*
Cloud + Haze (A) 503.37 237.33 99.16 187.23 16.31
(184.73) (57.14) (37.34) (138.14) (3.73)
Cloud + Haze (B) 517.00 242.77 101.20 171.56 0.00
(187.82) (57.79) (37.74) (134.64) (0.00)
Cloud + Haze (C) 516.72 241.03 100.59 172.45 0.90
(187.81) (57.61) (37.64) (134.76) 0.12)
Clear 333.10 647.07 319.18 137.47 —_
. (65.21) (259.45) (192.91) (102.09) —_—
Clear-C0;-0, 335.60 652.93 322.99 131.16 —_
(65.23) (262.16) (195.59) (99.38) —_—
Clear + Haze (A) 326.62 635.93 31440 148.74 11.65
©4.71) (257.13) (191.20) (104.29) (2.33)

* Net flux gain at cloud layer.

CO, and O, increases surface absorption by 0.7 W m ~2
in the cloudy case and 3.8 W m™2 in the clear case
(Table 1). This increase is mainly caused by the lacking
absorption of radiation by O, in the 0.7 um band. Also,
the entire atmosphere loses about 6 W m 2 and the
additional heating in the cloud top (Fig. 14) is caused
by extra absorption of | W m ™2 due to lack of CO,.
The introduction of HAZE(A) into the cloudy at-
mosphere decreases the surface absorption by about
2-3 W m ™2, because soot-contaminated snow has ab-
sorption bands similar to the dry haze in the visible
region. This effect is enhanced (about 5 W m ~2) when
the haze is added to a clear atmosphere, due to larger
amounts of radiation available. The increase in at-

mospheric absorption due to HAZE(A) ranges from
11 to 17 W m ™2 for clear and cloudy conditions, re-
spectively. Eighty percent of this absorption comes
from visible wavelengths, as expected. However, the
absorption of HAZE(A) reduces the absorption of the
underlying cloud by about 1 W m™, Indeed, a dry
haze particle is a relatively efficient absorber, implying
that the flux absorbed by the haze is 30%-40% of that
absorbed by the cloud, despite its small optical depth.

¢. Terrestrial radiation

The solar heating of the earth-atmosphere system
has to be balanced by the infrared cooling. In the in-
frared region, pure snow and soot-contaminated snow

TABLE 2. As in Table 1, except for 20 June 1980 and input solar flux at top of 793.52 W m™2;
near-infrared flux at top of 361.92 W m™2 for 53.6° zenith angle

Components F*(0) "F(rn) AF. AFym AF,
Cloud 492,77 353.88 151.31 149.44 31.23*
(176.86) (109.92) (62.91) (122.15) (30.90)"‘
Cloud-CO0,-0, 497.64 356.31 154.45 143.43 32.19*
’ (178.67) (110.40) (63.39) (119.85) (31.94)*
Cloud + Haze (A) 480.22 346.05 143.27 165.03 13.01
(174.00) (108.67) (62.28) (125.64) (2.98)
Cloud + Haze (A and B) 491.00 352.78 150.88 151.64 2.06
(176.46) (109.75) (62.83) (122.63) (0.45)
Clear 364.33 669.02 313.80 115.39 —_
(93.77) (275.04) (178.92) . (89.23) —_
Clear + Haze (A) 357.41 657.82 309.08 127.03 11.86
(92.62) (272.87) (177.54) (91.76) (2.57)
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have relatively simple characteristics. The emissivity
of snow is quite insensitive to the snowpack parameters
(i.e., grain size, density) and can be approximated to
be 0.99 as measured by Griggs (1968). Table 3 shows
infrared fluxes computed for 20 and 28 June, under
various atmospheric conditions. The effect of
HAZE(A) on the thermal radiation is less than 1 W
m 2 under both cloudy and clear conditions. Under
clear skies, the downward flux at the surface for 28
June is 25 W m™2 larger than that of 20 June. The
surface inversion on 28 June is responsible for this,
and also the water vapor density is very high, which
makes absorption saturate easily. The net loss from the
surface is due to radiation escaping in the window re-
gion. However, when clouds are present, the return
radiation from the cloud to the surface offsets the cool-
ing greatly. This results in a net warming at the surface
for 28 June. Since clouds are very efficient emitters,
intensive cooling is found in the upper 100 m. The
upper cloud on June 28 is much denser than on June
20; therefore, stronger cooling is expected. The low-
level cloud on June 28 is very thin and underlies a
dense cloud, which prevents its further cooling.

d. Net radiation budget and inferred melting rates

After examining the solar and terrestrial radiative
components in the Arctic, it would be interesting to
see the net effects. Doing this involves tremendous
computations, assumptions and uncertainties. For in-
stance, the radiation field is strongly dependent on the
atmospheric temperature and composition, such as
clouds, haze particles, etc. Changes of the radiation
forcing will lead to dynamical mixing internally. Sub-
sequently, the changes in atmospheric temperature and
composition feed back into the radiation field. These
events take place under the assumed absence of external
forcings, such as advection. All these processes may
occur simultaneously, however, and they remain poorly
understood. In spite of this circumstance, it may still
be worthwhile to isolate some processes to get a basic
understanding of others.

TABLE 3. Model computations of fluxes for infrared radiation with
various components in atmospheric profiles of 20 and 28 June 1980
(notations as in Table 1, except F*(ry) for upward flux at surface).

Components F(1y) ‘

Fd’("}\') AF g F+(0) AFym
(a) 20 June 1980 (single-layer cloud)
Clear 313.83 232.28 —81.55 253.60 ~172.05
Haze (A) 313.84 232.78 ~81.06 253.61 —172.55
Cloud + Haze (A) 314.65 313.72 -0.93 249.46 ~248.53
(b) 28 June 1980 (multi-layer clouds)
Clear 314.09 257.65 —56.44 247.99 —191.55
Cloud 314.78 327.53 +12.75 246.16 —25891
Cloud + Haze (A) 314.78 327.53 +12.75 246.19 —258.94
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The persistent characteristics of the arctic stratus
clouds and haze particles suggest that their mean con-
ditions may not change dramatically with time. There-
fore, the integration of the radiation field over a short
period of time may be justified. Solar radiation is highly
dependent on zenith angle. However, under the as-
sumption of a steady atmospheric composition, the in-
frared radiation remains time independent. Figures 16
and 17 show a 24-hour integration of solar heating and
infrared cooling, together with the net effects, for the
cloudy conditions of 28 and 20 June. Very intense net
cooling is achieved near the cloud top on 28 June. The
solar heating for 24 hours integration is reduced by
about 20% compared to the computed value for local
solar noon (Fig. 14). Intense mixing between the cloud
layer and entrained air is expected to result from this
strong cooling. However, the low-level cloud undergoes
a net cooling, which indicates that in this particular
case the lower-level cloud will not dissipate due to ra-
diation. On 20 June, a slightly different picture is found.
The net cooling at the cloud top is only about one-
third of that on 28 June. A slight heating is also found
at about 100 m below the cloud top. For this less dense
and low-level cloud, the solar radiation may penetrate
into the cloud layer but the infrared cooling is not
enough to offset it, resulting in a net heating. This effect
has been used to explain the layering of arctic stratus
cloud by Herman and Goody (1976).

Table 4 shows the fluxes integrated for 24 hours with
various atmospheric conditions on 20 and 28 June. In
the clear condition on 20 June, the HAZE(A) reduces
the downward flux at the surface by about 12 W m ™2,
which is about 16 times less than the reduction due to
the cloud. However, it is still efficient enough to offset
a warming due to a potential doubling of the CO,
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- amount, which increases the downward flux at the sur-
face by about 4 to 7 W m™2 (Tsay 1986). Multiple
scattering enhances the absorption of HAZE(A ) in the
layer, but the location of the haze layer is more im-
portant. On 28 June (cloud top at 1.2 km), a net ab-
sorption of 14 W m~2 is found in the haze layer, but
it is only 4 W m ~2 for-20 June (cloud top at 0.3 km),
due to more competition with gaseous absorption.

The absorption of the snow surface is larger under
a clear sky than under a cloudy sky in late June. In the
case of 20 June, a total amount of 104 W m~? is ab-
sorbed under a clear sky, but only 84 W m 2 under a
cloudy sky. On June 28, this difference is.even further
enhanced to 132 W m ™2 under a clear sky and 70 W
m 2 under a cloudy sky. These results support the early
finding of Vowinckel and Orvig (1970). The absorption
of 1 W m™2 corresponds to a melting rate of ice at
about 0.84 cm month ™!, or 2.36 cm month ™! for snow.
As can be expected, if the snow/ice starts to melt this
process will be accelerated, due to the decrease in sur-
face albedo (Wiscombe and Warren 1980).

5. Summary and coinclusion

A comprehensive radiation model has been con-
structed which includes scattering and absorption/
emission by molecules, as well as by cloud droplets,
haze particles and surface snow grains. Mie scattering
properties for drops are parameterized as functions of
the second and third moments of the drop size distri-
butions throughout the solar and terrestrial spectra.
Good fits of these optical properties for stratiform
clouds are obtained. For Arctic haze and snow con-
ditions, the optical properties computed by Blanchet
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and List (1983) and Warren and Wiscombe (1980) are
adopted, respectively, Thus, a unified treatment of
shortwave and longwave radiative transfer is achieved.
Relative humidity effects of the haze particles are also
considered. Snow conditions of the arctic region are
simulated by snow grain size and soot contamination
in the surface layers. External mixing is employed for
cloud droplets with haze particles and for pure snow/
ice with graphitic soot.

Data collected during the Arctic Stratus Cloud Ex-
periment in 1980 are used for model comparisons and
sensitivity studies under cloudy and hazy sky condi-
tions. Model computed bulk radiative quantities are
generally in good agreement with measurements, since
they are ratios of fluxes and are not sensitive to changes
in absolute values. The large discrepancy between
measured and computed fluxes at the cloud top may
arise from experimental uncertainties and the data re-
duction procedure as well as the improper treatment
of cloud top geometry in the model. Investigations of
this discrepancy aimed at gaining a better understand-
ing of the climate in the Arctic, require advanced ex-
periments such as FIRE (Cox et al. 1987) emphasizing
the cloud-air interface. Such experiments are urgently
needed. Meanwhile, fast and accurate radiative transfer
models must be developed in which both the geometry
effect in multiple scattering and the molecular absorp-
tion are taken into account.

Sensitivity studies are conducted for the conditions
of arctic summer, during which the arctic stratus clouds

!

TABLE 4. Model computations of fluxes in daily radiation with
various components in atmospheric profiles of 20 and 28 June 1980
(notations as in Table 1, except (S) for solar and (I) for infrared
radiation).

Components F(1w) AFy F*0) AFym AFy,
(a)} 20 June 1980 (single-layer cloud)
Clear (S} 418.18 +185.12 249.73 75.97 —
Clear (I} 232.28 —81.55 253.60 —172.05 —
Haze (A) [S) 406.20 +181.75 244,30 84.77 +8.97
Haze (A) [1] 232.78 —81.06 253.61 —172.55 —0.53
Cloud (S) 197.15 +84.30 321.87 104.65 +9.94
+ Haze (A) N +5.52
Cloud (I) 313.72 -0.93 249.46 —248.53 -74.24
+ Haze (A) -1.76
(b) 28 June 1980 (multi-layer clouds)
Clear (S) 407.06 +188.24 232.94 +93.94 —
Clear (I) 257.65 —56.44 247.99 —~191.55 —
Cloud (S) 136.04 +56.65 346.94 +111.53 +18.15
Cloud (I) 327.53 +12.75 246.16 —258.91 -79.50
Cloud (S) 132.45 +55.30 336.57 +123.24 +17.98
+ Haze (A) : +16.48
Cloud (I} 327.53 +12.75 246.19 ~258.94 -77.54
+ Haze (A) . —2.62
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are a persistent feature, Intensive solar heating and in-
frared cooling occur in the upper 100 m of the cloud
layer. The presence of clouds decrease the downward
flux at the surface by about 130-200 W m ™2, This is
inferred by artificially removing the stratus clouds from
two observed profiles. Arctic haze in the summertime
is important if it is located above the cloud layer or in
air with low relative humidity. It also decreases the
downward flux at the surface, but only by about 10-
12 W m~% By comparison the greenhouse effect of
doubling the CO, amount increases the downward flux
at the surface by about 4-7 W m ™2 (Tsay 1986) in the
clear McClatchey atmospheres and can be offset by the
background haze (dry condition) or by an increase in
cloudiness of about 4%.

Assuming steady microstructures of stratus clouds
in late June, we find that a clear sky condition results
in more available downward flux (100-130 W m~2)
for snow melt (9.3 cm day ~') than does a cloudy sky
condition (70-80 W m 2 or 6 cm day™!). This is be-
cause the increase of infrared radiation diffused back
to the surface by the cloud can not compensate for the
reduction of solar radiation. When the snow starts to
melt, the decreasing snow albedo further accelerates
the melting process.
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