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The Generation of Equatorial Currents

S. G. H. PHILANDER AND R. C. PACANOWSKI
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In response to the sudden onset of zonal winds the surface layers of the ocean accelerate in the direc-
tion of the wind. Motion is most intense near the equator where a jet forms within a week. The next stage
in the evolution of equilibrium conditions is associated with wave fronts, excited initially at the coasts,
that propagate across the ocean basin and establish zonal density gradients. Wave modes trapped in and
above the strong shallow tropical thermocline because of internal reflection there are responsible for the
adjustment of the upper ocean in low latitudes. These thermocline-trapped modes extend over a depth
greater than that of the wind-driven surface currents and hence give rise to an undercurrent in the
thermocline. This undercurrent is zonal and particularly intense near the equator, where it appears in the
wake of an eastward traveling Kelvin or westward traveling Rossby wave after about 1 month. In the
case of eastward winds, nonlinearities intensify the eastward equatorial surface jet and weaken the west-
ward undercurrent. In the case of westward winds a different nonlinear mechanisms intensifies the east-
ward Equatorial Undercurrent and weakens the westward surface flow. In a 5000-km wide basin, equilib-
rium equatorial currents are established about 150 days after the onset of the winds. The response time of
the ocean below a depth of a few hundred meters is much longer. Winds with no spatial and a simple
temporal structure generate currents with a complex vertical structure in the deep ocean. Closed current
systems are possible in a confined forced region of an unbounded ocean; meridional coasts are not essen-

tial for their maintenance. The intensity of equatorial current is sensitive to dissipation parameters.

1. INTRODUCTION

The sudden onset of eastward winds over the eastern part of
the equatorial Indian Ocean in the spring and autumn gener-
ates intense oceanic jets as shown in Figure 1. The jets at first
accelerate, then remain steady even though the winds con-
tinue to provide eastward momentum, and after about 10
weeks they suddenly decelerate and reverse direction. What is
the explanation for this sequence of events?

The northeast monsoons, which prevail over the Indian
Ocean from November until March, are known to generate an
eastward Equatorial Undercurrent (see, for example, Swallow
[1964]. How is an undercurrent generated from a state of rest?

A study of the generation of equatorial currents is clearly of
relevance to phenomena in the Indian Ocean. It also contrib-
utes to an understanding of variability in the Atlantic and Pa-
cific oceans even' though the fluctuations of the winds there
are not eventlike but occur over a spectrum of frequencies.
The high-frequency response to this forcing will be in the
form of waves, but the low-frequency response will corre-
spond to gradual changes in equilibrium conditions [Philan-
der, 1976b]. An example of low-frequency variability of equi-
librium conditions are the El Nifio events during which
changes in the large-scale density gradients along the equator
cause a major redistribution of heat in the equatorial Pacific
Ocean. An estimate of the time scale on which equilibrium
conditions can change (and Los Nifios can occur) is given by
the time it takes the ocean to reach equilibrium from an initial
state of rest.

The generation of linear currents has been studied in great
detail, notably by Cane and Sarchik [1976, 1977, 1979], who
referenced several earlier studies. These linear solutions are
for a constant density ocean with an arbitrary equivalent
depth. An appropriate superposition of such solutions de-
scribes the flow in a continuously stratified ocean. Gill [1975]

~ and, more recently, McCreary [1980] make such a super-

position in order to study the evolution of the vertical struc-
ture of the flow and the generation of the Equatorial Under-
current.
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Cane [1979] has investigated the generation of nonlinear
equatorial currents by using a numerical model with high hor-
izontal resolution. The vertical resolution, however, is mini-
mal, since the model essentially has two layers.

In this paper we used a multilevel model to study the gener-
ation (section 3) of linear and nonlinear equatorial currents in
a continuously stratified ocean. Several of the calculations are
similar to those of Cane [1979]. However, the high vertical res-
olution of our model (see section2) permits a relaxation of the
troublesome assumption (inherent in a two-level model) that
the currents and wave modes have similar vertical structures.
(Intense oceanic currents are confined to the upper ocean and
have a vertical structure significantly different from that of the
first baroclinic mode, which has a node at a depth of about
1500 m.) Other topics that are discussed in this paper include
the effects of spatially varying winds (section 5), instabilities
(section 6), and the sensitivity of the results to dissipative
processes (section 7). Section 8 is a discussion of the principal
results.

2. THE MODEL

The equations of motion (the primitive equations) are sim-
plified by making the Boussinesq and hydrostatic approxima-
tions and by assuming an equation of state of the form

P =po(l — al)

where p is the density, T is the temperature, a = 0.0002/°C is
the coefficient of thermal expansion, and p, = 1 gm/cm?®. The
coefficients of horizontal v, and vertical », eddy viscosity and
the thermal diffusivity k are assumed to have the constant val-
ues

vy =2 X 107 cm?/s
K, = 10cm?/s

In section 9 we discuss the sensitivity of the results to the val-
ues of these parameters. The equations are solved numerically
by using the method described by Bryan [1969], who discusses
the finite differencing schemes in detail.

The model ocean is a rectangular box with a longitudinal

v, = 10 cm?/s

k, = 1cm?/s
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The zonal velocity component at the surface and the zonal component of the wind stress, as measured on the

equator near Gan (70°E) [after Knox, 1976].

extent of 4800 km, a latitudinal extent of 2800 km (with the
equator in the center), and a depth of 3000 m. In a horizontal
plane the 70 X 70 grid points are spaced at regular intervals
(of 40 and 70 km in the latitudinal and longitudinal direc-
tions, respectively). In the vertical the 16 grid points are
spaced irregularly as shown in Figure 4.

Motion is forced at the ocean surface by imposing a wind
stress and a condition of zero heat flux:

vU,=1" vV,=0 w=0 T,=0at z=0

At all the other surfaces each of the velocity components and
the heat flux are zero. At time t = 0 the wind stress increases
from zero for a period of 5 days. Thereafter it has a constant
value. This initial sinetaper serves to reduce high-frequency
noise.

The initial temperature (and Brunt-Vaisala frequency) is
shown in Figure 2. Since ours is a diffusive model, the temper-

ature will immediately start to evolve to a linear profile even -

in the absence of any forcing. Figure 3 shows this process over
a period of 300 days. (There is no motion associated with this
diffusive change.) It is clear that the thermocline will appear
on a time scale which is long compared to 1000 days. Here, we
concern ourselves with transient phenomena which have time
scales of a few hundred days at most. We do not address ques-
tions concerning the maintenance of the thermocline but con-
fine our attention to the manner in which it is deformed by
different forcing functions. Some of the results have been ob-
tained with a linearized version of the model. In such cases
the basic stratification is that shown in Figure 2.
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Fig. 2. The initial temperature and Brunt-Vaisala frequency in
the upper 500 m of the model. Below 500 m the temperature decreases
linearly to zero.

The natural modes of oscillation in the model will play a
central role in its adjustment to changes in the surface winds.
Figure 4 shows the vertical structure of the first three modes.
Their equivalent depths A, gravity wave speeds ¢ = gh'/?, radii
of deformation A = ¢/B)"?, and time scales T = (Bc)~'/? are
given in Table 1. (The gravitational acceleration is g; f is the
latitudinal derivative of the Coriolis parameter f.)

For each of the vertical modes there is a set of latitudinal
modes. We shall discuss the low-frequency Kelvin and Rossby
modes only and disregard the high-frequency inertia-gravity
waves (which are clearly discernible in some of our figures)
because they are unimportant in the adjustment of the ocean.

The structure of the second baroclinic mode shown in Fig-
ure 4 deserves a comment. In comparison with the other
modes this mode is essentially confined to the surface layers.
Any disturbance in the surface layers (such as a body force in
the upper 50 m) will therefore have a disproportionately large
projection onto the second baroclinic mode. In other words, in
the adjustment of this ocean to a disturbance in the surface
layers the second baroclinic mode will play a dominant role.
In Lighthill’s [1969] model ocean, on the other hand, the first
baroclinic mode is the most important one. The essential dif-
ference between the two model oceans is their basic strati-
fications. Lighthill, in choosing what he thought was a realistic
stratification, minimized the importance of the small but finite
thickness of the thermocline in the tropics. The importance of
this finite thickness is evident in Figure 5, which shows the ef-
fect of a typical low-latitude thermocline on downward propa-
gating waves. Note that for certain wavelengths (which corre-
spond to A = 20 and 8 cm, approximately), internal reflection
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Fig. 3. Diffusive changes in the temperature of Figure 2 over 300
days according to the model. (There is no motion associated with
these changes.) Isotherms are at 1°C intervals.
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Fig. 4. Structure of the three gravest baroclinic modes associated
with the temperature in Figure 2. The vertical resolution of the model
is shown in the ordinate.

in the thermocline is so severe that little energy penetrates into
the deep ocean. The existence of these wavelengths and, in
general, the oscillatory character of Figure 5 are a con-
sequence of the finite depth of the peak of the Brunt-Vaisala
frequency N in Figure 2. (In effect, N has two discontinuities,
so that the problem is similar to that of light incident on two
parallel partial mirrors.) Should we specify that the vertical
velocity vanish at the ocean floor and ocean surface, then
these boundary conditions are satisfied only for a discrete set
of points on the curve in Figure 5. For our stratification the
second baroclinic mode practically coincides with the second
minimum in Figure 5. Hence this mode has a large amplitude
primarily in the surface layers because it is essentially estab-
lished by internal reflection in the thermocline.

Let us suppose that the ocean is infinitely deep. In that case
a discrete set of vertically standing modes are unavailable. Di-
rectly wind-driven currents in the surface layers will now gen-
erate a spectrum of downward propagating free waves at the
coast. Those waves with equivalent depths that correspond to
the minima in Figure 5 will be reflected in the thermocline
and will form horizontally propagating, leaky modes that are
trapped in and above the thermocline. These leaky modes will
primarily be responsible for the adjustment of the surface cur-
rents to changes in wind conditions. (The radiation of 'énergy
into the deep ocean can be viewed as a type of dissipation
which is large at the maximum and small at the minima of
Figure 5.) The equatorial Atlantic Ocean, where the

TABLE 1. Scales for Different Vertical Modes
Mode h, cm ¢, cm/s A, km T, days
1 62 250 350 1.5
2 22 145 265 2.1
3. 14 115 240 23

1125

enormous mid-Atlantic ridge can rise to within 1500 m of the
ocean surface, can be regarded as an infinitely deep ocean be-
cause the topography will prevent the establishment of the
usual vertically standing modes. The leaky modes are then re-
sponsible for the adjustment of the upper ocean. This may in
fact be the case everywhere in the tropical oceans. The Brunt-
Vaisala frequency has a sharp narrow peak throughout the
tropics so that the shape of Figure 5 will be nearly the same
everywhere. The vertical structure of standing notes, on the
other hand, will vary with position because the total depth of
the ocean and the depth of the thermocline vary significantly.
Hence if we insist on a description in terms of vertical modes,
a different combination of these modes will be responsible for
the adjustment of the upper ocean in different regions. It is
simpler, and may be more accurate, to regard a single leaky
mode (at a minimum of Figure 5) as being responsible for the
adjustment everywhere. The gravest leaky mode is the most
important because its structure coincides closely with that of
the wind-driven surface currents. In the model we are using
here this leaky mode and the second baroclinic mode are, for
practical purposes, the same.

3. EVOLUTION OF THE FLOW
a. Linear Response

Let us briefly review the linear response of a homogeneous,
inviscid ocean to the sudden onset of zonal winds that act as a
uniform body force throughout the depth A. Such a model is
incapable of a realistic simulation of currents. For example, in
response to steady zonal winds 7 the ocean, according to this
model, is motionless because the zonal pressure force (due to
the slope of the sea surface {,) exactly balances the wind
stress:

gl=1/h @

The model is nonetheless of considerable value because an
understanding of the evolution of the balance in (1) is essen-
tial for the interpretation of results from more sophisticated
models.

The balance in (1) evolves in a most fascinating manner.
Before the final state of no motion is reached, intense tran-
sient currents are generated. Initially, the motion is independ-
ent of longitude and the winds drive an accelerating zonal
current. There is nothing distinctive about the equator at first,
but an equatorial jet of half-width (c/B)"/? forms after time

h

0 T T T T
0 50 o 100 150
Fig. 5. The ratio of the downward flux of energy at 4000 m to that
incident above the thermocline for typical stratification in the tropics
as a function of equivalent depth h [after Philander, 1978]. (An equa-
tion of the type w,, + (N?/gh) w = 0 is solved to obtain this curve.)
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Fig. 6. Evolution of the linear flow at a point on the equator in the center of the basin in response to westward winds with
an intensity of 0.5 dyne/cm?. The zonal velocity contours are at intervals of 20 cm/s. Shaded areas indicate westward flow.

(Bc)~'/?, approximately [Yoshida, 1959] (see Table 1 for nu-
merical values). The next stage in the adjustment of the ocean
is associated with the propagation of wave fronts excited ini-
tially at the coasts. After the passage of a front the accelera-
tion of the equatorial jet stops. This happens because the wave
fronts establish a zonal pressure gradient which balances the
wind stress. Along the equator the most important wave fronts
are the Kelvin from the western coast [D. W. Moore, private
communication, 1971; Gill, 1975] and the gravest equatorially
trapped Rossby waves from the eastern coast [Cane, 1979]. The
propagation of either front into regions where zonal pressure
gradients already exist causes the flow there to decelerate and

to become westward. In addition to the waves excited initially,

the Rossby wave due to the reflection of the initial Kelvin
wave at the eastern coast is important in the adjustment of the
ocean [see Cane, 1979]. After this wave has crossed the basin
(after a time 4T, where T is the time it takes a Kelvin wave
and 3T is the time it takes the gravest Rossby wave to cross
the basin) there exists a zonal pressure gradient given by (1).
By this time the intense jets generated initially have dis-
appeared. Small velocity fluctuations and sea level fluctua-
tions about the mean state will persist in the absence of fric-
tion because of repeated wave reflections.

The linear response of a continuously stratified, inviscid
ocean driven by a body force in the surface layers can be de-
scribed in terms of the response of the inviscid, homogeneous
ocean discussed above. (The body force is projected onto the
vertical modes of the stratified ocean; the temporal and spatial
structure of the flow in each mode is described by a homoge-
neous ocean with an appropriate equivalent depth [Lighthill,
1969; Moore and Philander, 1977].) Since each of the vertical
modes is ultimately motionless, it follows that the final equi-
librium response of an inviscid stratified ocean is a state of no

“motion. Longitudinally sloping isotherms give a pressure force
that balances the body force. The evolution to this final state
involves transient currents with a complicated vertical struc-
ture. Gill [1975] describes the early stages of this evolution.
Here we pursue the matter until an equilibrium state is at-
tained.

Initially, before coastal effects become important, the winds
generate an accelerating equatorial jet which, in the vertical,
is confined to the forced region. (This can be inferred from the
linear zonal momentum equation at the equator:

U=7/D

which says that there is acceleration only in the surface layer
of depth D in which the body force acts.) The width of this jet
is the radius of deformation (ND/B)"?, where N is the Brunt-
Vaisala frequency of the fluid. It is important to realize that
the structure of the jet is independent of the stratification of
the deep ocean. In particular, its vertical structure need not
bear any resemblance to the structure of vertically standing
modes (which depend on the stratification of the entire water
column).

The surface equatorial jet can not persist right up to the
coasts. To meet the boundary conditions there, the free modes
of oscillation of the ocean are excited. The amplitude of a
mode is determined by the projection of the latitude-depth
structure of the surface jet onto that mode. At the western
coast, Kelvin waves and, at the eastern coast, Rossby waves,
of the first, second, ---, baroclinic modes, are excited. The ar-
rival of the first baroclinic mode Kelvin wave at a p'oint will
introduce a zonal pressure gradient even at depths greater
than that of the surface jet because the vertical structures of
the mode and jet do not coincide. In response to this pressure
force there is a geostrophic meridional flow: an eastward pres-
sure force will give rise to equatorward motion. At the equator
the meridional velocity component vanishes by symmetry. As
a fluid particle approaches the equator, it tends to move east-
ward, down the pressure gradient. Hence after arrival of the
first wave from a coast a zonal pressure force and, sub-
sequently, an undercurrent (in a direction opposite to that of
the surface jet) are established. The arrival of higher baro-
clinic modes will in turn modify the vertical structure further.
Figure 6 is an example of the evolution of the vertical struc-
ture in a linear model in response to the sudden onset of west-
ward winds. In an inviscid model these currents are transients;
ultimately, there will be no mean currents, as explained
above. In a diffusive model the slowly traveling high-order
modes could decay rapidly (since they have small spatial
scales), and in that case, mean currents will be present in the
final equilibrium state. To be quantitative, we have to de-
scribe results from the linearized version of our continuously
stratified model.

The central panels in Figure 7 show the evolution of the lin-
ear flow along the equator in response to the sudden onset of
westward winds with a stress of 0.5 dynes/cm? as given by




ALY ) PHILANDER AND PACANOWSKI: GENERATION OF EQUATORIAL CURRENTS 1127

; ; §
w w w
P P 2
[ [~ -
U (12.5m)
il A=10cm/sec - I
0 12 24 36 48 0 12 24 36 48 12 24 36 48
LONGITUDE LONGITUDE LONGITUDE
0 — 0+ . 0
—— ‘"“,‘
S ;
3 Q 3 3
2 _ 3 3
- - - g |
E | | » )
! e e P ad
U (112.5m) SN
. A=5cm/sec ) g / (hy
300 L y 30 SR ; . 30 . L
0 12 u 0 12 24 36 48 012 24 36 . .48
LONGITUDE LONGITUDE LONGITUDE
0 ; [ 0 '
2 g
w w
z 2
300 . ., ‘ 1 . ik Y.f - —L R
Y] 36 48 12 24 36 48 0 12 24 36 48
LONGITUDE LONGITUDE LONGITUDE

Fig. 7. Evolution of the zonal velocity (at depths of 12.5 and 112.5 m) and temperature (at a depth of 112.5 m) in the
equatorial plane. The pair of dashed lines (which is the same in all the plates) corresponds to initially excited Kelvin and
nondispersive Rossby waves of the second baroclinic mode. Shaded areas indicate westward flow. Numerical values on
contours indicate the velocity in centimeters per second. Longitude is measured in units of 1000 km from the western coast.

our model. Notice that the westward surface jet ceases to ac-
celerate after the arrival of the initially excited Kelvin and
Rossby waves. (The dashed lines correspond to the second
baroclinic mode Kelvin and nondispersive Rossby waves ac-
cording to the numbers in Table 1). In section 2 we pointed
out that the second baroclinic mode is likely to be more prom-
inent that the other modes. It is, nonetheless, remarkable to
what extent this mode is dominant in the adjustment of this
ocean. In addition to the waves excited initially, the Rossby
wave due to the reflected Kelvin wave is important in the ad-
justment to equilibrium conditions. After 150 days there basi-
cally is an equilibrium state on which small perturbations are
superimposed. (Calculations were continued up to day 600 to
confirm that this is indeed the case; see, for example, Figure
6.)

The second baroclinic mode, which practically coincides
with the gravest leaky mode discussed in section 2, is effec-
tively responsible for the adjustment of the upper layers of
this ocean. It has a vertical structure close to but not identical
to that of the wind-driven surface currents. This difference ac-
counts for the presence of the eastward Equatorial Under-
current below the westward surface flow. The persistence of
the Undercurrent in this linear model is attributable to fric-
tion which attenuates the higher-order baroclinic modes.
(These higher modes would have eliminated all the currents,
including the undercurrent, in the absence of dissipation, as
described earlier.) The width and depth of the undercurrent is
simply determined by the scales associated with the dominant
baroclinic mode. The stratification is a crucial parameter and
is essential for the existence of a linear undercurrent, which is
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Fig. 8. The zonal velocity component in a longitude-independent model 7.5 days after the onset of zonal winds of in-

tensity 1 dyne/cm2.Contours are at intervals of 20 cm/s. Westward flow indicated by shaded areas [after Philander, 1979a].

impossible in a constant density, diffusive ocean. In such an
ocean, of depth A, motion driven by a wind stress 7* satisfies

the equation

WU, = ~P, = r/h
Po

at the equator [Charney, 1960]. Hence if U vanishes at the
ocean floor z = 0, then

U= m2*/2vh

so that motion is in the direction of the wind at all depths.
This is a counterexample to the false analogy that is some-
times drawn between motion at the equator and motion in a
nonrotating tank. In the nonrotating tank the vertical integral
of the zonal transport must vanish (if latitudinal variations are
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suppressed), but at the equator the net transport in one direc-
tion can return at a slightly higher latitude. This, we shall
find, is indeed what happens. '
Whereas the adjustment of the upper ocean is accomplished
primarily by the second baroclinic mode (or the leaky mode),
no single mode is dominant below a depth of a few hundred
meters. This is reflected in the relatively complicated vertical
structure of Figure 6, which is reminiscent of the vertical
structure measurements in the Indian Ocean by Luyten and

Swallow [1976].

b. The Nonlinear Response

Figure 7 contrasts the linear and nonlinear response of the
stratified model. The role of the wavefronts excited initially is
essentially the same in the linear and nonlinear cases. The

+«—— DEPTH (meters)

100

g

§

+~— DEPTH (meters)

TIME (days) —

Fig. 9. The zonal velocity component and temperature on the equator at a point in the center of the basin. Isotherms
are at intervals of 1°C; contours of zonal velocity are at intervals of 10 cm/s. Shaded areas correspond to westward flow.

The results shown are for nonlinear cases.

—
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Fig. 10. The zonal velocity component along the central meridian of the basin at a depth of 112.5 m. Contours are at
intervals of 5 cm/s.

maximum of the westward surface current is displaced slightly
westward, and that of the eastward surface current is dis-
placed slightly eastward by nonlinearities. This suggests that
the speed of a wave front is enhanced by currents in its direc-
tion and is diminished by opposing currents. Nonlinearities
are seen to intensify the eastward surface current and to
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Fig. 11. Instantaneous horizontal velocity vectors in a plane at a
depth of 112.5 m. The nonlinear motion is in response to eastward
winds with an intensity of 0.5 dyne/cm?.

weaken the westward current. These nonlinear effects are as-
sociated with (1) the meridional circulation induced by the
surface winds and (2) the meridional circulations induced by
the zonal pressure force. We discuss these effects in turn.

Consider longitude-independent flow (without zonal pres-
sure gradients) in response to uniform westward winds. The
vertically integrated meridional transport must be zero (be-
cause it vanishes at the equator by symmetry). Hence the di-
vergent flow in the surface layers is compensated by con-
vergence at depth and equatorial upwelling. In the surface
layers, westward momentum is removed from the equator; it is
not replaced at depth. Hence nonlinearities will weaken the
westward wind-driven flow [Gill, 1975]. The meridional circu-
lation also causes the nonlinear westward jet to be shallower
and broader than its linear counterpart. A wind-driven east-
ward jet will be more intense, narrower, and deeper than a
linear jet by similar reasoning. (The equatorward transport of
eastward momentum near the surface exceeds the poleward
transport of eastward transport at depth in the case of east-
ward winds.) These effects are demonstrated in Figure 8. Non-
linearities appear to provide a source of eastward momentum
at the equator, independent of the direction of the wind, but
this statement must be interpreted with caution. It does not
imply that an eastward equatorial current can be generated,
through nonlinear processes, in response to westward winds
wheg the motion is independent of longitude. Such a phe-
nomenon would be inconsistent with the conservation of an-
gular momentum according to which fluid that arrives at the
equator from higher latitudes will move westward.

Should a zonal pressure gradient exist, then angular mo-
mentum need not be conserved. Furthermore, zonal varia-
tions permit fluid to converge on the equator without there
being upwelling or downwelling. The geostrophically induced
equatorward flow (in response to an eastward pressure force)
could therefore feed an equatorial current whose transport
will vary longitudinally. If this equatorward and zonal motion
is nondivergent, then the vertical component of the vorticity
will be conserved:

BYo=BY - U,— U=14B(Y - Yo

(Here Y denotes latitude, and Y, denotes the original latitude
of the particle where it had no zonal momentum.) It follows
that as the particle moves equatorward, it acquires eastward
momentum [Fofonoff and Mortgomery, 1955]. Hence non-
linearities can generate an eastward equatorial current in re-
sponse to westward winds even in a constant density ocean
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Fig. 12. A section of the zonal velocity component along the central meridian (contours are at intervals of 10 cm/s).
The linear case is an instantaneous section at day 300. The nonlinear cases correspond to averaged conditions for the pe-

riod from day 300 to 350.

[Charney, 1960; Robinson, 1966]. The existence of an eastward
pressure force is necessary for this current to be possible, but
as we have seen in section 3a, it is not a sufficient condition.

The nonlinear intensification of the eastward surface jet
and the weakening of the westward jet in Figure 7 are the
consequence of the wind-induced meridional circulation, as
explained above. Coastal effects are propagated into the oce-
anic interior by Kelvin and Rossby wave fronts. As in the lin-
ear case, the wave fronts establish zonal density gradients
which now balance the wind stress, so that the acceleration of
the surface jets ceases once the wave fronts arrive. The propa-
gation of the Kelvin wave is essentially in accord with linear
theory, although it is slightly accelerated by the wind-driven
eastward jet. The Rossby wave is more significantly retarded
by eastward currents. The wind-driven eastward jet prevents
the Rossby wave excited initially at the eastern coast from
propagating away from that coast (Figure 7g). It even retards
the reflection of the Kelvin wave (as a Rossby wave) at the
eastern coast. Calculations show that for more intense east-
ward winds the departure of the Rossby wave can be delayed
further.

Once a zonal pressure gradient is established, there is a dra-
matic departure from linear theory for the case of westward
winds. (Compare Figures 7a and 7d, for example.) An east-
ward pressure force will induce equatorward motion and this
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will (because of vorticity conservation) tend to intensify the
subsurface eastward equatorial current, as described earlier.
Close to the equator the vorticity balance is modified by in-
tense upwelling which acts as a sink of eastward momentum
at the depth of the thermocline. This offsets the tendency for
equatorward moving particles to accelerate eastward. In the
surface layers, upwelling is a source of eastward momentum
so that the westward wind-driven motion there decelerates
and reverses direction as shown in Figure 7a. Because of this
change in the surface flow at the equator the vertically in-
tegrated eastward transport there is large even though the
maximum eastward speed is not very different from the linear
case. Figure 7a and, to a lesser extent, Figure 7c show that
Rossby waves from the eastern coast also modify the flow
signficantly. We shall later show that in its equilibrium state
the transport of the undercurrent increases with increasing
distance from the eastern (not western) coast. This is in part
due to a Rossby wave front.

The linear response to an eastward wind includes a sub-
surface westward equatorial current. In the nonlinear re-
sponse this current is weak and deep because the downward
diffusion and advection of momentum cause the eastward sur-
face jet to penetrate to considerable depths. Figure 9 shows
the nonlinear response at the central point in the basin, on the
equator, as a function of time and deptb. The arrival of the
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Fig. 13a. The temperature sections associated with the nonlinear velocities of Figure 12. The westward wind case is on
the left; the eastward wind case is on the right.
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Fig. 13b. The temperature in an equatorial plane for the nonlinear cases, as obtained by averaging over the period
from day 300 to 350. The westward wind case is on the left; the eastward wind case is on the right. Longitude is measured

in units of 10° km.

Kelvin wave coincides with the cessation of upwelling (down-
welling). The arrival of the Rossby wave is more difficult to
discern. .

From Figure 10 it is evident that nonlinearities intensify
and compress eastward currents but weaken and broaden
westward jets.

Motion within about 500 km of the equator evolves to an
equilibrium state in about 150 days, which is the time it takes
a second baroclinic mode Kelvin wave to propagate eastward
across the basin plus the time for the reflected Rossby wave to
propagate westward. (Nonlinearities do not modify this time
significantly.) Poleward of 5° latitude we expect Ekman drift
plus weak geostrophic currents in response to a zonal pressure
gradient once the motion is in equilibrium. How is this state
approached? Two sets of Rossby waves are excited along the
eastern boundary, the first set by the sudden onset of the
winds and the second set by the equatorial Kelvin wave that is
incident on this coast. The set of Rossby waves is composed of
equatorially trapped ones that propagate rapidly but that are
confined to the neighborhood of the equator and higher-mode
waves that propagate slowly but extend into nonequatorial
latitudes. (These higher modes can be viewed as waves radi-
ated by a poleward traveling coastal Kelvin wave [Moore,
1968; Anderson and Rowlands, 1976)). In the wake of the sec-
ond set of Rossby waves, equilibrium conditions are estab-
lished. Figure 11 shows the evolution of these conditions.

+~— DEPTH (meters)

T00km 1400km

1400km 1)
LATITUDE

Fig. 14. The meridional circulation in the plane of the central
meridian, obtained by averaging the nonlinear results for 50 days
from day 300 to 350, for the case of westward winds. Solid contours
(at intervals of 5 cm/s) show the meridional velocity component.
Shaded areas coincide with southward flow, unshaded areas with
northward flow. Dashed contours (at intervals of 0.0015 cm/s) show
the vertical velocity. Inside the contour marked 0 there is upwelling.

4. EQUILIBRIUM CONDITIONS IN RESPONSE TO ZONAL
WINDS

The equilibrium, nonlinear response to westward winds in-
cludes unstable currents (see section 8). We eliminate these
and describe here ‘mean’ conditions, which are obtained by
averaging the nonlinear results over the 50-day period from
day 300 to day 350. (The period of the instabilities in our
model is 25 days.)

The averaged currents along the central meridian of the ba-
sin are shown in Figure 12. In the linear case the vertically in-
tegrated transport is zero; in the nonlinear cases the net east-
ward transport at the equator is returned by relatively weak
neighboring westward currents. Figure 13 depicts the temper-
ature fields associated with the nonlinear cases. Eastward
winds cause convergence and downwelling at the equator,
where the isotherms are pinched. The thermocline slopes
down toward the east. Westward winds cause upwelling and a
spreading of the equatorial thermocline, which slopes down
toward the west. The slight downward bowing of some iso-
therms near the equator in the case of westward winds is an
indication of a geostrophic balance rather than downwelling.
The meridional circulation in the plane of the central meri-
dian of the basin shows upwelling down to a depth of 500 m
near the equator (Figure 14).

Figure 15 shows that the vertically integrated eastward
transports near the equator gradually decrease downstream
and return westward in the earlier mentioned westward cur-
rents which are centered on about 3° latitude. The circuit is
closed by a boundary layer on the western coast of the basin.
The existence of this boundary layer on the western but not
eastern coast and the gradual downstream reduction in trans-
port are attributable to the Rossby waves that emanated from
the eastern boundary. As mentioned earlier, the eastward cur-
rents can delay and possibly prevent Rossby waves from prop-
agating away from that coast if these jets are sufficiently in-
tense. If the Rossby waves are unable to propagate away from
that coast, then the eastward transport could be non-
decreasing downstream, and a boundary layer on the eastern
coast could feed the westward return currents. This appears to
happen in the model of Semtner and Holland [1980] which
generates a very intense eastward equatorial current.

In the linear case the dimensions of the currents are essen-
tially those associated with the second baroclinic mode (see
Table 1). The depth scale is given by the assumed strati-
fication. In the nonlinear case a scale analysis can give a dif-
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Fig. 15. The temperature at a depth of 12.5 m and the stream function for the vertically integrated transport at day 300
for the nonlinear cases (the contour interval for the stream function is 10° m?/s).

ferent parameter dependence. For example, the width L can
be related to the zonal speed U as follows:

L~(U/B"

[see Charney, 1960]. A scale analysis does not differentiate be-
tween eastward and westward currents. Yet we find the scales
of these currents to be substantially different (see Figure 8 and
10). The significance of a nonlinear scale analysis is unclear.
The equilibrium conditions described here are not necessar-
ily steady state conditions. On a very long, diffusive time scale
the fields could change completely. In the case of eastward
winds the downward diffusion of heat and momentum at the
equator will continue for much longer than 150 days. The re-
sults for eastward winds described here are therefore relevant
to transient phenomena with periods up to several hundreds
of days (which are less than the diffusive time scale). The non-
linear results for westward winds may be valid for much
longer time scales because the downward diffusion of heat
and momentum at the equator can be balanced by upwelling.

5. THE EFFECT OF SPATIALLY VARYING WINDS

Thus far we have studied motion with a zonal scale imposed
by the size of the basin. In reality, the wind has its own zonal
scale which, in the case of the Pacific Ocean especially, is less
than the width of the basin. Cane and Sarachik [1976, 1977]
have studied the response of a linear homogeneous ocean to
winds with a spatial structure. We summarize their results for
a linear constant density ocean.

Suppose that the ocean, initially at rest, is forced only over
a band of meridians between longitude A in the west and B in
the east. Outside this strip the wind stress is zero. In the forced
region the flow evolves essentially as described earlier. In the

unforced region to the east of B, motion is due to Kelvin
waves excited initially at A and B and Rossby waves excited
at the eastern coast because of reflection of the Kelvin waves.
When equilibrium is reached, there is no motion east of the
forced region (unless friction is large), but the height of the
sea surface has changed by an amount proportional to the dis-
tance between A and B. Similar changes occur west of A. We
now study the same problem in our nonlinear stratified ocean
(see McCreary [1980] for the linear solution).

Figures 16 and 17 show the response of the nonlinear model
described in section 2 to the sudden onset of zonal winds over
a longitudinal strip in the center of the basin

x — 1600 km
= = + iy
™ = xH(x) = £0.25 [ tanh ( 20 )

x — 3200 km

t"'Mh( 120 km )]
Rossby and Kelvin wave fronts are generated at each of the
boundaries of the forced region: 1600 and 3200 km from the
western coast. The wind-driven currents in the forced region
are modified by the initially excited waves and by waves due
to reflections generated at the coast. Hence an equilibrium
current system, which is confined to the forced region, still
takes approximately 150 days to be established. The structure
of the current system is very similar to that described in sec-
tion 4, but the intensity of the various currents is much re-
duced (see Figure 17). Horizontal density gradients are con-
fined to the forced region, but the temperature field in the
unforced region has been altered because of diffusion and
wave propagation. (At a depth of 112.5 m, diffusion tends to




increase the temperature; near the surface it decreases the
temperature, as shown in Figure 2.)

The principal result from these calculations is that merid-
ional coasts are not necessary for the generation and mainte-
nance of close current systems. Winds that are confined to a
small part of an unbounded ocean can maintain pressure gra-
dients and currents there. Near the equator the region east of
the forced area can be permanently influenced by the forcing.
This result may shed light on El Nifio phenomena: a change
in the winds over the western equatorial Pacific only will
modify the temperature field in the eastern equatorial Pacific
permanently. Hence even if the change in the western part of
the basin should occur so gradually that no Kelvin waves are
excited explicitly, then there will nonetheless be nearly instan-
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taneous changes in the eastern equatorial Pacific. The sea-
sonal variability in the eastern equatorial Atlantic (Gulf of
Guinea) may be related to the seasonally varying winds near
equatorial Brazil in this manner because in the equatorial At-
lantic, changes on a seasonal time scale seem to occur too
slowly for there to be explicit wave excitation. (We have
shown here (section 3) that the equilibrium time for an ocean
the size of the equatorial Atlantic is about 150 days.)

6. INSTABILITIES

Unstable waves which draw their energy from the mean
state appear in a number of our calculations. The westward
surface currents adjacent to the Equatorial Undercurrent (in
Figure 12) are baroclinically unstable, particularly to distur-

T*=+5H (x)
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Fig. 16. The evolution of the zonal velocity component and temperature along the equator in response to forcing in the
central third portion of the basin. Numbers on contours show the velocity in centimeters per second. Shaded areas coincide
with westward flow. The second baroclinic mode Rossby and Kelvin waves (according to Table 1) generated at the edges
of the forcing function and the reflection of the first Rossby wave as a Kelvin wave are shown. Longitude is measured in

units of 10° km.
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figures) and eastward (right-hand figures) winds that blow over the central third part of the basin. Contours are at intervals

of 10 cm/s. Shaded areas indicate westward flow.

bances with a wavelength of about 800 km and a period close
to a month. (The same instabilities appear in the model of
Semtner and Holland [1980], who discuss them in detail.) The
- mean currents on which the unstable waves grow are not par-
ticularly realistic. (We have studied the response of an equa-
torial ocean to idealized forcing functions and did not have as
our goal the realistic simulation of observed currents.) For ex-
ample, the westward current to the north of the Equatorial
Undercurrent in Figure 12 in reality ought to be the eastward
North Equatorial Countercurrent. We can therefore not claim
that the instabilities in our model are of direct relevance to in-
stabilities that are likely to occur in the ocean.

The absence of instabilities from some of our case studies is
also of interest. Figure 7g shows that eastward winds of in-
tensity 1/2 dyne generate an eastward jet that attains speeds
in excess of 190 cm/s. In response to a wind stress of 1 dyne
we found that the maximum speed exceeded 300 cm/s. Yet
the jet remained stable even when perturbed with random
noise. Philander [1976] pointed out that eastward equatorial
jets are exceptionally stable because of the B effect and equa-
torial convergence. His two-layer stability analyses indicated
that for a half-width of about 150 km an equatorial jet should
be unstable when its speed exceeds 140 cm/s. The jets in our
model have substantial vertical shear, and their stability may
in part be due to insufficient mean kinetic energy over a suit-
able depth. There is a second important factor. The high
‘speeds are attained for a period of time which may be short
compared to the period of possible unstable waves. In the
model of Semtner and Holland [1980] the Equatorial Under-
current in its equilibrium state is sufficiently intense to give
rise to unstable waves with a period of about 140 days. Hence

in other models, or in the ocean, this current would have to
have a speed of 0 (150 cm/s) for at least 140 days to be un-
stable. This suggests that the observed Equatorial Under-
current is very seldom unstable. In the central Pacific it can, as
part of the seasonal cycle, attain speeds as high as 160 cm/s
but only for a month or 2, which is significantly less than 140
days.

7. SENSITIVITY TO DISSIPATION

The coefficients of eddy diffusivity were arbitrarily assigned
the values given in section 2. Various studies of mixing in the
vicinity of the equator indicate that these values are reason-
able [Philander and Diiing, 1979]. However, how sensitive are
our results to small changes in these values? To answer this
question, we repeated the calculation in which a westward
wind of intensity 1/2 dyne/cm? suddenly starts to blow, but
we reduced the value of the coefficient of vertical eddy viscos-
ity from 10 to 5 cm?/s (all other parameters were left un-
changed). Qualitatively, the flow evolved in the same manner
as before, but the motion was considerably more intense. For
example, after 300 days the maximum speed of the under-
current was 75 cm/s rather than 52 cm/s. Because the down-
ward diffusion of westward momentum is decreased, there is
enhanced intensification of the eastward subsurface current
by nonlinear processes. In effect, a reduction in the value of
the coefficients of eddy viscosity is equivalent to increased
nonlinearity. A calculation in which the intensity of the wind
stress was —0.75 dyne/cm? and », had a value of 10 cm?/s
gave results qualitatively and quantitatively similar to the case
™ = —0.5 dynes/cm? and », = 5 cm?/s.




The calculations of Semtner and Holland [1980] confirm
that the intensity of equatorial currents is very sensitive to the
values of the coefficients of eddy viscosity. In their model, », =
1.5, and the effective coefficient of horizontal eddy viscosity is
extremely small because a biharmonic formulation is used.
They find that a wind stress of —0.5 dyne can generate an
eastward equatorial current that at times attains speeds of 160
cm/s!

In order to decide on an appropriate value for the coeffi-
cients of eddy viscosity it seems necessary to have simultane-
ous oceanographic and meteorological data sets. A given
model can then be ‘tuned’ to simulate these data sets.

8. DIscUSSION

In the adjustment of the tropical oceans to changes in the
surface winds a mode trapped in the upper ocean is of pri-
mary importance. This is a consequence of the stratification in
the tropics which is such that the Brunt-Vaisala frequency has
high values over a small but nonzero depth range very close to
the surface. Because of this stratification, certain leaky modes,
the gravest of which coincides with the second baroclinic
mode of our model, are established nearly entirely by internal
reflection in the thermocline. The vertical structure of this
mode therefore closely resembles that of the wind-induced
surface currents, so that it plays a primary role in adjustment
processes of the upper ocean. No single mode is dominant be-
low a depth of a few hundred meters. Hence the adjustment of
the deep ocean is very different from that of the upper ocean
(it is much slower, for example). Because of the thermocline-
trapped mode the upper ocean is effectively uncoupled from
the deep ocean. This implies that the topography of the ocean
floor, even features as large as the mid-Atlantic ridge, is un-
likely to affect the adjustment of the upper ocean. Measure-
ments in the deep equatorial ocean will be of limited use in
the study of the upper ocean.

In our model the thermocline-trapped mode is clearly dis-
cernible because of the simple structure of the surface winds
which start to blow suddenly. This may be a reasonable ap-
proximation to the sudden onset of the westerly winds near
Gan in Figure 1. The model suggests that the (highly non-
linear) eastward equatorial jet driven by these winds ceases to
accelerate upon the arrival of the leaky mode Kelvin wave ex-
cited initially in the west. The deceleration of the jet at a later
stage (see Figure 1) could be due to the passage of the Rossby
wave front from the east. This wave, however, introduces only
weak, subsurface westward flow (Figure 7), whereas the ob-
served westward current is intense at the surface and pene-
trates to a considerable depth [Knox, 1976]. Cane’s [1980] sug-
gestion that the reversal of the jet is due to the relaxation of
the winds is more plausible.

The vertical structure of the thermocline-trapped leaky
mode does not exactly coincide with that of the wind-driven
surface currents. It is this discrepancy that gives rise to phe-
nomena such as the subsurface Equatorial Undercurrent.
(The usual two-level models cannot simulate these phenom-
ena because the vertical structure of the wind-driven currents
in these models coincides with that of the vertical modes.
Cane’s [1979] model is an exception because the body force is
confined to the upper part of the upper layer. Our results with
a multilevel model essentially confirm those of Cane.) After
the sudden onset of westward winds an Equatorial Under-
current is established in the wake of a Kelvin wave which
takes a month to cross the basin. Nonlinearities then intensify
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this current (which is maintained by an eastward pressure
force) and weaken the westward surface flow when upwelling
transfers eastward momentum to the surface. These results
suggest that the northeast monsoons prevail sufficiently long
to generate an undercurrent in the western equatorial Indian
Ocean. This is consistent with the measurements (which are
summarized by Philander [1973]).

From the oceanic response to a sudden onset of the winds
we can make qualitative inferences concerning the variability
induced by winds with a complex time dependence. Our re-
sults show that an equilibrium equatorial current system is
generated after about 150 days. Hence if the wind variations
have a longer time scale, then there should be no explicit wave
excitation and the response should be an equilibrium one.
Katz et al. [1977] found this to be the case in the western equa-
torial Atlantic Ocean: there the zonal slope of the thermocline
varies in phase with the seasonal changes in the zonal wind
stress. It is important to realize that the topography of the
ocean floor in the western equatorial Atlantic is extremely
rugged because of the presence of the mid-Atlantic ridge. A
vertical mode that depends on reflections from the ocean floor
can therefore not be responsible for the rapid adjustment of
the ocean which is implied by the result of Katz et al. [1977].
We therefore have indirect confirmation of the existence of a
thermocline-trapped mode. For a more quantitative test of the
model it will be necessary to study the motion induced by
more realistic winds. As a next step we intend to study the
oceanic response to periodic forcing.
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